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[1] This study examines teleseismic S-wave attenuation
variations between the Ross Sea in West Antarctica and
Vostok Subglacial Highlands in East Antarctica. These
analyses indicate that dt* is �1 second greater beneath the
Ross Sea than East Antarctica, with the transition occurring
beneath the Transantarctic Mountains. While the structure is
non-unique, low attenuation beneath East Antarctica is
consistent with thick subcontinental lithosphere (�250 km)
and negligible asthenosphere. In contrast, the Ross Sea
possesses a thin lithosphere underlain by thick, highly
anelastic asthenosphere. Independent temperature estimates
from velocity and quality factor indicate that the mantle is
200–400�C colder beneath East Antarctica than the Ross
Sea between 80 and 220 km depth. The temperature
variation beneath the Transantarctic Mountains may have
assisted in the asymmetric uplift of the mountains.
Attenuation and velocity anomalies within East Antarctica
may delineate regions of elevated temperature, representing
recently modified sections between older lithospheric
blocks. Citation: Lawrence, J. F., D. A. Wiens, A. A.
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1. Introduction

[2] The Transantarctic Mountains (TAMs), a 200-km
wide, 4-km high mountain range, define the 4000-km
boundary between East Antarctica (EA) and West Antarc-
tica (WA). Surface wave studies show that upper mantle
seismic velocities sharply decrease from EA to WA beneath
the TAMs [Ritzwoller et al., 2001; Danesi and Morelli,
2001; J. F. Lawrence et al., Rayleigh wave phase velocity
analysis of the Transantarctic Mountains, West Antarctica
Rift System, and East Antarctica, submitted to Journal of
Geophysical Research, 2005, hereinafter referred to as
Lawrence et al., submitted manuscript, 2005]. This velocity
dichotomy is often presented as evidence for a thermal
boundary between the colder Precambrian EA craton and
the warmer Mesozoic to Cenozoic WA mantle [Tingey,
1991]. Cretaceous to Cenozoic extension in the Ross Sea

(RS) [Behrendt, 1999] was likely accompanied by thinning
and reworking of the lithosphere and asthenosphere
[Busetti et al., 1999] causing elevated heat flow [Blackman
et al., 1987; Berg et al., 1989] and volcanism [LeMasurier
and Thomson, 1989]. Nevertheless, studies examining
solely seismic velocity can rarely differentiate between
thermal and chemical anomalies, leading to ambiguous
interpretation.
[3] Experimental results show that seismic attenuation is

highly sensitive to temperature [Jackson et al., 1992, 2002].
Inverse correlation between seismic velocity and attenuation
most likely indicates thermal variations in the mantle. This
study investigates lateral variation in shear-wave attenuation
beneath the Transantarctic Mountain Seismic Experiment
(TAMSEIS), which deployed 41 broadband seismometers
between the RS and the Vostok Subglacial Highlands in EA
(Figure 1). These data also provided high-resolution images
of mantle seismic velocities [Watson, 2005; Lawrence et al.,
submitted manuscript, 2005]. Based on attenuation varia-
tions we estimate lateral quality factor (Q) and temperature
contrasts between EA and WA.

2. Data and Method

[4] This study employs three-component, broadband
seismic data recorded at 44 seismic stations (41 TAMSEIS
and 3 GSN stations) in Antarctica between November 2000
and December 2003. The data are limited to high signal-to-
noise records from large earthquakes (>6.0 mb) and dis-
tances between 45 and 80�. This distance range ensures that
S-waves arrive separate from other phases (e.g., SS). Tan-
gential records are analyzed to avoid P-SV scattering from
2D and 3D structure and interference due simultaneously
arriving SKS waves. Prior to analysis each waveform is
instrument response corrected, rotated, de-trended, band-
passed (0.02–0.10 Hz), windowed (40 seconds), tapered
(10%), and padded with zeros.
[5] Individual differential attenuation measurements, dt*,

are calculated from the slopes of the spectral transfer
functions between pairs of S-waves from the same earth-
quake after Flanagan and Wiens [1994]. Each interstation
measurement is corrected for path length by removing the
dt* value predicted by PREM [Dziewonski and Anderson,
1981], which is small (<0.2s) for short interstation distances
(D < 13�). With N(N � 1)/2 interstation measurements for
each earthquake, where N is the number of stations, we
employ the inversion method typically applied to the multi-
channel cross-correlation [vanDecar and Crosson, 1990;
Venkataraman et al., 2004] to calculate relative attenuation
at each station. The sum of the anomalies is set to zero
(Sdt* = 0), so attenuation residuals are relative to a regional
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mean. The dt* measurements from all usable earthquakes
are averaged to stabilize dt* estimates for each station.
[6] Differential attenuation, dt*, is equal to the difference

in t* values,

t* ¼
Z
path

Q�1dt ð1Þ

accumulated along the raypaths to the two stations. dt* is
largely sensitive to quality factor (Q) structure where the
raypaths diverge, removing effects of the source spectrum
and near-source attenuation. In practice, dt* is mostly
sensitive to the high attenuation of the asthenosphere, where
Q is low. Additionally, averaging three or more (typically 8
or more) results from multiple earthquakes with varying
back azimuths reduces sensitivity farther from the stations.
Thus, we may assume the final dt* estimates reflect the
attenuation structure of the upper 300–400 km beneath each
station relative to the regional average.

3. Results

[7] The dt* values are �1s higher beneath the Ross Sea
and the TAMs than beneath EA (Figure 2). The highest
relative attenuation (dt* = +0.8 s) occurs beneath Ross
Island. The lowest relative attenuation (dt* = �1.1 s) occurs
�200 km inland at N028 and at the south-west end of the
array at N132. The transition from high to low dt* occurs
100 ± 50 km inland from the coast. Within EA, elevated
attenuation (dt* > 0.1 s) accumulates beneath the Belgica
and Vostok Subglacial Highlands. Near zero dt* occurs
beneath the Wilkes Subglacial Basin. The relative attenua-
tion is inversely proportional to regional phase velocity
(Lawrence et al., submitted manuscript, 2005) (Figure 2)
and body wave [Watson, 2005] anomalies.

4. Attenuation/Q Modeling

[8] The attenuation variation between EA and WA in the
Ross Island region (�1 second) can be modeled as struc-
tural variations in upper mantle Q. We calculate theoretical
dt* values for various models of upper mantle Q structure
by integrating equation (1) from 0 to 400 km using a ray
parameter of 11.8 s deg�1. We then compare these values
with observations near the dense EW-subarray extending
from Ross Island to the Wilkes Subglacial Basin.
[9] dt* is insensitive to the depth of an attenuating layer,

so models determined from these data are non-unique.
However, because dt* values are relatively insensitive to

high-Q lithosphere and mid-mantle, we model attenuation
by varying asthenospheric thickness and quality factor.
Global 1D Q models [e.g., Dziewonski and Anderson,
1981; Widmer et al., 1991] demonstrate a pattern of low
lithospheric attenuation (300 < QL < 600), high astheno-
spheric attenuation (QA � 80), and intermediate mid-mantle
attenuation (QM � 143). We model attenuation variations
with two end-member cases; 1) quality factor varies or
2) layer thickness varies. Theoretical attenuation residuals
are calculated for lithospheric and asthenospheric variation
in quality factor and layer thickness (Figure 3). These end
members indicate which models can provide a good fit to
the data.
[10] Case 1: The relative attenuation anomalies (�1 s) are

reproducible by large, but reasonable variations in Q within
a constant thickness layer (80 to 220 km depth and 30 < Q <
600). A smooth curve is fit to the relative attenuation as a
function of distance from the coast (Figure 4a). Grid
searches are conducted at 50 evenly spaced distances from
the coast to determine which Q models best fit each
distance. The result is a 2D variable Q profile with constant
layer thickness (Figure 4b). Because the measurements are
relative, the solution is non-unique. Nevertheless, bounds
can be placed on Q. It is unreasonable for Q to be higher
than QL within the asthenospheric depth range. Therefore,
upper bounds are given by EA Q = 600 ± 100 and RS Q =
35 ± 2. Lower EA Q values give rise to RS Q values even
lower than 35. An alternate scenario includes less extreme Q
variations in both of the upper two layers (e.g., 150 < QL <
600 and 32 < QA < 150).

Figure 1. A map of the seismic stations overlain on shaded relief bedrock topography [Lythe et al., 2001].

Figure 2. The geographic distribution of average relative
attenuation plotted at each station overlain on a 120-second
phase velocity map (Lawrence et al., submitted manuscript,
2005). Regional features such as subglacial highlands (SH)
and basins (SB) are identified for geographic reference.
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[11] Case 2: The observed dt* variations are also repro-
ducible by contrasting extremely thick lithosphere (ZL �
350 km) beneath EA with extremely thick asthenosphere
(ZA � 350 km) beneath the RS, given constant-Q layers
with Q given by PREM. Thinning either EA lithosphere or
RS asthenosphere would require the other region to be
thicker, which is unlikely as discussed below. A set of grid
searches yields a 2D variable layer thickness profile
(Figure 4c) from the 1D models shown in Figure 3b.
Beneath the TAMs the lithosphere and asthenosphere thin
in opposite directions, reaching ZA = 0 at 150 ± 10 km from
the coast and ZL = 0 at 50 ± 30 km inland. Thus, the major
variation in structure occurs at 100 ± 50 km inland from the
coast.
[12] Solutions combining both variable Q and variable

layer thickness are more realistic than either end member.
Despite the non-uniqueness, the end-members are similar,
suggesting that EA has lithospheric Q values in the as-
thenospheric depth range, and has no anelastic layer. It is
unlikely that RS asthenosphere or EA lithosphere extend to
below 350 km because the velocity differences diminish
below 250 km [Ritzwoller et al., 2001; Lawrence et al.,
submitted manuscript, 2005] and attenuation correlates with
velocity. Thinner ZL and ZA limits (<250 km) require lower
RS QA values (<50).

5. Temperature Estimation

[13] The observed attenuation dichotomy between EA
and the RS has important implications for upper mantle
thermal structure. Temperature, T, and Q are related through
a frequency and grain size dependent power law [e.g.,
Jackson et al., 1992, 2002]. The frequency band is constant
and we assume negligible grain size variation, so the power
law relation simplifies to,

T2 ¼ 1=T1 � R= Eað Þ ln Q2=Q1ð Þ½ ��1; ð2Þ

where the frequency dependence is a = 0.26, activation
entropy is E = 424 kJ/mol, and R is the gas constant. The

average temperature is set to T = 1400�K. Consequently, a
transition from EA Q = 600 ± 100 to RS Q = 35 ± 2 requires
a temperature increase of DT = 416 ± 50�K. Assuming a
reasonable grain size (10 mm) and depth (120 km) in the
mantle provides temperature estimates of 1000�C for QA =
600 and 1400�C for QA = 35 [Jackson et al., 2002; Faul and
Jackson, 2005]. If both QL and QA change from EA to RS,
temperature variation from equation (2) minimize at DT =
210 ± 30�K with a model having EA QL = 600 and QA =
125 and RS QL = 125 and QA = 33. An intermediate
temperature variation (DT = 310 ± 50�K) is required for a
variable Q and thickness end-member model (50 < Q < 600)
limited to the upper 250 km.
[14] The estimated upper mantle temperature variation

between EA and the RS is consistent with seismic velocity
variations from surface wave studies, which show that the
RS shear-wave velocity is 7–8% slower than EA between
80 and 220 km depth [Ritzwoller et al., 2001; Lawrence et
al., submitted manuscript, 2005]. The temperature depen-
dent anharmonic velocity perturbation is �8.5 	 10�5 K�1

[Anderson and Isaak, 1995]. The anelastic contribution to
seismic velocity is �7.4 	 10�3 Q�1 K�1 at a pressure of
4 GPa (120 km depth) [Jackson et al., 2002; Faul and
Jackson, 2005]. Assuming QA = 80 yields a net velocity
perturbation of @lnVS/@T = �1.8 	 10�4 K�1. The observed
variation in shear velocity from EA to the RS, (dlnVS =
�7%) requires a temperature increase of DT = 400.
[15] Within East Antarctica lateral dt* and velocity

anomalies with opposite sign suggest possible small-scale
thermal anomalies (Figure 2). Velocity and Q anomalies
within EA are smaller than those between EA and WA. The
highest temperature anomalies estimated from 120-second
phase velocities (Lawrence et al., submitted manuscript,
2005) are DT = 150 ± 50�K located beneath the Belgica
Subglacial Highlands. The corresponding temperature in-

Figure 3. Theoretical attenuation resultant from varying
asthenospheric (grey solid) and lithospheric (black dashed)
(a) quality factor and (b) layer thickness, calculated by
integrating Q�1 from 0 to 400 km with a slowness of
11.8 s deg�1.

Figure 4. (a) A smoothed 2D representation (grey line) of
dt* (squares) near the E-W subarray, excluding 3 outliers, is
fit by 2D models having variable (b) quality factor (white
line) or (c) layer thickness (dashed line).
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crease estimated from attenuation is DT = 190 ± 50�K. This
thermal variation may represent lithospheric reworking and
may be the result of Proterozoic tectonic activity in East
Antarctica [Studinger et al., 2003].

6. Discussion

[16] We observe inversely correlated changes in upper
mantle seismic velocity and attenuation between EA and
RS, and to a lesser extent within EA. These anomalies are
not likely due to chemical heterogeneity, such as iron
depletion in continental lithosphere, because attenuation is
relatively insensitive to compositional variation [e.g., Faul
and Jackson, 2005]. Although water increases attenuation
and decreases velocity [Karato, 2003], the TAMs and RS
have not been located near subduction since the Ross
Orogeny, �500 Ma [Tingey, 1991] and should be generally
anhydrous. While crustal scattering can cause some atten-
uation-like waveform effects, these phenomena are gener-
ally only significant at much higher frequencies than used in
this study, and will not correlate with velocity structure
[Flanagan and Wiens, 1994]. Thus the results support the
hypothesis that EA has a colder, deeper root than WA.
[17] The seismic velocity and Q variations indicate that

EA has a 200–400�K colder and �1% denser mantle
than the West Antarctic (with thermal expansion coefficient,
ath = 3.5 	 10–5 K�1). These findings are consistent with
Tanzania, where low-QA is found beneath rifting adjacent to
a high-QA craton [Venkataraman et al., 2004]. The transi-
tion from cold and dense to warm, anelastic, and less dense
beneath the crest of the TAMs (100 ± 50 km from the coast),
has considerable implications for the geodynamics govern-
ing tectonics in the region. Lower density beneath the
mountain front likely aided in the asymmetric uplift of the
TAMs [Fitzgerald, 1992] by providing a buoyant load [ten
Brink et al., 1997]. The large variations in lithospheric and
asthenospheric thicknesses and temperatures suggest large
differences in the mechanical behavior of EA and WA,
which are important for understanding RS extension, TAM
uplift, and present-day postglacial rebound.
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