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Abstract

This thesis consists of four studies that aim at understanding processes re-
levant for the Nordic Overturning Circulation. These processes are (1) the
Nordic Seas circulation associated with water mass transformation, (2) the
dense overflows across the Greenland-Scotland Ridge and (3) entrainment
associated with the overflow plumes south of the ridge.

Trajectories of Argo floats, drifting at mid-depth in the Nordic Seas, are
analysed to determine the pattern, strength and variability of the regional
circulation. The mid-depth circulation is strongly coupled to the structure
of the bottom topography of the four major basins and of the Nordic Seas as
a whole. It is cyclonic, both on the large scale and on the basin scale, with
weak flow (< 1 cm/s) in the interior of the basins and somewhat stronger
flow (up to 5 cm/s) at their rims. Wind forcing is shown to be the dominant
driving force for the seasonal variability of the gyres in the Greenland Basin
and the Norwegian Basin.

Using hydraulic control theory applied to historical hydrographic data,
a dense water transport across the shallow Iceland-Faroe Ridge of 1±0.6×
106 m3/s is estimated. Half of this overflow passes through the western valley
of the ridge at the Icelandic continental slope while the other half crosses
the ridge through its eastern gaps. For the western valley, an independent
overflow transport estimated from recent mooring data is 0.5±0.3×106 m3/s.
The agreement of the two results for the western valley indicates that the
dense overflows across the shallower parts of the Greenland-Scotland Ridge
are indeed hydraulically controlled.

Two studies dedicated to mixing and stirring provide a coherent de-
scription of entrainment in the dense overflow plumes downstream of the
Greenland-Scotland Ridge. (1) Stirring by meso-scale eddies causes lateral
heat fluxes that can explain the warming of the Denmark Strait overflow
plume in a region 200 km from the sill and beyond. (2) Using direct tur-
bulence measurements, intense mixing and enhanced turbulent dissipation
at the upper plume interface is observed in the Faroe Bank Channel over-
flow plume in a region between the sill and 120 km downstream. The two
studies, together with previous entrainment studies, suggest two different
entrainment regimes for the overflow plumes. Strong vertical mixing leads
to entrainment close to the sill during high plume velocities while lateral
stirring through meso-scale eddies causes entrainment further downstream.

Results of this thesis contribute to ongoing and upcoming studies of
the interannual to decadal variability of the Nordic Meridional Overturning
Circulation.





Zusammenfassung

Diese Arbeit besteht aus vier Studien, die zum Verständnis von Prozessen
mit Relevanz für die Nordische Umwälzzirkulation beitragen sollen. Diese
Prozesse sind (1) die Zirkulation im Europäischen Nordmeer, die eng ver-
knüpft ist mit der Wassermassentransformation, (2) die Überströmung des
Grönland-Schottland-Rückens von Wasser mit hoher Dichte sowie (3) die
turbulente Vermischung in den Overflow-Plumes südlich des Rückens.

Trajektorien von Argo-Floats, die in mittleren Tiefen des Europäischen
Nordmeers driften, werden im Hinblick auf Muster, Stärke und Variabilität
der regionalen Zirkulation analysiert. Die Zirkulation in mittleren Tiefen ist
stark an die Struktur der einzelnen Becken sowie des gesamten Europäischen
Nordmeers gekoppelt. Sie ist sowohl auf großräumiger Skala als auch auf
der Becken-Skala zyklonal mit schwacher Strömung im Innern der Becken
(< 1 cm/s) und etwas stärkerer Strömung (bis zu 5 cm/s) an deren Rändern.
Als antreibende Kraft für einen beobachteten saisonalen Zyklus in der Stärke
der Beckenwirbel im Grönland- und Norwegenbecken stellt sich der Wind
heraus.

Ein Transport dichten Wassers über den flachen Island-Faroe-Rücken
von 1±0.6× 106 m3/s wird durch die Anwendung der Theorie hydraulischer
Kontrolle auf historische hydrographische Daten abgeschätzt. Eine Hälfte
des so bestimmten Transports strömt durch einen Einschnitt im Rücken
nahe des Isländischen Kontinentalschelfs, während die andere Hälfte den
Rücken durch tiefere Passagen im östlichen Teil quert. Aus kürzlich gewon-
nenen Verankerungsdaten kann für den westlichen Einschnitt eine weitere
Transportabschätzung von 0.5±0.3× 106 m3/s gewonnen werden. Die Über-
einstimmung der beiden Ergebnisse für den westlichen Einschnitt deutet an,
dass die Überströmung der flacheren Teile des Grönland-Schottland-Rückens
in der Tat hydraulischer Kontrolle unterliegt.

Zwei Studien, die sich mit Vermischung auf unterschiedlichen Größen-
skalen beschäftigen, liefern eine schlüssige Beschreibung der turbulenten Ver-
mischung in den Overflow-Plumes stromabwärts des Grönland-Schottland-
Rückens. (1) Verrühren durch meso-skalige Wirbel führt zu lateralen Wär-
meflüssen, die die Erwärmung der Overflow-Plume aus der Dänemarkstras-
se im Bereich von 200 km und weiter stromabwärts der Schwelle erklä-
ren können. (2) Anhand von direkten Turbulenzmessungen werden inten-
sive Vermischung und starke turbulente Dissipation an der oberen Plume-
Grenzschicht der Overflow-Plume aus dem Färöer-Bank-Kanal im Bereich
zwischen der Schwelle und 120 km stromabwärts beobachtet. Die beiden vor-
liegenden Arbeiten deuten, zusammen mit vorherigen Studien turbulenter
Vermischung, auf zwei unterschiedliche Regime der turbulenten Vermischung
in den Overflow-Plumes hin. Starke vertikale Vermischung findet nahe der



Schwellen während hoher Geschwindigkeiten der Plumes statt, während la-
terales Rühren durch mesoskalige Wirbel turbulente Vermischung weiter
stromabwärts der Schwellen verursacht.

Die Ergebnisse dieser Arbeit tragen zu laufenden und kommenden Stu-
dien zur Variabilität der Nordischen Meridionalen Umwälzzirkulation auf
interannualen bis dekadischen Zeitskalen bei.
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Chapter 1

Summary

1.1 Motivation

The oceanic Meridional Overturning Circulation is an important element of
the world’s climate system that strongly influences the European climate.
Projections from computer models simulating ocean and atmosphere for a
future climate affected by increased anthropogenic greenhouse gas emissions
predict a weakening of the Meridional Overturning Circulation of the North
Atlantic, especially of its branch into the Nordic Seas. As global computer
simulations still have coarse grids compared to the processes that affect
the Meridional Overturning Circulation, a better understanding of these
processes is crucial for improved climate predictions and the validation of
these. This work aims at closing gaps in the understanding of processes
associated with the Nordic Overturning Circulation.

The Nordic Seas are a site for the transformation of the water masses
of the surface branch to the deep branch of the Meridional Overturning
Circulation. The identification of important areas for this transformation
within the Nordic Seas is currently an area of intense research efforts. Using
position data of autonomous profiling floats, the mid-depth circulation of
the Nordic Seas, its variability and forcing mechanisms are analysed in this
thesis. This helps to understand the redistribution of different water masses
within the Nordic Seas.

The export of dense water from the Nordic Seas is restricted by the
shallow Greenland-Scotland Ridge. The overflows of dense water across the
deeper passages in this ridge are well understood, monitored and modeled.
In contrast, the part of the overflow across the shallow and wide opening
between Iceland and the Faroe Islands is less investigated so far. Using
recently recorded current data and historical hydrographic data, an estimate
for the mean overflow across the Iceland-Faroe Ridge and its seasonal varia-
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bility is obtained in this thesis. This aims at closing a gap in the budget of
volume transport exchanges between the Nordic Seas and the North Atlantic,
leading to better understanding and detectability of changes in the strength
of the Nordic branch of the Meridional Overturning Circulation.

The dense water that has overflowed the Greenland-Scotland Ridge sinks
to greater depths of the North Atlantic due to its high density compared to
the ambient water masses. During this descent, the overflow plumes are
subject to vigorous entrainment that changes the water mass properties and
increases the volume transport of the dense current. Two studies within
this work are dedicated to analysing the importance of turbulent vertical
mixing and horizontal stirring by meso-scale eddies for the entrainment into
the dense plumes. A better understanding of these processes may help pa-
rameterising them into coarse computer models, allowing for an improved
representation of the Meridional Overturning Circulation in the models.
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1.2 The Meridional Overturning Circulation and
its branch into the Nordic Seas

The climate over northern Europe is exceptionally warm regarding its posi-
tion at relatively high latitudes. Mean surface temperatures in this region
are 5 to 10 K higher than the zonal mean (Figure 1.1). The main reason
for this high temperature anomaly are baroclinic eddies in the atmosphere
leading to large meridional heat transports as well as the combination of
prevailing westerly winds at these latitudes and the large heat capacity of
the ocean. Nevertheless, the oceanic circulation also plays an important
role. The northward heat transport by ocean currents associated with the
surface component of the Meridional Overturning Circulation helps to keep
large areas of the northern North Atlantic free from ice in winter (Sea-
ger et al., 2002). The heat stored in the water can thus be released
to the atmosphere in winter, thereby tempering the climate in winter over
northern Europe. The Meridional Overturning Circulation thus is an impor-
tant factor for living conditions here. Fundamental knowledge about driving
mechanisms and possible future changes of the Meridional Overturning Cir-
culation is therefore not only exciting in a pure scientific sense but also vital
for human beings living in this region.

The main driver for the circulation of ocean and atmosphere is the energy
input by the sun received as solar radiation. The spherical shape of the earth
leads to a non-uniform distribution of the incoming solar radiation. The
maximum of the solar energy is received around the equator, the minimum
at the poles. The radiation of energy from the earth into space also has its
maximum around the equator as it is proportional to the fourth power of the
earth surface temperature, but the distribution with latitude is less variable
than for the incoming solar radiation. Together, incoming and outgoing
radiation lead to a net energy budget that results in a surplus of energy at
low latitudes and a loss of energy at the poles (Figure 1.2). This meridional
energy gradient leads to poleward heat transports in ocean and atmosphere
which, in a steady state of the earth climate, balance the unequal meridional
distribution of the radiation budget.

The density fluxes at the interface between ocean and atmosphere, gene-
rated by the incoming solar energy, create driving forces for the Thermoha-
line Circulation of the ocean. Cooling and sea ice formation at high latitudes
transform surface water with relatively low density into intermediate and
deep waters with high density. Mixing in the ocean interior, equatorwards
from the deep water formation sites, and upwelling in the Southern Ocean,
brings water with low density to greater depths. This leads to a density
gradient between poles and equator at depth that results in a meridional
current along the gradient (Stommel, 1961). The current at depth is bal-
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Figure 1.1: Mean reginal surface air temperature anomalies relative to
the zonal mean computed from NCAR air temperature climatology (from
Rahmstorf and Ganapolski, 1999). The surface air temperature over
northern Europe is 5 to 10 K warmer than the zonal average.

anced by a flow of water with low density from low to high latitudes. These
currents make up an overturning cell that leads to the large heat transports
in the ocean mentioned above.

When measuring the overturning cell in the ocean, it cannot be distin-
guished between the purely density driven part of the overturning circula-
tion, the Thermohaline Circulation, and the contribution of the wind, which
induces mixing and upwelling that are essential for the maintenance of the
overturning circulation. These are two different forces driving one observable
circulation (Rahmstorf, 2003). The circulation integrated zonally over a
whole ocean basin is called the Meridional Overturning Circulation (MOC).

The poleward oceanic heat transport accomplished by the MOC in the
North Atlantic at 24◦N is 1.3 PW (Ganachaud and Wunsch, 2000). This
is much higher than in the North Pacific where the poleward oceanic heat
transport at approximately the same latitude is only 0.5 PW. The reason
for this difference is the much stronger mass transport associated with the
MOC in the Atlantic due to enhanced water mass transformation between
upper and lower part of the MOC as will be explained below.

The anthropogenic emission of greenhouse gases, leading to increasing
levels of greenhouse gases in the atmosphere, induces a change in the forcing
of atmosphere and ocean (Solomon et al., 2007). Both, globally and lo-
cally, the mean state and the variability of climate variables like temperature,
precipitation, land and sea ice cover, sea level, ocean circulation and others
are already changing or expected to change within this century. Climate
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Figure 1.2: Radiation balance of the earth (from Gill, 1982). The upper
solid curve gives the average incoming flux of solar radiation at the outer
atmosphere. The lower solid curve shows the average amount of solar energy
absorbed. The dashed line gives the average outgoing radiation. The misfit
between the lower solid and the dashed line thus gives the average meridional
imbalance of the global radiation budget. The x-axis is linear in the sine of
the latitude to account for the decreasing area of zonal bands with increasing
latitude.

models, simulating the earths climate with a coupled system of ocean and
atmosphere, are used for climate projections to predict changes in the mean
state and variability of climate variables like those mentioned afore. The
models use different scenarios of the anthropogenic greenhouse gas emission
for the climate projections to reflect potential emission changes.

According to these climate projections, it is very likely that the At-
lantic Meridional Overturning Circulation (AMOC) will slow down during
the course of the 21st century (Schmittner et al., 2005; Meehl et al.,
2007). The predicted strength of the AMOC at 30◦N in different climate
models is shown in Figure 1.3. The latitude band of 30◦N is chosen as the
AMOC has its maximum at about this latitude. The range of the projections
is rather large with some models showing a weakening that is only within
the natural variability of the AMOC while others predict a weakening of
over 50% relative to the mean AMOC between 1960 and 1990.

Figure 1.3 shows that the model results do not only differ in the pro-
jected reduction of the AMOC, but also in the present mean strength of the
AMOC, ranging from about 12 Sv to more than 20 Sv (1 Sv=106 m3/s), and
in its variability. This points out the high uncertainty of the coupled ocean-
atmosphere models regarding the AMOC. One reason for this uncertainty
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Figure 1.3: Evolution of the strength of the Atlantic Meridional Overturn-
ing Circulation at 30◦N in global climate projections. The strength of the
overturning cell is given in Sverdrup (1 Sv=106 m3/s). The A1B emission
scenario is used for the period 1999 to 2100. The scenario predicts increas-
ing CO2 emissions until around 2050 and decreasing CO2 emissions after
it. Some of the models continue the integration to year 2200 with the forcing
held constant at the values of year 2100. Observationally based estimates of
late-20th century MOC are shown as vertical bars on the left. Three simu-
lations show a steady or rapid slow down of the MOC that is unrelated to
the forcing; a few others have late-20th century simulated values that are in-
consistent with observational estimates. Of the model simulations consistent
with the late-20th century observational estimates, no simulation shows an
increase in the AMOC during the 21st century; reductions range from indis-
tinguishable within the simulated natural variability to over 50% relative to
the 1960 to 1990 mean; and none of the models projects an abrupt transi-
tion to an off state of the AMOC. Figure and caption from Meehl et al.
(2007), therein adapted from Schmittner et al. (2005) with additions.

is the grid size of the models that, owing to computational limitations, is
too large to resolve both small scale oceanic processes and local bottom to-
pography. An example for small scale processes underrepresented in global
climate models is the dense overflow across the Greenland-Scotland Ridge
that will be discussed below. Measurements of the mean strength of the
AMOC and its variability and the understanding of processes associated
with the AMOC are thus crucial for the validation of the climate models to
make their climate predictions more reliable.

In the past, the strength of the AMOC was estimated from hydrographic
observations along transects. Bryden et al. (2005) calculated a weaken-
ing of the AMOC on decadal time scales based on five hydrographic sections
across the North Atlantic within 50 years. The estimates have large errors,
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Figure 1.4: Scheme of the Nordic Overturning Circulation (from Hansen
et al., 2004). Temperatures given in ◦C and volume transports given in Sv
are only approximate values. For a detailed description see text.

already indicating the large variability of the overturning circulation. Stim-
ulated by this reported reduction of the AMOC, a large scale mooring array
was installed across the Atlantic Ocean at 26.5◦N (Cunningham et al.,
2007) to validate the results of Bryden et al. (2005). The strength of the
overturning cell as estimated from 4-year-long mooring time series at 26.5◦N
is so far stable at 18.7±5.6 Sv. Thus, the variability of the AMOC on intra-
annual time scales is large. This natural variability led to an aliasing effect
in the few hydrographic transects used in the analysis of Bryden et al.
(2005) and hence the decreasing mean strength of the AMOC may not exist
in reality. A study by Baehr et al. (2007) shows that the variability of the
AMOC leads to a detection time for changes in the strength of the AMOC
of about 30 years. This long detection time scale in turn calls for improved
modelling efforts to predict changes in the AMOC.

The overturning cell in the North Atlantic is stronger than in the Pacific
because of the ventilation regions situated in the northern North Atlantic,
the Labrador Sea and the Nordic Seas. These are two of only few spots on
the globe where orographic and atmospheric conditions are favourable for
the transformation of the poleward flowing surface water into dense water
that returns equatorwards at depth.

While the Labrador Sea is connected to the abyssal North Atlantic with-
out any topographic constraints, the Nordic Seas are separated from the
North Atlantic to the south by the Greenland-Scotland Ridge. The branch
of the AMOC into and out of the Nordic Seas has to pass over this ridge.

Figure 1.4 shows a scheme of the exchange flow across the Greenland-
Scotland Ridge and illustrates the associated processes. The warm Atlantic
water flows into the Nordic Seas where it gains density and sinks. The
processes leading to the density increase, cooling at the surface amongst
others, are collectively termed ventilation. The ventilation in the Nordic
Seas sustains a reservoir of dense water that feeds the overflows through the

14



deeper passages of the Greenland-Scotland Ridge. After crossing the crest
of the Greenland-Scotland Ridge, the dense water descends to the greater
depths of the North Atlantic. During the descent, warm ambient water is
entrained into the cold overflow plume. This leads to an increase in plume
temperature and volume transport. On its way towards the equator the
water ventilated in the Labrador Sea joins the overflow water from the Nordic
Seas and together they make up the North Atlantic Deep Water. The final
amount of dense water leaving the subpolar North Atlantic equatorwards
at depth is 16 to 18 Sv. Ventilation in the Nordic Seas, entrainment into
the sinking overflow plumes and dense water formation in the Labrador Sea
each contribute with about 1/3 or 6 Sv to the production of North Atlantic
Deep Water. As mentioned above, mixing and upwelling further south is
needed to maintain the density gradient at depth.

In this dissertation I aim at contributing to the understanding of the
processes that determine the strength of the Northern part of the AMOC:

Ventilation The water mass transformation is not studied explicitly here,
but the circulation internal to the Nordic Seas (Voet et al., 2010).
The understanding of the redistribution of water masses within the
Nordic Seas is important for the detection of deep water formation
sites and the dynamics and variability of the ventilation.

Overflows In contrast to the two main overflows through Denmark Strait
and the Faroe Bank Channel, the overflow across the shallow Iceland-
Faroe Ridge is not very well understood and measured so far. Previous
studies suggest that it makes up for about 20% of the total overflow
across the Greenland-Scotland Ridge, but were based on sparse mea-
surements. A hitherto unpublished study gives a new estimate for
the mean overflow across the Iceland-Faroe Ridge with a focus on its
western part using hydraulic control theory for dense overflows (Sec-
tion 1.4.2).

Entrainment The entrainment into the dense overflow plumes leads to a
doubling of the overflow volume transport from the Nordic Seas and
thereby accounts for about 30% of the final amount of dense water
leaving the subpolar North Atlantic at depth. The small and meso-
scale processes leading to entrainment have not been investigated in
detail yet. Two studies regarding entrainment in the Denmark Strait
overflow (Voet and Quadfasel, 2010) and the Faroe Bank Channel
overflow (Fer et al., 2010) show the importance of horizontal stirring
by meso-scale eddies and vertical turbulence for the entrainment.

The geographic areas of the studies presented in this work are shown in
Figure 1.5 together with the bathymetry of the Nordic Seas. The Nordic
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Seas are a marginal sea that is confined to the west by Greenland and to
the east by Norway. It is connected to the Arctic in the north via the
Fram Strait opening with a depth of ∼2600 m (all depth readings in this
paragraph from Blindheim and Østerhus, 2005) and the much shallower
Barents Sea opening. In the south it is separated from the abyssal North
Atlantic by the Greenland-Scotland Ridge that stretches from Greenland
over Iceland and the Faroe Islands to Scotland. The Greenland-Scotland
Ridge has a mean depth of less than 500 m. The deepest openings through
the Greenland-Scotland Ridge are the Faroe-Bank Channel south of the
Faroe Islands with a sill depth of ∼850 m and the deep part of the Denmark
Strait between Greenland and Iceland with a sill depth of ∼620 m. The
interior of the Nordic Seas is divided by oceanographic ridges into four deep
basins. The eastern part of the Nordic Seas consists of the Norwegian Basin
in the south with a depth between 3200 and 3600m and the Lofoten Basin
in the north with a depth of about 3200 m. They are split by the extension
of the relatively shallow Vøring Plateau. The western part of the Nordic
Seas has the Iceland Plateau in the south (∼2000 m depth) divided by the
Jan Mayen Fracture Zone from the Greenland Basin (3400 to 3600 m depth)
in the north. The Greenland Basin is confined to the east by the Mohn
Ridge that is the extension of the Mid-Atlantic Ridge and to the north by
the Greenland Fracture Zone. The Boreas Basin with a depth of ∼3200 m
north of the Greenland Fracture Zone forms the natural entrance to the
Fram Strait and is usually associated with the Greenland Basin.
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Figure 1.5: Bathymetry of the Nordic Seas from the General Bathymet-
ric Chart of the Oceans (GEBCO) with a resolution of one minute. The
map was produced using the Generic Mapping Tools (GMT) software system
(Wessel and Smith, 1991). Encircled areas denote the regions of the stud-
ies presented in this work. 1: The mid-depth circulation of the Nordic Seas
(Paper I, Voet and Quadfasel, 2010). 2: Overflow across the Iceland-
Faroe Ridge (Unpublished manuscript, section 1.4.2). 3: Entrainment in the
Denmark Strait overflow (Paper II, Voet et al., 2010). 4: Entrainment
in the Faroe Bank Channel overflow (Paper III, Fer et al., 2010).
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1.3 The circulation internal to the Nordic Seas

A widely studied question regarding the branch of the AMOC into the Nordic
Seas is the location of the transformation between inflowing buoyant surface
water and the dense water that is exported southward across the Greenland-
Scotland Ridge. In the past, deep convection in the Greenland Sea and over
the Iceland Plateau were regarded as the most important processes for the
water mass transformation (Carmack and Aagaard, 1973; Swift et al.,
1980). This thinking changed when Mauritzen (1996) presented an alter-
native circulation scheme where most of the transformation that is impor-
tant for the water to be exported southward across the Greenland-Scotland
Ridge already takes place in the northward flowing Norwegian Atlantic cur-
rent in the eastern part of the Nordic Seas. Isachsen et al. (2007) show
that production rates for the overflow water are particularly high over the
Norwegian and Lofoten Basins.

In a recent study using Argo float data that provide a hitherto unre-
solved seasonal cycle of the Greenland Basin gyre, Latarius and Quad-
fasel (2010) emphasise the minor importance of the Greenland Basin for
the production of overflow water. Despite the small relevance for the over-
flow water production, they find an exchange between the Atlantic layer in
the edge current and the gyre in the Greenland Basin which they suggest to
be driven by meso-scale eddy fluxes.

The regional differences in the production of the overflow water make the
circulation internal to the Nordic Seas an important element of the Nordic
overturning cell. Its description in the preceding section was only schematic
in a two-dimensional frame. In reality, the bathymetry of the Nordic Seas,
together with the rotation of the earth and the resulting Coriolis force,
lead to a complex circulation that transports the inflowing surface water
northward via distinct routes, redistributes the water within the Nordic
Seas and determines the paths for the dense water that eventually supplies
the dense overflows across the Greenland-Scotland Ridge. Together with
the water mass transformation, the circulation sets up and maintains strong
fronts. These may become instable and then provide the energy for meso-
and submeso-scale eddy fluxes between the gyres and the boundary currents
as suggested by Latarius and Quadfasel (2010).

The study presented in this section investigates the circulation at mid-
depths in the Nordic Seas using position data from autonomous drifters
(Voet et al., 2010). It addresses the mean circulation, its variability on
seasonal time scales and forcing mechanisms for the variability.
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1.3.1 Previous studies of the Nordic Seas circulation

The oceanographic features of the Nordic Seas were already studied in great
detail by Helland-Hansen and Nansen (1909) considering the early stage
of development of physical oceanography by that time. Figure 1.6 shows the
circulation of the Nordic Seas derived from their hydrographic observations.
It already gives a number of details of the circulation of the Nordic Seas
still accepted today. The strong boundary currents to the east and to the
west, the general cyclonic sense of the circulation and the internal circulation
within the basins of the Nordic Seas known today can already be seen in
their scheme. They also noted the strong topographic steering of the flow
when stating:

As the configuration of the sea-bottom, even at great depths,
has a very great influence upon the directions of currents and
the circulation of the sea, even near its surface, it is much to
be regretted that a more detailed knowledge of the topography
of the bottom of the Norwegian Sea has not been acquired, as
such knowledge would have been most desirable in discussing the
circulation of this sea. It would be reasonable to suppose that
many features of this circulation which may now seem puzzling,
would then have been easily explained (Helland-Hansen and
Nansen, 1909).

Since then, the development of new instrumentation allowed the study of
the Nordic Seas circulation in greater detail. Using satellite tracked surface
drifters, Poulain et al. (1996) found the surface circulation of the Nordic
Seas to be dominated by the barotropic component and therefore topograph-
ically steered. They found the general cyclonic circulation with strong and
spatially confined current systems along the continental margins and smaller
cyclonic circulation patterns in the basins of the Nordic Seas. The dominant
topographic steering was also observed in studies with acoustically tracked
subsurface RAFOS floats by Søiland et al. (2008) and Rossby et al.
(2009), who showed that this leads to a structured spreading of the inflowing
warm Atlantic water masses.

The topographic steering and the fact that many f/H contours (where f
is the Coriolis parameter and H is the bottom depth) are closed within the
Nordic Seas led Nøst and Isachsen (2003) to develop a simplified diagnos-
tic model of the time-mean, large scale circulation. By assuming that f/H
contours are streamlines of bottom geostrophic flow, they derived an ana-
lytical expression for the bottom geostrophic velocity on the f/H contours.
Driving the model with climatological surface winds and ocean density fields,
they calculated the time-mean circulation at the bottom of the Nordic Seas
(Figure 1.7). This mean circulation scheme agreed with available current
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Figure 1.6: Circulation of the Nordic Seas from Helland-Hansen and
Nansen (1909) derived from their observations.

meter observations. A comparison between the forcing from wind and hy-
drography for the bottom flow showed that the Ekman pumping driven by
the wind was more important for driving the flow than the divergence of the
thermal wind shear resulting from the oceanic density field. Using a simi-
lar model but allowing for variable wind forcing, Isachsen et al. (2003)
showed strong variability of the depth-averaged currents on a seasonal time-
scale, comparing well with mooring records in the Nordic Seas (Woodgate
et al., 1999, see below). As the model of Isachsen et al. (2003) was
wind-driven only, this suggests that the variability on monthly to annual
timescales seen in the mooring records is driven by the wind rather than by
the internal density field.

Following Poulain et al. (1996) with an enhanced surface drifter data
set, Jakobsen et al. (2003) could not only construct a detailed mean
surface circulation scheme for the northern North Atlantic including the
Nordic Seas (Figure 1.8), but also had a reasonably large amount of data
available to study the seasonal variation of the surface flow field. They found
a modulation of the surface flow field with stronger currents in winter than
in summer and interpreted this as being driven by the variability of the
large-scale rotation of the wind field.
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Figure 1.7: Mean bottom geostrophic velocities (black arrows) in a model
from Nøst and Isachsen (2003). A scale for the velocity vectors is given to
the lower left. Red arrows show observed near-bottom currents from several
other studies.

This wintertime intensification of the flow field was also observed in
current time series recorded by moored instruments at the east Greenland
continental slope (Woodgate et al., 1999). Their results showed that
the volume transport of the East Greenland Current varied from 11 Sv in
summer to 37 Sv in winter. As the volume transports in Fram Strait and
Denmark Strait, the entrance and exit for the East Greenland Current, re-
spectively, do not show a significant seasonal signal, the seasonal variation
observed here was attributed to the internal circulation of the Nordic Seas.
Mooring observations in the Norwegian Current off the Norwegian conti-
nental slope also showed a wintertime intensification (Orvik et al., 2001).
Again, as the inflow into the Nordic Seas across the Greenland-Scotland
Ridge did not exhibit this behaviour (Hansen et al., 2008), the seasonal
variation must be attributed to variations of the flow speed in the internal
gyre.

Mork and Skagseth (2005) used altimeter data to study the annual
variability of the sea surface height in the Nordic Seas. Combining these
with the steric height estimates derived from hydrographic observations,
they calculated seasonal averages of bottom current anomalies in the Nordic
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Figure 1.8: Mean surface circulation of the northern North Atlantic in-
ferred from surface drifter data from Jakobsen et al. (2003). Note the
different scales for low velocity (black arrows) and high velocity currents
(red arrows). The current vectors are derived from 18-day low pass filtered
surface trajectories.

Seas. Their results showed a general cyclonic circulation in the Nordic Seas
that was strongest during spring and weakest during autumn. To analyse
the forcing of this seasonal variability, the temporal change in the barotropic
circulation integrated around a closed f/H contour was compared with the
wind stress curl integrated over the area bounded by the f/H contour. The
comparison showed that the phase of a harmonic fit to the temporal change
of the circulation matches with the phase of an harmonic fit to the wind
stress curl. This indicates that the variability of the circulation is driven by
the variability of the wind stress curl. However, amplitudes between the two
fits differ.

Summing up, the studies presented above give a picture of the Nordic
Seas circulation that is characterised by strong topographic control of the
flow field and a general cyclonic circulation. In contrast to the exchange
across the Greenland-Scotland Ridge, the variability of the internal circula-
tion is strong on a seasonal time scale. Both, model results and the analyses
of observational data, suggest that the variability is primarily wind driven.
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1.3.2 A study on the mid-depth circulation of the Nordic
Seas

The study presented in section 2.1 (Voet et al., 2010) aims at investigating
the mid-depth circulation of the Nordic Seas, its seasonal variability and the
forcing mechanisms leading to this variability. In contrast to the studies
presented above, it is the first investigation of the basin wide circulation
of the Nordic Seas using direct observations at depth over a large spatial
scale. These direct observations are the position data from Argo floats that
provide an estimate of the currents at depth.

Trajectories of individual Argo floats in the Nordic Seas are strongly
aligned with the local bottom topography (Gascard and Mork, 2008).
The study shows that only few floats moved from one basin to another, in-
dicating that the internal recirculation within the basins is by far dominating
the larger-scale exchanges.

The mean circulation presented in Voet et al. (2010, their Figure 7)
shows that the mid-depth circulation is generally cyclonic with strong in-
ternal gyres in the four major basins of the Nordic Seas. This confirms the
model results from Nøst and Isachsen (2003) and matches with the cur-
rent meter records shown in Figure 1.7. The flow is weak in the interior of
the gyres with less than 1 cm/s and somewhat stronger at the rims of basins
with up to 5 cm/s. The pattern of the circulation at depth compares with
that at the surface in Figure 1.8, but the mean velocities at depth are about
five times smaller than those at the surface.

The seasonal variability of the flow field is calculated by Jakobsen
et al. (2003) as the difference between well resolved flow patterns for sum-
mer and winter. In contrast, monthly mean gyre velocities are defined in
this study that do not resolve a spatial pattern but show the seasonal cycle
in the strength of each basin gyre. The resulting seasonal variability is com-
pared with the seasonal cycle of the wind forcing. Contrary to Mork and
Skagseth (2005), this comparison is not reduced to one location in one
single gyre but takes into account observations at many different locations
around the rim of each of the four gyres. The comparison between gyre
velocity and wind forcing is not reduced to the phase of their seasonal cycle
but also takes its amplitude into account.

The results show seasonal cycles in the gyre strengths with minima in
summer in the Greenland Basin, the Norwegian Basin and over the Iceland
Plateau. For the Lofoten Basin no such seasonal cycle could be observed.
The seasonal variation of the gyre speeds ranges from less than 1 cm/s over
the Iceland Plateau to more than 4 cm/s in the Greenland Basin. The wind
is the dominant driving force for the seasonal variability in the Greenland
and Norwegian Basin while for the Lofoten Basin and Iceland Plateau less
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than 50% of the variability on seasonal time scales can be explained by the
wind.
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1.4 The dense overflows across the Greenland-Scot-
land Ridge with a focus on the Iceland-Faroe
Ridge overflow

The deep passages in the Greenland-Scotland Ridge may be seen as a bot-
tleneck for the very northern part of the Meridional Overturning Circulation
in the North Atlantic as it forces the dense water into very restricted path-
ways. This makes the deep passages excellent points for measuring the
Nordic branch of the overturning circulation. An exception is the overflow
across the Iceland-Faroe Ridge. It is the least known for its overflow trans-
ports as it is very wide and the overflow seems to be more sporadic than at
the other locations (Østerhus et al., 2008).

In the following, an overview of the two main overflows across the Green-
land-Scotland Ridge will be followed by a review of previous studies on the
Iceland-Faroe Ridge overflow. Then a study on the Iceland-Faroe Ridge
overflow is presented. Using recent year long current observations from the
western part of the Iceland-Faroe Ridge together with shipboard hydro-
graphic measurements, the results of my analyses provide a new estimate
for the mean overflow transport rate across the Iceland-Faroe Ridge.

1.4.1 The dense overflows at the ridge crest

The dense water accumulated at depth in the Nordic Seas passes over the
Greenland-Scotland Ridge and feeds the deep southward flowing branch of
the overturning circulation in the North Atlantic. The Greenland-Scotland
Ridge, stretching from Greenland over Iceland and the Faroe Islands to
Scotland, has an average depth of only about 500 m. Two deeper passages,
the Faroe Bank Channel and the Denmark Strait, cut through it east and
west of Iceland with sill depths of 620 m and 840 m. About 80 % of the total
southward dense water transport from the Nordic Seas crosses the ridge via
these two deep passages while the remaining 20% of the dense water export
occurs across the Iceland-Faroe Ridge and over the Wyville-Thomson Ridge
(Quadfasel and Käse, 2007).

The overflow through the Faroe Bank Channel has been studied exten-
sively, resulting in a consistent picture of its conditions at the sill. The
temperature distribution of the water column is dominated by the deep
overflow waters with temperatures below 0◦C and the overlying Atlantic
waters, warmer than 7◦C, with a relatively sharp interface between them.
The cold bottom layer is on average 250 m thick. Mean velocities at the sill
exceed 1 m/s in a layer that is approximately 100 m thick with the velocity
core 100m off the bottom (Hansen and Østerhus, 2007). The volume
transport of cold overflow water at the sill has been monitored continuously
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with moored acoustic doppler current profilers (ADCP) from 1995 until now
(Figure 1.9). The kinematic overflow flux, i.e. the volume transport deter-
mined from the ADCP velocity profiles only, was 2.1 Sv when averaged over
a whole decade of measurements. When the overflow water is defined as
water with a potential density anomaly higher than 27.8 kg/m3, the density
criterion that is commonly referred to as overflow water (e. g. Dickson and
Brown, 1994), the mean volume flux is 1.9 Sv, while the mean transport of
water colder than 3◦C is 1.7 Sv (Hansen and Østerhus, 2007). The over-
flow volume transport does not exhibit any significant trend over a period
of ten years, whereas on shorter time scales a considerable amount of vari-
ability was found. Fluctuations of velocity and hydrographic parameters are
coherent across the channel, not a surprising result as the channel width of
15 km at the sill is close to the baroclinic Rossby radius. Daily transport val-
ues vary between 0.7 and 4.5 Sv, monthly averages range from 1.5 to 2.9 Sv.
In some years, the overflow flux has a clear seasonal cycle with a maximum
in late summer when also the lowest bottom temperatures are observed. On
average, the seasonal cycle explains 28 % of the overall transport variance
and has an amplitude of 0.22 Sv (Hansen and Østerhus, 2007). For fur-
ther details about the overflow at the sill of the Faroe Bank Channel the
reader is also referred to review articles by Hansen and Østerhus (2000),
Saunders (2001), Borenäs and Lundberg (2004) and Østerhus et al.
(2008).

The Denmark Strait between Iceland and Greenland is dominated by
three major currents. Very cold water with low salinity is transported south-
ward over the Greenland shelf. On the eastern side of the Denmark Strait
over the Icelandic shelf, the Irminger Current flows northward as a warm
and saline current deriving from the North Atlantic Current. The deeper
part of the Denmark Strait is dominated by the outflow from the Nordic Seas
with water temperatures below 0◦C and a salinity around 34.9. The greater
width of the Denmark Strait, compared to the Faroe Bank Channel, leads to
a horizontal separation of the inflowing warm surface current and the cold
overflow at depth. In addition, the width of the strait that is greater than
the baroclinic Rossby radius allows the jet to develop eddies at the sill of
the Denmark Strait. Velocities of the overflow jet at the sill are on average
0.5 m/s and may exceed 1 m/s (Macrander et al., 2007). The vertical
velocity structure is similar to the Faroe Bank Channel overflow jet, but
with an overall barotropic southward component. The overflow transport in
the layer below the maximum current shear is around 3 Sv with a variability
of about 0.7 Sv on up to interannual timescales (Macrander et al., 2005).
However, on longer time scales the transport estimates from moored ADCPs
suggest a stable Denmark Strait overflow (Figure 1.9). Further details about
the Denmark Strait overflow can be found in review articles by Saunders
(2001), Quadfasel and Käse (2007) and Dickson et al. (2008).
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Figure 1.9: Time series of the dense overflow volume transport in the
Faroe Bank Channel (black) and Denmark Strait (red and blue). For both
overflows, the volume transport time series were constructed from moored
acoustic doppler current profiler (ADCP) measurements. In the Faroe Bank
Channel, one ADCP is sufficient to estimate the overflow transport with ad-
equate accuracy (Hansen and Østerhus, 2007). For the Denmark Strait,
two different volume transport time series have been constructed for periods
with two moored ADCP’S available (blue curve) and for the whole period
where at least one mooring was deployed (red curve). In the latter case,
measurements from only one mooring are used even when more mooring
data is available. For positions of the the moorings at the sill of Denmark
Strait and the method of estimating the overflow transport see Macrander
et al. (2005).

The two main overflows are thus relatively well studied with the Faroe
Bank Channel overflow transports, owing to its narrow sill width, being
observed with a higher accuracy than the Denmark Strait overflow. Hy-
draulic control theory has shown to be useful for the study of both overflows
(Whitehead, 1998; Käse and Oschlies, 2000; Käse et al., 2003; Gir-
ton et al., 2006). The parameterisation of hydraulic control for dense
overflows also led to an improved representation of the Meridional Over-
turning Circulation in models of the ocean circulation (Kösters et al.,
2005; Käse, 2006; Köller et al., 2010).

The stability of the total overflow across the Greenland-Scotland Ridge
is crucial for the stability of the whole AMOC, as a reduction of the south-
ward dense water export will be accompanied by a reduced inflow of warm
Atlantic water into the Nordic Seas. An understanding of overflow processes
and overflow variability is important for the detection of trends in the over-
flows from the Nordic Seas into the North Atlantic that would indicate a
weakening Nordic branch of the AMOC as predicted by climate projections.
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An example for the importance of understanding natural variability is the
study of Bryden et al. (2005) and the following discussion as explained
in Section 1.2.

The results of an ensemble hindcast experiment with a general ocean
circulation model by Olsen et al. (2008), showing convincing agreement
with the overflow volume transports estimated from measurements shown
in Figure 1.9, indicate no significant trend for the dense Nordic overflows
for the period 1948-2005. This implies a stable branch of the AMOC into
the Nordic Seas on decadal time scales for more than 60 years. The Olsen
et al. (2008) study however depends on the stability of the overflows across
the Iceland-Faroe Ridge and the Wyville-Thomson Ridge. These shallow
and wide gaps in the Greenland-Scotland Ridge are not explicitly resolved
in the coarse resolution of the model and are thus treated as a constant
overflow with a strength of 1.3 Sv. What if the small overflows are not
as stable as assumed? How can their mean transport and, maybe more
important, the associated variability be estimated? These are important
questions regarding both, the results of Olsen et al. (2008) and the general
detectability of a changing strength of the Nordic AMOC branch.

The overflow volume transport across the Wyville-Thomson Ridge was
estimated in a recent study by Sherwin et al. (2008). Results from ADCP
deployments over several years show that the mean overflow volume trans-
port of undiluted water from the Nordic Seas is up to 0.3 Sv with larger
flows in summer than in winter. For the confirmation of a persistent sea-
sonal cycle a longer mooring record is needed, though. This holds also for
variability on longer time scales from interannual to decadal.

The large width of the Iceland-Faroe Ridge makes it the most demanding
overflow to measure. The commonly cited mean overflow transport of 1 Sv
is based on a few hydrographic sections recorded over the ridge (Hermann,
1967). Only little is known about the variability of the Iceland-Faroe Ridge
overflow on any time scale. It is the least known part of the overflow across
the Greenland-Scotland Ridge even though it accounts for almost 20% of it.

1.4.2 An estimate for the dense water transport across the
Iceland-Faroe Ridge from observations applying hy-
draulic control theory

This section is based on my own analysis of moored current and synop-
tic hydrographic observations. The results have been presented at several
conferences, but so far only a draft of a manuscript does exist.
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Introduction

The Iceland-Faroe Ridge stretches from Iceland to the Faroe Islands. It has
a mean depth of about 400 m and slopes from west to east. Several deeper
gaps cut through the sill crest. A passage close to the Icelandic continental
slope with a sill depth of about 450 m is called western valley throughout
this study. Several gaps are located further to the east with a maximum
depth of about 500 m close to the Faroe Islands.

The existence of an overflow across the Iceland-Faroe Ridge has been
known for more than a century (Knudsen, 1898). The first transport cal-
culations for the Iceland-Faroe Ridge overflow were carried out by Dietrich
(1956). His estimate for the overflow volume transport from hydrographic
data amounts to 5.8 Sv. However, he did not consider the geostrophic effect
of turning the flow from across-slope to along-slope. This leads to an over-
flow transport estimate that is probably almost an order of magnitude too
large.

The only reasonable documented estimate for the total overflow volume
transport across the Iceland-Faroe Ridge is provided by Hermann (1967)
with data from the Overflow ’60 expedition. In his study, a method for the
calculation of the fraction of different water masses is developed. By inte-
grating the fraction of the overflow water over depth, an equivalent thick-
ness of the overflow layer is calculated. Hydrographic cross sections over
the ridge were run three times with only a few days in between. By tracing
anomalies from the mean equivalent overflow thickness, the speed of the
overflow plumes were estimated. For most cases this compared well with
direct current measurements recorded in the vicinity of the cross sections.
By combining the velocities and equivalent thicknesses, an overflow volume
transport estimate of 1.1 Sv was obtained for the Iceland-Faroe Ridge.

The commonly cited literature source for an overflow transport of 1 Sv
across the Iceland-Faroe Ridge is the review paper by Meincke (1983). He
shows a scheme with an overflow of 0.5 Sv through the western valley close
to Iceland and another 0.5 Sv that is distributed over the eastern part of
the ridge. It is not clear from the paper where these transport estimates
originate from, but probably the value is just the 1.1 Sv from Hermann
(1967) rounded down to 1.0 Sv.

Several studies were dedicated to the intermittent character of the over-
flow through notches in the eastern part of the ridge. Müller et al. (1974)
observed an overflow event through a gap of the Iceland-Faroe Ridge using
temperature, salinity, light attenuation and current measurements. The flow
field indicated that a perturbation leads to a spill-over of cold water through
the channel. After such an event, the cold water on both sides is driven away
from the sill by gravity. Hansen and Meincke (1979) used hydrographic
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data to demonstrate the existence of eddies and meanders over the Iceland-
Faroe Ridge. The eddies can contribute to the transport of dense water
across the ridge. As soon as they move cold and dense water over the crest,
gravity will act on the water and it will descent southwards. Observations
with bottom mounted ADCPs at the eastern part of the ridge also showed
frequent occurrence of overflow water with a transition from stronger to
weaker overflow in winter, but no transport estimate for the eastern part
of the ridge is given (Østerhus et al., 2008). At the western part of the
Iceland-Faroe Ridge, Perkins et al. (1994) observed an overflow event
that had a pulsating character.

Despite this intermittency of overflow at single locations over the eastern
part of the ridge, the accumulated overflow current measured with moored
current meters close to the Icelandic slope indicated that the total overflow
is remarkably stable (Perkins et al., 1998). The accumulated transport
in their study is calculated from two hydrographic sections at the Icelandic
slope and amounts to 0.7 Sv of pure overflow water. As not all of the flow
was covered, this is underestimating the total Iceland-Faroe Ridge overflow
transport. Surprisingly, Perkins et al. (1998) do not find evidence for
significant flow of cold water from the Nordic Seas through the western
valley.

Data from a moored ADCP at the Icelandic slope south of the ridge
crest from 2005-2007 gives the opportunity to revisit the question of over-
flow through the western valley. Is there a steady overflow in the western
valley and if yes, does it show any sign of seasonal variability, i. e. would
it contradict the assumption of a steady Iceland-Faroe Ridge overflow as
assumed by Olsen et al. (2008)?

In this study, historical hydrographic data is used together with the
recently recorded ADCP data to obtain an estimate for the overflow of dense
water through the western valley of the Iceland-Faroe Ridge. It is shown
that hydrographic conditions upstream of the western valley can explain
the observed overflow using hydraulic control theory. This method is then
applied to the overflow across the whole Iceland-Faroe Ridge.

Data

A mooring equipped with an upward looking ADCP and a microcat measur-
ing temperature, conductivity and pressure near the bottom was deployed
at the Icelandic slope south of the Iceland-Faroe Ridge in September 2005
and recovered in October 2007. Figure 1.10 gives the position of the moor-
ing. The bottom depth at the mooring site was about 610m. The ADCP
provided a time series of current speed within bins of 10 m with a length of
more than two years. The microcat stopped recording in May 2007 but still
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Figure 1.10: The bathymetry of the Iceland-Faroe Ridge and positions of
data used in this study. Grey lines show depth contours every 500m, the blue
colour scale gives detailed depth levels between 100 and 900m bottom depth.
The yellow star marks the mooring site at the Icelandic slope, the yellow
arrow gives the mean flow direction near the bottom where the flow of dense
water has its maximum velocity. Orange dots show positions of temperature
profiles that are used to construct a temperature section across the mooring
site. Green dots show positions of temperature profiles used to calculate a
temperature section along the western valley, i. e. the deep part of the ridge
close to the Icelandic slope. The dashed green line shows the path along
which the profiles were selected. The red dashed line approximately gives the
crest of the Iceland-Faroe Ridge. Diagonal black lines mark upstream bins
where the upstream temperature profiles (red dots) are sorted into for the
calculation of an upstream temperature section. All temperature profiles are
taken from the NISE data collection (see text for details).
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provided time series of near-bottom temperature and salinity with a length
of almost two years.

In addition to the mooring data, hydrographic data extracted from the
NISE data collection is used. NISE (Norwegian Iceland Seas Experiment)
is a joint project of research institutions from Iceland, the Faroe Islands
and Norway combining hydrographic measurements of the northern North
Atlantic and the Nordic Seas from more than one hundred years (Nilsen
et al., 2008). In the following, only temperature data from the NISE data
set will be used as there is a very tight temperature-density relation in the
water masses. The positions of temperature profiles from the NISE data set
used for the calculation of climatological temperature sections in this study
are shown in Figure 1.10. The spatial distribution of all available tempera-
ture profiles over the Iceland-Faroe Ridge can be seen in Figure 1.11 which
shows mean near-bottom temperatures and their standard deviations over
the Iceland-Faroe Ridge. Mean temperatures are calculated on a grid with a
cell size of 11×11 km. Temperature profiles are available at every bin giving
a mean temperature. The near-bottom mean temperatures clearly show the
reservoir of cold water in the Nordic Seas northeast of the ridge. Warm
water is located over shallow bottom depths around the Faroe Islands and
south of Iceland. The cold water flowing through the Faroe Bank Chan-
nel is clearly visible as well as its warming downstream of the sill due to
entrainment (compare Section 1.5.2). Both warm and cold water masses
are present along the Iceland-Faroe Ridge. The high standard deviation in
bottom temperature over the ridge shows the strong local variability in the
overflow across the Iceland-Faroe Ridge as described in the earlier studies.

Overflow through the western valley

The velocity profile calculated by averaging over velocity time series recorded
at the Icelandic slope mooring site at different depth levels is shown in
Figure 1.12. The velocities were rotated to the mean direction of the near-
bottom flow (see Figure 1.10). The maximum average velocity is 0.53 m/s
at a height of 50m above the bottom. The mean velocity profile along the
mean direction is typical for a dense plume with reduced velocity close to
the bottom in the Ekman layer due to bottom friction, a velocity maximum
above the Ekman layer and decreasing velocity with height. The profile
compares very well with the mean velocity profile of the Faroe Bank Channel
overflow plume (Hansen and Østerhus, 2007), with the magnitude of the
velocities being half of that in the Faroe Bank Channel. The flow reverses its
direction at a depth of about 350 m, showing the inflow of water originating
from the North Atlantic into the Nordic Seas at the surface as shown by
Perkins et al. (1998).
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Figure 1.11: Top: Mean near-bottom temperature calculated from the NISE
data on a grid with a rectangular bin size of 11 km. Only temperature profiles
with a measurement not farther away than 50m off the bottom were used for
the calculation. The colour scale gives the near-bottom temperatures in ◦C.
Bottom: Standard deviation of the near-bottom temperature on the same
grid and with the same data as in the top figure. The colour scale gives
the standard deviation in ◦C. The bottom depth is taken from the ETOPO2
bathymetry and contours give the [-3000 -2000 -1500 -1000 -400 -300 -200
-100]m depth levels.
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Figure 1.12: Mean velocity profile calculated from the two year long ADCP
record at the mooring site shown in Figure 1.10. Velocities were rotated to
the mean direction at the velocity maximum at about 550m depth. The full
line shows the mean current velocity in the mean direction, the dashed line
gives the mean velocity perpendicular to the mean direction.

The time-mean near-bottom temperature at the mooring as recorded by
the microcat is 3.9◦C. This temperature is about half way between that of
the Nordic source water (0◦C) and the overlying Atlantic water (8◦C). Thus,
assuming that the dense plume partly consists of water that overflowed the
Iceland-Faroe Ridge from the Nordic Seas, entrainment of Atlantic water
into the overflow plume has occurred on the way to the mooring site. The
result is a one to one mixture of overflow water and entrained Atlantic water.

Both near-bottom velocity and temperature have a clear seasonal cycle.
Figure 1.13 shows a harmonic fit to low passed time series of velocity and
temperature. The seasonal maximum of the velocity time series is in early
summer, the minimum of the temperature time series occurs in spring. The
seasonal variation is 0.09 m/s (0.48 to 0.57 m/s) for the velocity and 1.2 K
(3.4 to 4.6◦C) for the temperature time series. Thus, the seasonal period
of high current velocity coincides approximately with the seasonal period of
low plume temperatures.

We calculate the mean volume transport T of the dense current as

T = v · w · h · f (1.1)

with the plume velocity v, the plume width w, the plume height h and the
fraction of pure overflow water f . Overlines denote the time-mean of the
variables.
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Figure 1.13: Top: Thirty day low-passed time series from the mooring at
the Icelandic slope of near-bottom temperature (black line) and a harmonical
seasonal fit (red line). The temperature time series was split at the end of the
year, leading to two measurements for almost each day of the year. Bottom:
Thirty day low-passed time series of near-bottom velocity in the mean flow
direction (black line) and harmonical seasonal fit (red line). The time series
was split as in the upper figure.

The mean velocity v can be calculated from the mean velocity profile
shown in Figure 1.12 by taking the mean velocity between bottom and upper
interface.

To get an estimate for the upper interface height h we have the possi-
bilities to using the mean velocity profile again or the hydrographic data as
an alternative. (1) Following Hansen and Østerhus (2007), the interface
height is defined as the height where the mean velocity profile has decreased
to half the maximum mean velocity. (2) The NISE data can be used to con-
struct a climatological temperature section perpendicular to the mean flow
direction of the current. Figure 1.10 gives the location of the profiles used
to calculate this temperature section shown in Figure 1.14. The interface
height of the plume at the slope is taken as the height of an isotherm from
the temperature section. The selected isotherm determines the fraction of
original overflow water, i. e. chosing the 4◦C isotherm results in an f larger
than that for the 6◦C isotherm.

The mean width w of the dense plume is the factor for the volume trans-
port calculation that is the most difficult to determine. The velocity was

35



Figure 1.14: Top: Climatological temperature section across the Icelandic
slope. Positions of individual temperature profiles used to calculate the sec-
tion are shown in Figure 1.10. The profiles were averaged into bins with
a size of 6 km over the slope (between kilometer 70 and 110 on the x-axis)
and 12 km elsewhere. The position of the moored ADCP is approximately at
kilometer 85 on the x-axis. The colour scale gives the mean temperature in
◦C, black lines show the standard deviation of the mean temperature in ◦C.
Note that the y-axis gives the height above bottom. Bottom: Bottom depth
along the temperature section. The left side of the section is directed towards
the Icelandic slope.

only measured at one location at the slope and thus contains no information
about the plume width. The temperature section in Figure 1.14 may be used
to read the plume width, but the bin size chosen to calculate the section at
the slope is only about 6 km. The Rossby radius of deformation Ro, giving
the length scale at which rotational effects become important, serves as a
lower boundary for the plume width if the overflow current is in geostrophic
balance. The Rossby radius of deformation is calculated as

Ro =
√

g′H

f
(1.2)

where g′ = g δρ
ρ is the reduced density, H is the depth of the water layer

and f is the Coriolis parameter. Using a height of 200 m and densities of
1027.3 kg/m3 in the Atlantic water and 1028.0 kg/m3 in the overflow water,
the Rossby radius of deformation is about 9 km.
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v h w f T

Average 0.45 m/s 200m 10 km 0.5 0.45 Sv
Minimum 0.5 m/s 150m 5 km 0.6 0.23 Sv
Maximum 0.4 m/s 250m 20 km 0.4 0.80 Sv

Table 1.1: Factors used for the calculation of the volume transport of dense
water at the mooring site.

Estimates for the factors used in Equation 1.1 and the resulting volume
transports are given in Table 1.1. The factors for the average case were
obtained as follows. The interface height as calculated from the velocity
profile is about 200m. This results in a mean velocity of 0.45 m/s. The
average temperature of the lower 200m of the water column in the temper-
ature section in Figure 1.14 is 4◦C. This implies a mixture of 50% overflow
water of 0◦C and 50% entrained Atlantic water of 8◦C as pointed out above.
Thus, the factor for the fraction of pure overflow water f is 0.5. The width
was estimated from the hydrographic section to 10 km which is in agreement
with the Rossby radius scaling.

The minimum and maximum values in Table 1.1 are lower and upper
estimates for the height and the width of the plume. Reducing the height in
the minimum case increases the mean velocity because less of the upper part
of the plume with lower velocities is included in the calculation of v. The
lower plume height also increases the mixing factor f as there is colder water
in the lower part of the water column. In the maximum case, an increased
height of 250 m and a broader plume with 20 km width is used.

The resulting volume transport of pure overflow water, i. e. water of 0◦C,
is about 0.5±0.3 Sv. The seasonal variability of velocity and temperature
shown in Figure 1.13 translate into a seasonal variability of the cold water
transport of about ±0.1 Sv.

The mooring is situated not far away from the mooring of Perkins
et al. (1998). They argue that the overflow water observed at this site
must have crossed the ridge over its eastern part as they do not find any
sign for significant overflow through the western valley. However, the high
current speeds we observe indicate local acceleration of the plume, i. e. the
dense water seems to have descended from the western valley.

Another indicator for the western valley being a source of the dense water
at the mooring site is the occurrence of a cold core at the continental slope
in the temperature section in Figure 1.14 that has no counterpart further to
the east. If the dense water was coming from the eastern part of the Iceland-
Faroe Ridge as assumed by Perkins et al. (1998), it were to follow the
isobaths closely to maintain its depth level. Thus, it would have to travel
through the southern exit of the western valley, thereby passing through
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the eastern part of the temperature section in Figure 1.14. Entrainment of
warmer water during the turn around the western valley exit should even
lead to a temperature increase when the water arrives at the slope. As this
is not the case, it is likely that at least part of the overflow water observed
at the mooring site derives from the western valley.

A further sign for a connection between the dense water transport at
the mooring and overflow through the western valley is the variability of the
temperature time series on time scales from 2 to 7 days. Cold events seem
to pass by the mooring. These might be connected with the overflow event
at the sill of the western valley with a time scale of four days observed by
Perkins et al. (1994).

To test the assumption of overflow water deriving from the western valley,
the height of the dense water reservoir upstream of the western valley is
calculated from the hydrographic data. The reservoir height can then be
used to determine the maximum possible overflow through the western valley
using hydraulic control theory.

The maximum exchange flow Q through a strait, if the flow is hydrauli-
cally controlled, is given as

Q =
g′h2

u

2f
(1.3)

with the reduced density g′ defined as in Equation 1.2, the upstream height
of the dense water hu and the Coriolis parameter f (Whitehead et al.,
1974). This gives the maximum volume flux through a rectangular open-
ing. An adjustment to a parabolic sill shape leads to an improved estimate
(Borenäs and Lundberg, 1988), but for the sake of simplicity we use the
formula for a rectangular shaped opening.

The mean temperature structure along the western valley as calculated
from the historical hydrographic data is shown in Figure 1.15. It shows the
typical structure of the dense water reservoir in the Nordic Seas, sloping
isotherms over the Iceland-Faroe Ridge and the vanishing of the cold water
layers as mixing takes place during the descent of water at the southern side
of the ridge.

If hydraulic control were to apply to the overflow through the western
valley, the maximum possible volume transport could be calculated using
Equation 1.3 by getting the upstream reservoir height from Figure 1.15
and using the density difference between the reservoir source water and
the downstream ambient water. Upstream height and density difference are
not independent from each other. Choosing the 0◦C isotherm instead of
the 1◦C isotherm results in a stronger density difference. Applying Equa-
tion 1.3 results in a maximum possible overflow transport between 0.4 Sv
for an upstream height of 150 m and a density contrast δρ/ρ of 5×10−4 and
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Figure 1.15: Mean temperature structure along the western valley calcu-
lated from historical hydrographic data. The positions of temperature profiles
and the path along the valley used to extract the bottom depths are shown in
Figure 1.10.

0.95 Sv for an upstream height of 250m and a density contrast of 4×10−4.
Thus, the hydraulic control estimate for the transport is about 0.7±0.3 Sv.
This is of the same magnitude as the transport estimated from the velocity
measurements downstream of the western valley, but somewhat larger.

The temperature profiles of the upstream region are divided into two sea-
sons to investigate a possible seasonal cycle of the upstream reservoir height.
The seasons for this division are chosen to match with the seasonal cycle
of the current velocity observed downstream (Figure 1.13). Hence, they are
sorted into the periods April-September and October-March. The result is
a depth of the 0◦C isotherm that varies by about 50 m between summer and
winter with a greater depth in winter. The seasonal cycle in reservoir height
and the resulting seasonal cycle of the overflow transport thus agree with
the seasonal cycle seen in the mooring records. It indicates the connection
between the flow observed at the mooring and an hydraulically controlled
overflow through the western valley.
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Figure 1.16: Mean temperature structure upstream of the Iceland-Faroe
Ridge crest. See Figure 1.10 for positions of the profiles used to calculate the
mean temperatures. The bottom depth shown in grey gives the bottom depth
at the sill crest associated with the upstream bins as shown in Figure 1.10.
Dashed white lines divide the different bins.

A hydraulic estimate for the overflow across the eastern part of
the Iceland-Faroe Ridge

As the use of hydraulic control theory for an estimate of the dense wa-
ter transport through the western valley has proven to produce realistic
results, we now apply this method to the eastern gaps that cut through
several parts of the Iceland-Faroe Ridge. Temperature profiles upstream of
the ridge crest between the 530 m and 1300m isobaths are sorted into bins
(Figure 1.10) to calculate the mean upstream temperature structure (Fig-
ure 1.16). The isotherms slope from the Icelandic side of the ridge to the
Faroe side. The difference in the depth of the isotherms between the two
ends of the ridge is about 300 m. This matches with the overall slope of
isotherms along the Greenland-Scotland Ridge with a high cold water reser-
voir level on the Greenland side and a relatively low reservoir level on the
Scotland side (Wilkenskjeld and Quadfasel, 2005).

Figure 1.17 shows the transport range resulting from two different den-
sity contrasts and the upstream reservoir height as given in Figure 1.16
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Figure 1.17: Dependency of the dense water volume transport on the up-
stream interface height and the density contrast between source water in the
Nordic Seas and ambient water as given by Equation 1.3. The coloured
areas show the parameter range for the western valley and for each of the
eastern gaps in the Iceland-Faroe Ridge. Green dots show the volume trans-
port estimates for the western valley used in the text. Blue dots give the
volume transport estimates calculated from the mooring data for different
plume heights as shown in Table 1.1.

when applying Equation 1.3. The density contrast is the same along the
whole Iceland-Faroe Ridge with values between 4·10−4 and 5·10−4, but the
upstream reservoir height decreases from west to east. Each of the east-
ern gaps has a transport ranging between 0.05 and 0.2 Sv. With four main
gaps besides the western valley, these eastern gaps could thus add up to a
minimum of 0.2 Sv and to a maximum of 0.8 Sv. According to Figure 1.17,
the complete range for the dense water transport in the western valley is
between 0.35 and 1.2 Sv. In the preceding section, it was argued that the
choice of a higher isotherm leads to a reduced density contrast, thus the
resulting range was between 0.4 and 0.95 Sv.
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Summary and conclusions

The temperature and velocity time series recently measured by a mooring
south of the Iceland-Faroe Ridge at the Icelandic continental slope show
a strong bottom-intensified current with a substantial fraction of overflow
water that originates from the Nordic Seas. The volume transport of pure
overflow water at the mooring is estimated to be 0.5±0.2 Sv. A seasonal
cycle both in velocity and temperature translates into a seasonal variation
of the dense water volume transport of ±0.1 Sv that peaks in early summer.

Using the mean hydrographic conditions upstream of the western valley,
an estimate for the overflow volume transport through the western valley
applying hydraulic control theory is calculated. The range of the resulting
volume transport estimate (0.4 to 0.95 Sv) is of the same magnitude as es-
timated from the mooring data. The approximate match between the two
independent volume transport estimates shown here indicates that the dense
water at the mooring site passed the Iceland-Faroe Ridge through the west-
ern valley. The slightly higher hydraulic control estimate does not come as
a surprise, given that Equation 1.3 was derived to give the maximum trans-
port for a rectangular opening in the ridge. It thus leads to an overestimate
of the volume transport and a parabolic shape may be more appropriate
(Borenäs and Lundberg, 1988).

Given that hydraulic control theory is applicable, it is also used to cal-
culate an estimate of the dense water volume transport across the eastern
part of the Iceland-Faroe Ridge. This results in a volume transport for the
eastern gaps that ranges between 0.2 and 0.8 Sv. The total dense water vol-
ume transport across the whole Iceland-Faroe Ridge adds up to about 1 Sv
with an uncertainty of about ±0.6 Sv.

The results of this study do not reject the assumption by Olsen et al.
(2008) of an overflow volume transport of 1 Sv across the Iceland-Faroe
Ridge. This study does not resolve the variability of the total overflow
transport across the Iceland-Faroe Ridge, but the seasonal variation of the
overflow volume transport through the western valley of 20% suggests that
it may not be as stable as assumed by Olsen et al. (2008).

Although the hydraulic control theory seems to produce realistic re-
sults when applied to the Iceland-Faroe Ridge, it is questionable whether
it really does describe the physics of the overflow, especially in the east-
ern part. Overflow transport by cold-core meso-scale eddies or meanders of
the Iceland-Faroe Front (Hansen and Meincke, 1979) is at odds with a
hydraulically controlled overflow.

The peak of the seasonal cycle of the dense water transport at the moor-
ing site approximately matches with the seasonal cycle of the other two
overflows east of Iceland. Sherwin et al. (2008) show transport time
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series of the Wyville-Thomson Ridge that are greater in summer than in
winter but also state that a longer record is needed for confirmation. The
peak of transports through the Faroe Bank Channel is in late summer with
a variation of 10% from the mean (Hansen and Østerhus, 2007). Thus,
the complete dense overflow east of Iceland seems to have a seasonal cycle
superimposed. An explanation for this could be the weakening of the in-
ternal gyre circulation in the Nordic Seas in summer (Voet et al., 2010),
that implies a relaxation of tilted isopycnals due to geostrophy and would
lead to a decreased height of the dense water level at the rim of the gyre.
This would directly affect hydraulic estimates for the overflow transport.
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1.5 Downstream mixing and entrainment of the
dense overflow plumes

After crossing the sills of the Greenland-Scotland Ridge, the dense overflow
plumes are accelerated by gravity to high flow speeds while they slowly de-
scend to greater depths. During this phase, the overflow plumes are subject
to strong mixing and entrainment. The volume transport of the plumes is
approximately doubled, while the entrainment of surrounding water masses
leads to a modification of temperature and salinity of the overflow water
(see scheme in Figure 1.4).

Different processes can drive the entrainment of surrounding water into
a fast flowing plume. The vertical velocity shear between ambient water
and a plume of high velocity can lead to vertical instabilities that result
in breaking internal waves. These lead to turbulent mixing between plume
and ambient water. When meso-scale eddies are present in the plume, they
can induce lateral stirring, which horizontally transports ambient water into
the overflow plume. Figure 1.18 shows examples from experiments with
rotating tanks to illustrate these two processes. Other processes that may be
considered when studying entrainment are instabilities caused by horizontal
velocity shear and Ekman pumping caused by bottom friction of a plume
with high velocities close to the bottom.

The processes driving the entrainment have a very small spatial scale.
They are not resolved in large scale computer simulations of the ocean cir-
culation and have to be parameterised in the models to aim for the right
volume transports and dense water properties of the overturning circulation
(Legg et al., 2009). A deeper insight into the processes underlying the
entrainment into the overflow plumes is thus essential for the development
of parameterisation schemes that significantly improve models of the global
ocean circulation.

Two studies within this thesis are dedicated to the understanding of
mixing processes and the quantification of their relative importance for the
entrainment into the overflow plumes. While the first study aims at the
quantification of the contribution of stirring by meso-scale eddies to the en-
trainment into the Denmark Strait overflow plume (Voet and Quadfasel,
2010), the second study focuses on vertical turbulent mixing in the overflow
plume downstream of the Faroe Bank Channel (Fer et al., 2010). After
giving an overview of the downstream development of both overflow plumes,
the results of these studies will be presented and discussed.

44



Figure 1.18: Rotating tank experiments with dense gravity currents on a
sloping plane. Left: Water with a high density contrast to the ambient water
enters a sloping plane at the upper right. The plane slopes such that it is high
at the upper image border and low at the lower image border. The inflowing
dense water is dyed to make it distinguishable from the surrounding water.
Internal waves at the boundary between the dense plume and the ambient
water are visible through variations in the plume colour. Right: Water with
a weak density contrast to the ambient water enters a sloping plane. The
upper image gives the top view of the plane, the lower image shows a side
view to give an impression of the vertical structure of the plume. The slope
of the plane seen in the top view is as in the left image. The dense plume
breaks up into vortices that stir ambient water into the dense plume.

1.5.1 Downstream development of the overflow plumes

Downstream of the sill of Denmark Strait, the overflow plume is accelerated
by gravity due to its high density contrast to the ambient water. From mea-
surements with expendable profiling instruments, Girton and Sanford
(2003) find the maximum overflow speed of about 0.7 m/s approximately
125 km downstream of the sill. This coincides with the region where the
overflow plume encounters the steepest bottom topography. If a perfect
balance between Coriolis force and gravity was achieved, the plume would
approximately follow a line of constant bottom depth. However, bottom and
interfacial stresses lead to a downslope migration of the overflow plume with
increasing distance from the sill. 500 km downstream of the sill the plume
has descended to a depth of about 2000m.

Current measurements and temperature records of the Denmark Strait
overflow plume show a high variability on timescales of 2-5 days close to the
sill (Ross, 1984) and 1-12 days about 500 km downstream (Dickson and
Brown, 1994). The plume has the structure of pulses that are characterised
by strong current velocity and an increase in overflow plume height. These
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Figure 1.19: Simulated Denmark Strait overflow plume from Käse et al.
(2003). Yellow/red/black colouring (in increasing order) indicates the thick-
ness of the dense water layer. The Greenland coast is at the top, Iceland is
shown to the right.

domes of cold water are in rotation and connected to surface eddies observed
in satellite infrared imagery (Bruce, 1995; Krauss, 1996) and satellite al-
timetry (Høyer and Quadfasel, 2001). Regional models of the Denmark
Strait overflow with realistic bottom topography are able to reproduce the
eddies in the overflow plume and explain their formation with a combination
of both baroclinic instability and vortex stretching (Jiang and Garwood,
1996; Krauss and Käse, 1998; Jungclaus et al., 2001; Käse et al.,
2003). Figure 1.19 gives an impression of the pulsating and eddying charac-
ter of the plume downstream of the sill from the model simulation of Käse
et al. (2003).

Entrainment into the Denmark Strait overflow plume was first discussed
by Smith (1975) who showed a decreasing density contrast between overflow
plume and ambient water with increasing distance from the sill. The amount
of entrainment becomes apparent in the overflow transport increase from
about 3 Sv at the sill to 5.2 Sv at a mooring array located about 300 km
downstream from the sill (Dickson and Brown, 1994). Two different
entrainment regimes were identified by Girton and Sanford (2003) with
weaker entrainment between the sill and 125 km downstream and stronger
entrainment thereafter up to a distance of 200 km from the sill. Rudels
et al. (1999) observed a low salinity lid of the overflow plume that survived
the initial descent after the sill, implying weak vertical mixing as this would
destroy the low salinity capping.
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After crossing the sill of the Faroe Bank Channel, the overflow plume
is still constricted on both sides by the flanks of the Faroe Bank Channel
for about 30 km before the channel opens and the bathymetry steepens to
the deeper levels of the Iceland Basin. Here, the structure, characteristics
and dynamics of the overflow plume change dramatically. It flows as a bot-
tom trapped current along the slope of the Iceland-Faroe Ridge, descends
to deeper levels and accelerates locally over steep topography before it de-
celerates further downstream. Mauritzen et al. (2005) observe velocities
that are higher than those at the sill at a section about 100 km downstream
of the sill. Several current meters and thermometers moored close to the
bottom have shown the mean width of the plume to increase with distance
from the sill (Geyer et al., 2006) which is in agreement with studies using
hydrographic sections (Duncan et al., 2003; Mauritzen et al., 2005).

The plume is not a steady flowing current as a simple streamtube approx-
imation would suggest (Price and Baringer, 1994). The mooring records
of Geyer et al. (2006) have shown highly regular oscillations of velocity
and temperature in the overflow plume with a period of 88 hours. Mea-
surements of the vertical plume structure with a thermistor string 100 km
downstream from the sill show the plume splitting up into boluses of cold
water with a mean height of 200 m that coincide with high velocities (Geyer
et al., 2006). This type of variability is also a prominent feature in models
by Ezer (2006) and Riemenschneider and Legg (2007). Geyer et al.
(2006) and Ezer (2006) identify the oscillations with the wave regime ob-
served in laboratory experiments by Cenedese et al. (2004). In a study by
Høyer and Quadfasel (2001) the oscillations about 140 km downstream
from the sill were interpreted as meso-scale eddies, observable through en-
hanced sea level variability in satellite altimeter data. The eddy kinetic
energy of the flow was found to be highest 100 km downstream of the sill in
their study.

During its descent, the Faroe Bank Channel overflow plume is subject
to strong mixing and entrainment. Expressed in plume core temperature,
the entrainment results in an increase from below 0◦C at the sill to more
than 2◦C downstream (Quadfasel and Käse, 2007). The overflow plume
is situated just beneath the Atlantic layer resulting in a sharp temperature
gradient. Thus, entrainment can be very efficient in changing the proper-
ties of the overflow water. The geostrophic volume transport increase of
the plume calculated from hydrographic sections is 1.1 Sv in a study by
Van Aken and Becker (1996). Combining hydrographic and lowered
ADCP measurements, Mauritzen et al. (2005) calculate volume trans-
ports in different density classes throughout the Faroese Channels and down-
stream of the sill. They find that the transports downstream are higher and
occur in lighter density classes than at the sill. Mauritzen et al. (2005)
conclude that entrainment is sufficient to cause an approximate doubling of
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the overflow volume transport within 150 km from the sill, a result that is
confirmed in high resolution model runs by Riemenschneider and Legg
(2007). The hydrographic properties of the plume 150 km downstream al-
ready resemble those of the Iceland-Scotland Overflow Water (Mauritzen
et al., 2005) that can be traced throughout the Iceland Basin into the
Irminger Sea (Swift, 1984).

1.5.2 Two studies on entrainment into the dense overflow
plumes

Inspired by the importance of entrainment for the AMOC and the strong
eddies observed and modeled in the Denmark Strait overflow plume, the
study in Section 2.2 (Voet and Quadfasel, 2010) seeks to answer the
question of the contribution of stirring by meso-scale eddies to the overall
entrainment in the Denmark Strait overflow plume. Data from mooring ar-
rays at the sill and three different locations downstream are used together
with shipboard hydrographic measurements of the overflow plume to calcu-
late integral heat transport balances within the overflow plume and between
the overflow plume and the ambient water.

It is found from both, moored thermometers and shipboard temper-
ature measurements, that the mean temperature increase of the overflow
plume on the first 200 km from the sill (0.4-0.5 K/100 km) is five to ten
times larger than the mean plume temperature increase further downstream
(0.05-0.1 K/100 km). The plume temperature increase is associated with en-
trainment as there is no other heat source for the plume than the inclusion
of warmer ambient water. In the area farther away from the sill, mean lat-
eral heat fluxes driven by meso-scale eddies cause a plume warming that
is of the same magnitude as the observed plume warming. This leads to
the conclusion of an eddy entrainment regime beyond 200 km from the sill
where the stirring by meso-scale eddies can explain the total entrainment.
It also implies that here little or no vertical mixing is needed to close the
balance between observed plume warming and the processes leading to this
warming. In the region between the sill and 200 km downstream, the lat-
eral eddy heat fluxes are not large enough to explain the stronger plume
warming. It is concluded that here vertical mixing has to play an impor-
tant role for the entrainment. Taking into account the different entrainment
regimes on the first 200 km as found by Girton and Sanford (2003), the
regime of vertical mixing can be split up into a region close to the sill with
little entrainment and a hot spot region for entrainment between ∼125 and
∼200 km downstream from the sill.

Different regimes of a descending dense plume on a sloping plane, as
shown in Figure 1.18, were studied in greater detail in tank experiments by
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Figure 1.20: Different regimes (laminar, wave and eddy) for the develop-
ment of a dense plume on a sloping plane depending on Ekman and Froude
number from Cenedese et al. (2004). The Ekman number gives the ratio
of viscous forces to the forces arising from planetary rotation. The Froude
number is a measure for the importance of stratification versus flow speed.

Cenedese et al. (2004). They observe laminar flow, a wave regime and an
eddy regime depending on Ekman and Froude numbers (Figure 1.20). This
supports the idea of different entrainment regimes for the Denmark Strait
overflow plume. As the plume decelerates due to friction further away from
the sill, the Froude number decreases and the driving for the entrainment
changes from the wave regime to the eddy regime.

During a survey in June 2008, the entrainment in the Faroe Bank Chan-
nel overflow was studied with regard to vertical turbulent mixing (Fer
et al., 2010). The study is presented in Section 2.3. The survey con-
centrated on entrainment into the overflow plume during the first 120 km
downstream from the sill. Thus, when translating the results from the Den-
mark Strait to the Faroe Bank Channel, the survey was carried out in the
region where vertical mixing should be more important for the entrainment
than stirring by meso-scale eddies.

Six sections of temperature, conductivity, pressure and vertical velocity
shear were recorded downstream from the sill of the Faroe Bank Channel
with a vertical microstructure profiler (VMP) measuring at very high fre-
quency. The VMP is a free falling instrument that was operated at a profiling
speed of about 0.6 m/s. The measurements show enhanced vertical turbu-
lent dissipation in the bottom layer and in a thick interfacial layer which
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border the relatively quiescent plume core. The strongest entrainment is
found at a distance of about 75 km from the sill. The measurements also
show an internal circulation of the overflow plume transverse to the mean
flow direction. This internal circulation may lead to lateral entrainment into
the plume that could affect the bottom layer while the vertical turbulence
can only induce entrainment in the interfacial layer. It is concluded that,
due to the high lateral variability and a thick plume interface, neither a bulk
parameterisation nor a traditional turbulence closure model will be adequate
in representing mixing of the dense plume downstream of the Faroe Bank
Channel sill.
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1.6 Conclusions and Outlook

This four studies presented in this thesis were aimed at closing some gaps in
the understanding of the Nordic Overturning Circulation. In the following I
point out the relevance of my results related to processes important for the
Nordic Overturning Circulation. The connection with present and upcoming
research projects regarding the interannual to decadal variability of either
components or the total Nordic Overturning Circulation is shown. These
are the time scales relevant for the detection of changes in the AMOC as
predicted by climate projections.

Ventilation The study of the mid-depth circulation internal to the Nordic
Seas shows a strong topographic steering of the flow field. The internal
recirculation observed in the deep basins is at least twice as strong
as the exchange with the subpolar North Atlantic. Wind forcing is
suggested to be the dominant driving force for the seasonal variability
of the gyre strengths in the Greenland and Norwegian Basin.

What is the implication of the dominating wind forcing over the Green-
land and Norwegian Basin for the long term variability of the cir-
culation? How could this affect the production of overflow water?
An increasing wind stress curl would speed up the gyres, leading to
an increase in energy available for the exchange between gyres and
rim current. Thus, more dense water feeding the overflows across the
Greenland-Scotland Ridge could be produced in this case, although it
may then not be as dense as presently.

The research of hydrography and circulation in the Nordic Seas, and
of the dynamics and budgets of the water mass transformation, will
be fostered by the sustained deployment of Argo floats. The floats
are provided within the framework of Euro-Argo, a project of the Eu-
ropean Union with the objective to deploy, maintain and operate a
large array of profiling floats. Results of Voet et al. (2010) have
contributed to the deployment strategy for floats in the Nordic Seas.
Longer time series available from the floats will in the future allow
(1) to extend the analysis of this study from seasonal to decadal time
scales and (2) to apply the method of Latarius and Quadfasel
(2010) to all four basins of the Nordic Seas to explicitly study their
contribution to the overflow water production in the Nordic Seas.

Overflows Using hydraulic control theory, a dense water volume transport
of about 1 Sv was found in the study on the overflow across the Iceland-
Faroe Ridge. Approximately half of the overflow water passes through
the western valley that cuts through the Iceland-Faroe Ridge at the
Icelandic continental slope, the other half crosses the ridge through
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the eastern gaps. While the uncertainty of this new estimate for the
overflow transport across the Iceland-Faroe Ridge is still large with
±0.6 Sv, it confirms the commonly cited mean transport of 1.1 Sv that
was based on few hydrographic observations in the 1950’s (Hermann,
1967). In contrast, the present study is based on two-year long current
measurements and a large number of hydrographic profiles collected
over several decades.

Apart from the seasonal variation of about 20% found for the overflow
transport through the western valley, the data set is still not sufficient
for a quantification of the variability of the total Iceland-Faroe Ridge
overflow transport. How could the mean overflow across the Iceland-
Faroe Ridge and especially its variability be assessed in greater detail?
A monitoring of the Iceland-Faroe Ridge overflow using moored in-
strumentation along the ridge crest would be a labour-intensive and
expensive undertaking, given the large width of the passage. Repeat
surveys with sea gliders along the southern slope of the ridge have
proven to be useful for estimating mean overflow transports down-
stream of the Faroe-Bank Channel. The gliders were also operated
over the Iceland-Faroe Ridge (Nick Beaird, personal communication),
but their low speed makes them unsuitable for a monitoring of the
Iceland-Faroe Ridge overflow. As the overflow transport through the
Faroe Bank Channel and its associated entrainment downstream are
quantified to a high degree, an integral measurement of both overflows
at the continental slope south of Iceland may be suited to reveal the
strength of the Iceland-Faroe Ridge overflow.

The measurement of interannual up to decadal variability remains an
open question for all overflows across the Greenland-Scotland Ridge.
Elucidating this issue is one amongst other objectives of the EU project
THOR (Thermohaline Overturning - at Risk?). One part of THORs
observational component is the deployment of instruments to investi-
gate key features of the shallow overflows across the Wyville-Thomson
Ridge and the Iceland-Faroe Ridge. A suggestion resulting from my
study is a deployment of an ADCP closer to the sill of the western
valley where less entrainment has occurred than at the mooring whose
data was analysed here. This could tighten the conclusion of overflow
water passing through the western valley with a magnitude that can
be predicted from upstream hydrographic conditions.

Entrainment Both studies regarding mixing in the dense overflows give a
consistent picture of the downstream evolution of the dense overflow
plumes in Denmark Strait and the Faroe Bank Channel. The initial
descent and the region of high plume velocities is accompanied by
strong vertical mixing. Farther away from the sills the plumes break
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up into eddies that can cause entrainment by lateral stirring. While
the two studies were carried out for two different overflow plumes,
they suggest these different regimes to be general features of their
associated entrainment. The results of both studies show that a simple
parameterisation of entrainment that is only based on vertical velocity
shear and density difference is not sufficient.

The contribution of eddies to the entrainment into the Faroe Bank
Channel overflow plume has not been quantified yet, but several moor-
ing arrays were deployed downstream the sill during a cruise in June
2008, whose data could be used for a study similar to Voet and
Quadfasel (2010). Likewise, during a cruise in Denmark Strait in
2009, microstructure measurements have been performed that allow a
study of turbulent mixing similar to Fer et al. (2010). First results
(Paka et al., 2010) indicate strong vertical turbulent mixing in the
area predicted by Voet and Quadfasel (2010).

An important question is the relationship between overflow transport
at the sill and associated entrainment downstream. A comparison
between overflow transport time series from the Denmark Strait sill
and a mooring array approximately 500 km downstream shows that the
two time series differ significantly on time scales up to annual, but are
correlated on interannual time scales (Dickson et al., 2008). This
suggests that entrainment varies together with the overflow strength
on long time scales. It might not hold for lower transports, e. g. one
may think of lower plume velocities or density thresholds below which
vertical instabilities do not occur.

The interannual variability of entrainment in the Denmark Strait over-
flow plume is the topic of a Diploma thesis that is underway. It builds
upon the results of Voet and Quadfasel (2010) and Høyer and
Quadfasel (2001). The latter show the connection between eddies in
the overflow plume and sea surface height variability visible in satellite
data. The thesis aims at the relation between meso-scale kinetic energy
in the overflow plume, entrainment and sea surface height variability
over a period of more than ten years.
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A B S T R A C T
The trajectories of 61 profiling Argo floats deployed at mid-depth in the Nordic Seas—the Greenland, Lofoten and
Norwegian Basins and the Iceland Plateau—between 2001 and 2009 are analysed to determine the pattern, strength and
variability of the regional circulation. The mid-depth circulation is strongly coupled with the structure of the bottom
topography of the four major basins and of the Nordic Seas as a whole. It is cyclonic, both on the large-scale and on the
basin scale, with weak flow (<1 cm s−1) in the interior of the basins and somewhat stronger flow (up to 5 cm s−1) at
their rims. Only few floats moved from one basin to another, indicating that the internal recirculation within the basins
is by far dominating the larger-scale exchanges. The seasonal variability of the mid-depth flow ranges from less than
1 cm s−1 over the Iceland Plateau to more than 4 cm s−1 in the Greenland Basin. These velocities translate into internal
gyre transports of up to 15 ± 10 × 106 m3 s−1, several times the overall exchange between the Nordic Seas and the
subpolar North Atlantic. The seasonal variability of the Greenland Basin and the Norwegian Basin can be adequately
modelled using the barotropic vorticity equation, with the wind and bottom friction as the only forcing mechanisms.
For the Lofoten Basin and the Iceland Plateau less than 50% of the variance can be explained by the wind.

1. Introduction

The Nordic Seas, comprising the area between Greenland, Spits-
bergen, Norway, Iceland and the Faroe Islands, are a marginal
sea with great importance for the Atlantic Meridional Overturn-
ing Circulation. Atmospheric conditions in this area lead to a
transformation of inflowing warm and buoyant surface water
into cold and dense deep water masses (Mauritzen, 1996) that
eventually feed the overflows across the Greenland–Scotland
Ridge into the subpolar North Atlantic (Hansen and Østerhus,
2000). The circulation within the Nordic Seas is essential for the
deep water formation as it transports the inflowing surface water
northwards, redistributes the water within the Nordic Seas and
supplies the overflows with the dense water to be exported.

The near-surface circulation of the Nordic Seas was studied
with drogued surface drifters by Poulain et al. (1996), Orvik and
Niiler (2002) and Jakobsen et al. (2003). They find a general
cyclonic circulation with meridional boundary currents and ad-
ditional cyclonic circulation patterns in the Greenland Basin, the
Norwegian Basin and the Iceland Plateau. The surface drifters

∗Corresponding author.
e-mail: gunnar.voet@zmaw.de
DOI: 10.1111/j.1600-0870.2010.00444.x

confirm the tight link between surface circulation and bottom to-
pography that was already noted by Helland-Hansen and Nansen
(1909) in their fundamental study of the Nordic Seas.

Our knowledge about the mid-depth and deep circulation of
the Nordic Seas stems mainly from water mass analyses, current
observations with moored instrumentation and model studies.
The basin structure of the Nordic Seas (Fig. 1) with closed f /H
contours and the weak stratification leads to a strong topographic
steering of the flow field. This led Nøst and Isachsen (2003) to
develop a simplified diagnostic model for the Nordic Seas and
the Arctic Ocean that is driven by climatological wind forcing
and a climatological density field. It solves for a bottom flow
field which compares well with available direct current obser-
vations. The number of these direct current measurements at
depth is limited for the interior of the Nordic Seas as most cur-
rent meter studies concentrated on the in- and outflows to and
from the Nordic Seas. An exception is the study of Woodgate
et al. (1999) who deployed moorings at the continental slope
east of Greenland that extended into the deeper parts of the
Greenland Basin. They find evidence for a recirculation internal
to the Greenland Sea that is intensified towards the edge of the
basin.

Several studies show an intensification of the Nordic Seas’
internal circulation in winter. This seasonal variability is found
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2 G. VOET ET AL.

Fig. 1. Float deployment positions in the
four major basins of the Nordic Seas.
Deployments took place between 2001 and
2008. The area of closed bottom contours is
shown in grey for each basin. The encircling
depth contours are about 1600 m for the
Iceland Plateau and about 3000 m for the
Greenland, Lofoten and Norwegian Basins.

in the surface circulation (Jakobsen et al., 2003), in current me-
ter records at the Greenland shelf break (Woodgate et al., 1999),
in the steric height of the water column (Mork and Skagseth,
2005) and in a diagnostic model by Isachsen et al. (2003).
Contrary to these indications for a strong seasonal variabil-
ity of the Nordic Seas circulation, the dense overflows across
the Greenland–Scotland Ridge are remarkably stable on time
scales longer than a few weeks. No seasonal variability was
found in the overflow through Denmark Strait and it is only
intermittent in the Faroe Bank Channel (Quadfasel and Käse,
2007).

Since 2001 current measurements have been made in the
Nordic Seas by use of profiling Argo floats. The floats drift
at depths of 1000 and 1500 m and this allows one to study the
mid-depth flow below the upper Atlantic and Polar layers in
detail. The main questions we want to answer are (1) What is
the mean pattern of the circulation at mid-depth? (2) Is there a
seasonal cycle in the strength of the deep circulation—similar
to that in the surface layer—that contrasts the stability of the
dense overflows? and (3) What are the driving mechanisms for
the mid-depth circulation of the Nordic Seas?

The paper is structured as follows. Section 2 gives an overview
over the data used in this study, the method for calculating the
deep drift of the floats and an error estimate thereof. In Section 3,
we analyse the topographic steering of the flow field before we
calculate the time-mean circulation scheme at depth in Section 4.
The seasonal variability of the gyres in the basins and forcing
mechanisms are analysed in Section 5. Conclusions are drawn
in Section 6.

2. Data and methods

2.1. Float data set

Within the Argo project a total of 61 profiling floats have been
deployed in the Nordic Seas through February 2009. The aim of
Argo is to establish a global array of profiling floats in the world
oceans providing hydrographic data to estimate the large-scale
geostrophic flow field (Roemmich et al., 1999). Profiling floats
are autonomous drifters equipped with sensors to record vertical
profiles of temperature, conductivity and pressure and in cer-
tain cases even more parameters like oxygen and fluorescence
(Gould, 2005). Floats are passive drifters in the horizontal, but
they can adjust their buoyancy to control their vertical move-
ments. Most of the time the floats stay at a parking depth that is
set prior to their deployment. The floats deployed in the Nordic
Seas were programmed for a parking depth of 1000 m except
for seven floats in the Norwegian and Lofoten Basin that were
set to a parking depth of 1500 m. After drifting at their parking
depth for around 9 d, the floats descend to 2000 m, ascend to the
surface while recording a profile of the water column, stay at
the surface for 5 h to transfer their data and position to a satel-
lite until they descend back to the parking depth. This whole
cycle takes 10 d and is repeated by the floats until eventually the
lifetime of their batteries is reached.

Profiling floats were deployed in all basins of the Nordic Seas
(Fig. 1). The deployments started in summer 2001 and more
than 4100 profiles were obtained by these floats through the last
data update for this study in February 2009. The positions of
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Fig. 2. Positions of all profiles recorded by
the floats in the Nordic Seas. The colours of
the profile positions correspond to the basin
they were deployed in (see Fig. 1).

all profiles recorded by the floats are shown in Fig. 2. With the
growing number of floats in the Nordic Seas the data density
increased from around 15 profiles per month in the early years
to around 70 profiles per month at present (Fig. 3).

We use the surface position data of the floats to estimate the
flow field at mid-depth. In principle, these measurements are
not truly Lagrangian, due to the surfacing of the floats every
10 d and the inability of the floats to follow vertical motion,
but the drift of a float during one cycle is still a sound mea-
surement of the water mass pathway integrated over 10 d. This
is shown in a comparison between drifts measured by acousti-
cally tracked RAFOS floats and profiling floats by Machı́n et al.
(2006). Their study shows no significant difference between the

Fig. 3. Number of profiles per month recorded by the floats for each
basin of the Nordic Seas.

results from the two instrument types, the only drawback of the
profiling floats being that eddy variability at short time scales
is not resolved. The surfacing of the floats even has an advan-
tage. It improves statistics compared to the RAFOS floats as
it leads to a decorrelation of the single displacements at depth
and thereby increases the number of degrees of freedom (Davis,
1998).

All observations deriving from the two different float parking
depths were treated as mid-depth and no recalculation of the
1500 m data has been done to lift them up to 1000 m. Below the
relatively warm and saline Atlantic and the cold and fresh Arctic
water masses at the surface, the stratification in the Nordic Seas
is weak. The largest depth reached by the Atlantic water masses
is found in the Lofoten Basin with approximately 800–900 m
(Orvik, 2004). Thus, below 900 m geostrophic shear should be
weak. Calculations with the float profile data from the Nordic
Seas confirm that between 1000 and 1500 m the velocity differ-
ence is less than 0.3 cm s−1 except for a small area in the Lofoten
Basin where it can be up to 0.7 cm s−1. We therefore treat both
parking depths as one level.

In certain cases of shallow bathymetry the floats may hit the
bottom and get stuck when attempting to descend to the profiling
depth of 2000 m. This happened only after the drift at the parking
depth and in all cases the sensors showed no sign of a delayed
ascent to the surface thereafter, indicating that no trapping of
floats at the seafloor occurred.

2.2. Estimating the deep drift from surface positions

To calculate the drift of a float at depth, we take the last sur-
face position before its descent to the parking depth, the first
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surface position after the ascent back to the surface and the
time interval between these two positions. The drift velocity
then is the distance between the two positions divided by the
time interval. We define the location and time of the velocity
observation as the mid-point between the diving and surfacing
points. Two main error sources have to be considered when the
surface positions of the floats are used to infer the drift at depth.
These are the uncertainty of the position fix and the velocity
shear the float encounters on its passage between surface and
depth.

The uncertainty of the position fix is influenced by two fac-
tors, the technically limited accuracy of the satellite positioning
system and the non-continuous measurement of the surface po-
sition. The accuracy of the CLS-Argos positioning system is
always better than 1500 m with a mean uncertainty of 800 m
for all position data used in this study. This corresponds to a
velocity error of less than 0.2 cm s−1. The mean distance that a
float covers within one subsurface cycle is 35 km, the median
is 28.5 km (Fig. 4). Thus, the error arising from positioning in-
accuracy is less than 5% for most of the measurements, except
for very low drift velocities and hence short drift distances. The
measurement interval of the surface position depends on the
frequency of satellite overpasses. A long time interval between
the position measurements can lead to a considerable time lag
between the real surfacing position of the float and the first
position fix by the satellite. The same holds for the diving po-
sition. Park et al. (2005) developed a routine that extrapolates
the surfacing and diving positions from the positions fixed by
the satellite and thereby increases the accuracy of the deep drift
estimate. We do not use this method for two reasons. First, the
large satellite coverage at the high latitudes of the Nordic Seas
reduces the mean time interval between single position fixes to
only 14 min. This results in an uncertainty of the real diving

Fig. 4. Histogram of the distances covered by the floats during
individual cycles. The straight line shows the mean of the distribution,
the dashed line gives the median.

and surfacing position that is smaller than the spatial uncer-
tainty of the position fix itself. Second, the method of Park et al.
(2005) requires the exact surface arrival time that usually is part
of the metadata. Unfortunately, this data set is incomplete for
our Nordic Seas floats. We therefore simply use the first and
last position fix, treating them as the real surfacing and diving
points.

A simple approach for estimating the influence of the velocity
shear between surface and depth on the calculation of the drift
velocity at depth is a linear interpolation between surface and
deep velocity (Lebedev et al., 2007). The mean surface velocity
during the time interval the float stays at the surface, calcu-
lated by a least squares fit to the surface positions, is 20 cm s−1.
The mean velocity at depth, calculated from all float displace-
ments, is about 4 cm s−1. Thus, during the 2 × 7 h of ascent
and descent between surface and parking depth the mean ve-
locity is 12 cm s−1. With the mean vertical velocity of a float of
0.08 dbar s−1 this results in a maximum displacement of about
5 km during the round-trip between depth and surface. This is
the upper limit for the error deriving from velocity shear which
may not be reached in all cases.

Surface velocities are dominated by Ekman drift and inertial
currents that influence only the upper part of the water column.
As the float is at the surface for only five hours the contribution of
inertial currents to the surface flow is random in its direction. An
analysis of the wind direction over the Nordic Seas shows that it
is randomly distributed over the Norwegian and Lofoten Basins
while over the Greenland Basin and the Iceland Plateau winds
from the north are dominating. Consequently, the Ekman drift
is also randomly directed in the Norwegian and Lofoten Basins
while it is expected to have a preferred direction in the Greenland
Basin and Iceland Plateau. When averaging over a number of
records, the influence of inertial currents and, at least for the
Norwegian and Lofoten Basins, the Ekman drift is expected to
cancel out.

We tested the influence of the surface velocity on the deep
velocity estimate by omitting the surfacing completely, i.e. by
only taking one random surface position per surfacing. With
the deep drifts calculated from these positions only, the results
reported in this paper are only slightly altered. This supports
the assumption of the surface velocities being, at least to some
extent, random noise that averages out when calculating mean
values from a larger number of observations.

There is another factor that may systematically decrease our
velocity estimate. We assume the deep drift to be a straight
line between the two surface position fixes. The topographic
steering of the flow in the Nordic Seas (see below) should lead
to a more complex path of the flow that can only be of equal
length or longer than a straight line. We cannot account for this
underestimate in our velocity calculation as we are lacking any
position information between the surface position fixes. When
comparing the float measurements with Eulerian measurements
from moorings this effect has to be kept in mind.
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2.3. Wind stress data

To estimate the atmospheric wind forcing over the Nordic Seas,
NCEP/NCAR-reanalysis data (Kalnay et al., 1996) are used. The
NCEP/NCAR-reanalysis assimilates a multitude of observations
into a model to produce a homogeneous data set of many atmo-
spheric and oceanic variables. A comparison with QuikSCAT
wind fields, a data set derived from active radar measurements
of the sea surface roughness, has shown that the NCEP/NCAR-
reanalysis data represents the surface winds over the Nordic Seas
well in terms of low- and high-frequency variability (Kolstad,
2008). We use the 6-hourly momentum flux data set to calculate
the wind stress curl over the Nordic Seas.

2.4. Bottom topography

The ETOPO2 bathymetry with a resolution of two minutes is
used to assign bottom depths and topographic gradients to the
float displacements. For the region of the Nordic Seas, ETOPO2
consists of the Smith and Sandwell bathymetry (Smith and
Sandwell, 1997) south of 64◦N and the International Bathy-
metric Chart of the Arctic Ocean (IBCAO, Jakobsson et al.,
2000) north of 64◦N. For the calculation of bottom gradients we
smoothed the topography at the length scale of the float displace-
ments (Thomson and Freeland, 2003). The mean displacement
for all Nordic Seas floats is about 30 km and we remove scales
smaller than 40 km.

3. Topographically influenced mean flow

The floats have the tendency to stay in the basin where they were
deployed in (Fig. 2). On average 75% of all float positions stem
from the deployment basin while the remaining 25% are located
in one of the other basins. There is some organized exchange
through the opening between the Norwegian and Lofoten Basin
with floats leaving the Norwegian Basin with the rim current
in the southern part of the opening. Floats only transfer from
the Lofoten into the Norwegian Basin in the northern part of the
opening. Furthermore, some floats leave the Lofoten Basin in the
rim current towards Fram Strait, one float leaves the Greenland
Basin southward in the rim current. The floats’ stay in the Iceland
Plateau is rather short, and most of them escape towards the
southeast into the Norwegian Basin within one to 2 yr. One float
from the Iceland Plateau even made its way through the Faroe
Bank Channel into the subpolar North Atlantic. However, the
Iceland Plateau is an exception and the floats mostly stay in the
basin they were deployed in.

In general the floats follow lines of constant bottom depth.
Examples for single trajectories can be found in Gascard and
Mork (2008) and Søiland et al. (2008). In Fig. 2 the positions
of two floats above the only 1000–1500 m deep Vøring-Plateau
off the Norwegian coast between the Lofoten and Norwegian
Basin show that they were trapped there. This indicates again

the topographic steering of the flow field as the floats and thus
the water cannot move away from the relatively shallow plateau
into deeper areas.

Given the strong topographic steering we project the mea-
sured drift velocities onto the bathymetry. This gives us velocity
components along and across the local topography instead of
north and east components. The convention here is that for the
along bathymetry component, positive values have the shallow
bottom on the left side irrespective of the basin.

Figure 5 shows the distributions of the along and across
bathymetry velocity components of all drift records, both for
regions of strong and weak topographic gradients. They differ
in two aspects. First, the distribution of the along component
is broader compared to that of the across component. Thus the
variation of the along topography flow is larger than that of
the across component. Mesoscale variability is expected to be
isotropic and the variance of the currents in both along and across
bathymetry direction should be equal. The larger along topog-
raphy variance indicates that another process is acting on this
component. Below we will show, that the increase of variance
is due to the seasonal cycle of the flow. Second, while the across
component is distributed around zero, the along component is
shifted towards negative velocities, most pronounced in the rim
currents. This negative shift of the along bathymetry component
corresponds to a mean cyclonic circulation. The corresponding
distributions for the individual basins show the same structure
in each of the four basins.

The dependence of the along bathymetry velocity component
on the size of the bottom slope is shown in Fig. 6. While single
data points exhibit a large variability, the bin-averaged values
show an increase of the velocity with steeper bottom slope. The

Fig. 5. Histogram of the velocity components along bathymetry (upper
panel) and across bathymetry (lower panel) with distinction between
velocities over strong (>0.015) and weak bottom gradient (≤0.015).
The mean values for both distributions of the across component are not
significantly different from zero while for the along component the
mean values are −3.5 cm s−1 over strong and −1.3 over weak bottom
gradient.
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Fig. 6. Dependency of the along bathymetry velocity component on
the bottom gradient for the four basins. Individual observations are
marked with small dots. Not all individual data points are shown in this
figure. The individual observations averaged into bottom gradient bins
are shown with bold markers. For weak bottom gradients, where many
observations are available for averaging, the width of the bins is
smaller than for strong bottom gradient, where the data is sparse.

velocity is negative which stands again for cyclonic flow. The
intensification of the flow with increasing bottom gradient is
evident in all four basins of the Nordic Seas. The average over
all basins shows a linear increase of the velocity with the bottom
gradient until a maximum value is reached at a gradient of about
0.03. From thereon, the mean velocity is approximately constant.

The dependence of the current velocity at depth on the size
of the local bottom gradient confirms the results of Nøst and
Isachsen (2003). They show that within closed f /H contours
the bottom velocity is dependent on the local slope of the f /H
field and on the integrated forcing within that contour. We will
come back to the latter point when analysing the forcing of the
seasonal variability of the circulation.

4. Time-mean mid-depth circulation

4.1. Mean circulation scheme

For the construction of a mean circulation map at the float
parking depth the data set is averaged over the whole period
2001–2009. The map is calculated by assigning each float ob-
servation to the nearest point of a rectangular grid with the size
of one degree latitude, i.e. about 110 km. The calculation of
the distance between observation and grid point takes the to-
pographic steering of the flow into account. It thus models the
longer correlation scales along bottom topography. Following
Davis (1998), the effective distance r between float observation
and grid point is calculated as

r2 = |xa − xb|2 +
∣∣∣∣3λ

Ha − Hb

Ha + Hb

∣∣∣∣
2

, (1)

where the first term on the right-hand side gives the geographical
distance between observation and grid point. Here xa denotes the
position of the grid point and xb the position of the mid-depth
observation. The second term with the bottom depths Ha and Hb

at the points xa and xb increases the effective distance according
to the difference in bottom depth between observation and grid
point. The topography parameter λ was chosen to be 100 km as
in Lavender et al. (2005). The bottom depths for the calculations
were obtained from the smoothed ETOPO2 bathymetry data set.
After assigning each observation to its nearest grid point, the
mean velocity and direction at each grid point are calculated as
the mean over all observations the grid point comprises.

The resulting pattern of the mid-depth circulation is shown in
Fig. 7. Velocity vectors are only shown at grid points where at
least five data points are available. Figure 8 gives the number
of observations that were used in the calculation of the mean
velocity vectors. Cyclonic gyres are found in each of the basins.
They are intensified towards the rims. In the centre of the basins
the velocities are relatively small and more randomly directed.
The largest variability (not shown) is found at the rim while it
is low in the centre of the basins. An exception is the Lofoten
Basin where the variability in the centre is almost as high as at the
rims. As already indicated in Fig. 2, we do not find a strong mean
advection between the basins of the Nordic Seas. Exceptions are
the export of floats from the Iceland Sea to the Norwegian Basin
and some exchange between Lofoten and Norwegian Basin due
to gaps in the topographic barrier between these two basins. The
small exchange of floats between the basins does not mean that
there is no exchange of water masses between the basins though.
Transports can happen in narrow, jet-like currents that floats are
not capable of covering adequately.

The circulation at mid-depth generally has the same pattern
as the surface circulation shown in the study by Jakobsen et al.
(2003). They also find cyclonic recirculation in the Greenland
Basin, the Iceland Plateau and the Norwegian Basin. Their sur-
face flow pattern in the Lofoten Basin is directed northwards
at the eastern and western edge of the basin and thus has both
a cyclonic and anticyclonic component. This is in contrast to
our finding of a strong cyclonic gyre at mid-depth and implies
a considerable shear between surface and mid-depth flow in the
western part of the Lofoten Basin. The mid-depth circulation
found here is also very similar to the model results of Nøst and
Isachsen (2003) who show a scheme of the bottom-near circula-
tion in the Nordic Seas. This confirms their simple and elegant
model and also agrees with the few mooring current measure-
ments they used to validate their model output. The small and
randomly directed velocities in the centre of the gyres agree with
the mooring records from the Greenland Basin of Woodgate et al.
(1999).

For an estimate of the statistical robustness of the mean circu-
lation scheme we calculate the statistical uncertainty of the mean
velocities following Lavender et al. (2005) as the covariance of
each average divided by the number of degrees of freedom in
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Fig. 7. Time-mean mid-depth circulation of
the Nordic Seas on a rectangular grid with a
size of 110 km. Only mean values calculated
from more than five observations are shown.

Fig. 8. Number of observations per grid cell
used for the calculation of the mean
velocities.

the average. Each observation contributes a degree of freedom
unless it is correlated with another observation in the same grid
cell. For different floats there is no correlation as the floats did
not encounter each other close enough in time and space. For
a single float, successive observations may very well be corre-
lated with each other. However, the time lagged autocorrelation
for single floats in our data set shows that the observations are
decorrelated after about 10 d, indicating that consecutive subsur-

face drifts are essentially uncorrelated. A conservative estimate
of the Lagrangian integral time scale is to take the decline in the
autocorrelation in both directions. This results in a time scale of
about 20 d. Dividing the time a single float spends in a grid cell
by this decorrelation time scale gives the degrees of freedom
it contributes. A decorrelation time scale of 20 d is consistent
with the results of Lavender et al. (2005) who also use this value
for the double-sided decorrelation time scale. The statistical
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uncertainties calculated with this integral time scale show that
most mean velocities are significant. Only few mean velocities
in the centre of the basins are smaller than their statistical un-
certainty.

4.2. Topostrophy

It is instructive to study the topographical steering of the flow
with a single scalar parameter. Killworth (1992) introduced such
a parameter to measure the alignment of the flow with bottom to-
pography. Holloway et al. (2007) termed this parameter topostro-
phy. The topostrophy T is defined as the vertical component of
the cross product of velocity vector and bottom gradient:

T = (�v × �∇H )z, (2)

Topostrophy is positive for cyclonic flow and negative for an-
ticyclonic flow. It is zero for a current perpendicular to local
isobaths. We define the normalised topostrophy T̂ as

T̂ = (�v × �∇H )z
|�v| · | �∇H | . (3)

The normalized topostrophy derived from the float velocity data
set confirms the general cyclonic circulation at mid-depth in the
Nordic Seas (Fig. 9). This holds particularly for the rim currents
in the basins. In the interior of the basins, gradients of local
topography are weak and the flow is less aligned with bottom
contours. The strongest alignment with the bottom topography
is found over the Iceland Plateau and in the western and southern
part of the Norwegian Basin. These two areas also show rela-
tively strong positive topostrophy away from the rim current.
Slightly negative topostrophy in the centre of the Lofoten Basin
and the associated anticyclonic flow confirms the findings of

Köhl (2007), who detected a permanent anticyclonic ‘Lofoten
Vortex’ in a high resolution regional model simulation.

5. Seasonal variability

5.1. Seasonal signal in the float velocity data

Previous studies of currents in the Nordic Seas revealed con-
siderable variability on the seasonal time scale. Jakobsen et al.
(2003) find an intensification of the surface flow in winter of or-
der of 5 cm s−1. Transports calculated from mooring records in
the Greenland Sea (Woodgate et al., 1999) and in the Norwegian
Basin (Orvik et al., 2001) are stronger in winter than in summer.
Mork and Skagseth (2005) studied the seasonal variability in
bottom speeds calculated from altimeter data and hydrographic
data. They find a spin-up of the gyres in winter and spring in
the Greenland, Norwegian and Lofoten Basin, with the high-
est seasonal variability in the Norwegian Basin of about 1 to
2 cm s−1.

We use our float data set to estimate the strength of the sea-
sonal cycle of the circulation at mid-depth. At the beginning of
2009, the number of observations is yet insufficient to detect the
temporal variability at the spatial resolution used for our mean
circulation map (Fig. 7). We therefore calculate the monthly
mean gyre velocities in a geographic frame to construct velocity
time series for the individual basins. The monthly mean veloc-
ity in a basin gyre is defined here as the average over all along
bathymetry velocities recorded in the rim areas of the basins
during one month. Figure 10 shows the data points at the rim
in each basin used for the calculation. For the Greenland and
Norwegian Basin, the area between the 1000 and 3000 m iso-
bath is chosen to represent the rim of the gyres. In the Lofoten
Basin we define the rim as the area between 2800 and 3200 m

Fig. 9. Normalised topostrophy derived
from the mean circulation scheme. Blue
colours stand for cyclonic flow, red colours
for anticyclonic flow. The closer the absolute
value of the normalized topostrophy tends
towards one, the more the flow is aligned to
the bathymetry.
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Fig. 10. Observations used to calculate mean
velocities of the basin gyres. Observations
between the 1000 and 3000 m isobaths were
chosen to be representative for the rim in the
Greenland and Norwegian Basin.
In the Lofoten Basin the area between the
2800 and 3200 m depth contours defines
the rim of the basin. For the Iceland Basin
the whole area deeper than 1000 m is chosen.

bottom depth. This discards data at the very eastern edge of the
Lofoten Basin that are not associated with the gyre circulation.
For the analysis of the Iceland Plateau gyre all data are used,
as it is not possible to define a rim on the relatively shallow
plateau. Figure 11 shows the number of observations per month
that are available for the calculation of gyre velocities in each
of the basins. Using different rim definitions, as for example
2000–3000 m for the Norwegian and Greenland Basin, does not
change the results in a qualitative way but only results in a small
change in the amplitude of the seasonal cycle.

The rationale for using only rim data is twofold. First, veloc-
ities in the centre of the gyres are small and often not aligned

Fig. 11. Number of records used for the calculation of the monthly
mean basin gyre velocities.

with topography. This can be seen in the mean mid-depth circu-
lation scheme (Fig. 7). Second, when analysing the forcing of
the seasonal variability below, we will use a barotropic vorticity
equation to describe the temporal evolution of the basin gyre
velocities. In this equation, the velocities at the rim of the gyres
are used.

The method of calculating monthly mean gyre velocities from
the float observations is problematic due to the position and time
of the deployment of the floats. Most floats were deployed in
the centres of the basins (Fig. 1) during cruises that took place
between late spring and early autumn. This uneven distribution
in space and time may have an influence on the calculation
of monthly mean velocities. By taking observations at the rim
of the basins only, the problem of the deployment positions is
minimized.

The monthly mean gyre velocities for the four basins are
shown in Fig. 12. A low-pass filter (weighted three point aver-
age) is used to smooth the data for the seasonal analysis. The
Greenland Basin has a seasonal cycle with higher velocities
in winter and a minimum velocity in late summer as has the
Norwegian Basin. The peak-to-peak amplitude of the seasonal
variability is about 3 cm s−1 for the Greenland Sea and 1.5 cm s−1

for the Norwegian Basin. In the Norwegian Basin, a semi-annual
cycle seems to be superimposed on the seasonal cycle. The ob-
servations over the Iceland Plateau also show lower velocities
in summer than in winter, but the amplitude is small with only
about 0.5 cm s−1. This low amplitude matches with the low mean
velocities found over the Iceland Plateau (Figs 6 and 7).

In the Lofoten Basin we do not find a clear seasonal cycle as in
the other basins. Here low velocities occur in winter and maxima
are seen in early summer and early winter. Peak-to-peak changes
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Fig. 12. Seasonal variability of the gyre velocity in the four basins.
The gyre strength is defined as the mean velocity along the bathymetry
at the rim of the gyre. Thin lines with markers give monthly mean
values, thick lines show a low-pass filtered version (weighted
three-point average) of the monthly values. The standard deviation for
the monthly mean values (not shown in the figure) is about 4–6 cm s−1

for all months and basins. This statistical uncertainty reflects the
mesoscale variability that is not resolved by the measurement cycle of
the floats of around ten days.

are just over 1 cm s−1. This is quite in contrast to the pattern in
the other basins which may have several reasons: On the one
hand, it is not clear whether this result is still influenced by the
many observations from the eastern part of the basin (Fig. 10).
The scheme of the time-mean circulation (Fig. 7) shows that the
flow diverges in this area. In addition, the eastern part of the
Lofoten Basin is an area of high eddy kinetic energy (Gascard
and Mork, 2008) that could influence the calculation of the mean
gyre velocity. On the other hand, the layer of warm Atlantic water
spreads over the whole surface area of the Lofoten Basin and
deepens considerably. This could lead to forcing mechanisms
different from the other basins resulting in a different seasonal
cycle. We come back to this when analysing the forcing of the
seasonal variability by the wind stress below.

5.2. Wind forcing

The mean wind forcing over the whole Nordic Seas is cyclonic
and has a pronounced seasonal cycle (Jónsson, 1991). Figure 13
shows the monthly mean wind stress curl for each basin of the
Nordic Seas calculated for the period when floats were present in
the basin. These periods are also representative for the complete
60 yr NCEP record except for the Iceland Plateau where the
wind stress curl in March and November is considerably smaller
in the float period. Overall the mean wind stress curl has a clear
seasonal cycle. The maximum of the curl occurs in winter while
it is almost zero in the summer months. The strength of the sea-

sonal momentum forcing is largest in the Greenland Basin and
smallest over the Norwegian Basin. Our float observations fall
into a period with a moderately high (0.5) NAO Index. The state
of the NAO is very important for the wintertime wind speeds in
the Nordic Seas, with a high correlation between positive NAO
Index and wintertime wind speeds (Kolstad, 2008). Numeric
simulation results of Serra et al. (2010) also show the correspon-
dence between decreasing NAO Index and less cylonicity of the
Nordic Seas gyre circulation.

5.3. Forcing of the circulation

The ocean has a barotropic and a baroclinic response to the wind
forcing by radiating barotropic and baroclinic planetary waves.
The time scale for the adjustment of a basin of the size of the
Nordic Seas at high latitudes is several years for the baroclinic
waves but only some days for the barotropic waves. Thus, the
seasonal variability of the wind forcing cannot be compensated
by baroclinic oceanic processes and only a barotropic response
of the ocean to the wind forcing can be expected.

From weather maps, Aagaard (1970) calculated monthly
mean Sverdrup transports for the Nordic Seas and found trans-
ports exceeding 30 Sv (1 Sv = 106 m3 s−1) at the western bound-
ary of the Nordic Seas. He assigns this strong transport to
the internal gyre recirculation. The variability between differ-
ent months is large in his calculations. However, the order
of 30 Sv, also estimated by Jónsson (1991) from wind ob-
servations, agree with estimates from current measurements
(Aagaard, 1970; Woodgate et al., 1999), suggesting that the
wind field is able to maintain the internal gyre circulation, at
least at the western boundary in the Greenland Sea. Mork and
Skagseth (2005) study the relation of the wind forcing over the
Norwegian Basin to the observed seasonal cycle of the bottom
flow speed. Using a harmonic fit to both cycles, they show that
the phase of the wind forcing is able to explain the observed
changes in the flow speed.

To analyse the influence of the wind forcing on the seasonal
variability of the flow field derived from the float data (Fig. 12)
we use a vertically integrated stream function describing the vor-
ticity input to the Nordic Seas. The use of a vertically integrated
stream function is justified as the stratification in the Nordic
Seas is weak. With the stream function � of the vertically inte-
grated volume transport and a rigid lid approximation, Marotzke
and Willebrand (1996) obtain the equation for the barotropic
vorticity

∂

∂t

(
�∇ · 1

H
�∇�

)
+ �∇� × �∇ f

H

= �∇ × �τw − �τb

H
+ �∇E × �∇ 1

H
+ . . . (4)

with wind stress �τw divided by surface density, bottom stress �τb,
bottom depth H and the potential energy E of the stratification.
The second term on the right is the bottom torque that expresses
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Fig. 13. Monthly mean wind stress curl
integrated over the basins of the Nordic Seas
(bars). The wind stress curl is calculated
from NCEP/NCAR reanalysis momentum
fluxes. The time periods used to calculate the
mean values correspond to the time that
floats stayed within the basin. The dashed
lines show the seasonal cycle of the wind
stress curl for the whole 60 years of the
NCEP/NCAR reanalysis period 1948–2008.
The area of the basins is defined by the
1200 m depth contour for the Iceland
Plateau, by the 1000 m isobaths for the
Greenland and Norwegian Basins and by the
2800 m depth contour for the Lofoten Basin.

the effect of potential energy gradients along lines of constant
bottom depth. Non-linear terms are neglected here. The steady
state solution of this equation for a basin with constant bottom
depth is the well-known Sverdrup relation.

The integration around closed f /H contours simplifies the
barotropic vorticity equation. The bottom torque term involves
the Jacobian with 1/H and vanishes identically when integrated
around a closed f /H contour. Isachsen et al. (2003) show in their
model of the Nordic Seas that the bottom torque term is in fact
small compared to the other terms. Using Stokes’ theorem, the
barotropic vorticity equation can be reduced to

∂

∂t

∮
C

�vd�r =
∫

A

�∇ × ( �τw − �τb)

Hρ0
dA. (5)

This relates the temporal change of the barotropic velocity inte-
grated around a closed contour C to the curl of wind and bottom
stress integrated over the area A confined by C.

All terms of the simplified barotropic vorticity equation can
be calculated using the float measurements of the seasonal cycle
of the basin gyre velocities and the reanalysis data for the wind
forcing. The bottom drag is calculated from the gyre velocities
observed by the floats applying a linear drag law

�τb = R · �v. (6)

Here we assume that the observed mid-depth velocities are also
representing the near bottom velocities. The unknown drag pa-
rameter R is finally derived by optimising the sum of wind and
bottom drag to the observed velocity change. This gives drag
parameters for each basin in the range between 5 × 10−4 and
10 × 10−4 m s−1 which is of the same order of magnitude used
in the model of Isachsen et al. (2003).

As f varies only little at these high latitudes, depth contours
are used instead of f /H contours for the integrals around C and

over A. To be consistent with the velocity calculations we use the
same basin definitions as above—1000 m for the Greenland and
Norwegian Basins, 2800 m for the Lofoten Basin and 1200 m
for the Iceland Plateau.

When the variability in the system is driven by the wind and
bottom friction only, the sum of these two should match the ob-
served changes of the gyres on the seasonal time scale. Figure 14
compares the observed change of the gyre velocities (left-hand
side of eq. 5) with the sum of wind forcing and bottom drag
(right-hand side of eq. 5). For the Greenland and Norwegian
Basins, where a seasonal cycle in the gyre velocity with a mini-
mum in summer was observed, the wind forcing explains a large
part of the observed seasonal variability. The correlation between
observation and the sum of wind and bottom drag is about 0.8 in
the Greenland Basin with a time lag of 2 months and also about
0.8 in the Norwegian Basin with a time lag of 1 month. This mis-
match in the phasing of the signal may stem from processes not
considered in our analysis. Mixed layer deepening and convec-
tion is strongest during late winter, about 3–4 months after the
maximum momentum forcing. At least in the Greenland Basin
this buoyancy forcing leads to an enhanced doming of the deeper
water column inducing cyclonic rotation of the layer. This en-
hances the local baroclinic flow, acting against the weakening
barotropic gyre circulation.

Processes other than the wind forcing seem to play an even
more important role in the Lofoten Basin where the correlation
between observed velocity change and the sum of wind and
bottom drag terms is always below 0.5, no matter which time lag
is applied. For the Iceland Plateau the match between observation
and wind forcing is small in our analysis. The velocity change
was calculated over the whole area of the Iceland Plateau and
not just at the rim as should be used in eq. (5). Therefore we
cannot tell whether the misfit for the Iceland Plateau is due to
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Fig. 14. Comparison of observed seasonal
changes of the basin gyre circulation (black)
and calculated changes from forcing terms
(red). The wind forcing term is shown with
the green line and the bottom friction with
the blue line. The three-point weighted
average version was used for all terms shown
here.

the wrong velocity observation used in the analysis or associated
with real oceanic processes.

The importance of the wind forcing, at least for the Norwe-
gian and Greenland Basins, is supported by the model study of
Isachsen et al. (2003) who find wind forcing more important
than hydrographic (thermal wind shear) forcing for flow along
f /H-contours on time scales from monthly to annual.

6. Summary and conclusions

In this paper, we have analysed the trajectories of 61 autonomous
profiling floats that were deployed within the international Argo
programme in the Nordic Seas between 2001 and 2009. Based
on 10-d subsurface drifts between consecutive surfacing of the
floats we have studied both the mean circulation at mid-depth
(1000–1500 m) and its seasonal variability.

The floats were initially deployed near the centres of the four
basins—the Greenland, Lofoten and Norwegian Basins and the
Iceland Plateau (Fig. 1). It turned out that float diffusion between
the basins was small and most floats stayed within their home
topographic structure throughout their lifetime (2–5 yr). There
were regional differences, though. The Greenland Basin appears
to be very isolated while the two eastern basins, being swept by
the northward flowing Atlantic water, suffered a larger loss of
floats to their neighbours. In all, however, only 25% of the floats
escaped and moved to another basin or region. This certainly
indicates that the overall mean advection in the Nordic Seas
is limited to the narrow boundary currents and the exchanges
between the gyres and the boundary flow are dominated by dif-
fusive processes, such as mesoscale or submesoscale processes
rather than advection.

The forcing for the Nordic Seas circulation consists of three
mechanisms that are drivers for a cyclonic circulation: momen-
tum forcing, heat fluxes and freshwater input. The Nordic Seas

are exposed to strong momentum forcing, with the Greenland
High and the Icelandic Low being the permanent features of
the atmospheric pressure pattern. Both, buoyancy and momen-
tum forcing, drive the cyclonic circulation internal to the Nordic
Seas that may be viewed as a northern extension of the North At-
lantic’s Subpolar Gyre, albeit with regional characteristics due to
the limited exchange across the Greenland–Scotland Ridge. Mo-
mentum and buoyancy forcing are both characterized by large
seasonal variability. Winter heat fluxes to the atmosphere may
reach 300–400 W m−2 whereas during summer the ocean is gain-
ing heat at a rate of up to 150 W m−2. River run-off is largest
in spring, after snow melt. Likewise, the momentum fluxes, ex-
pressed as the curl of the wind stress, range between 0 and
4 × 10−7 N m−3 in summer and winter, respectively.

The mid-depth flow in all basins is cyclonic, which is con-
sistent with the surface flow (Jakobsen et al., 2003). This does
not really come as a surprise, given the three cyclonic forc-
ing mechanisms. Near the rim of the basin gyres mean current
speeds are 1–3 cm s−1 whereas in the centres they are reduced to
less than 1 cm s−1. Overall the flow pattern documents the tight
topographic control of the circulation as a result of the weak
stratification. The velocities (see Fig. 6) translate into mean
internal gyre transports of up to 15 Sv, several times the over-
all exchange between the Nordic Seas and the subpolar North
Atlantic.

The seasonal variability of the gyre circulation within the
Greenland and Norwegian Basins is large and in magnitude
comparable to that of the mean flow. The tight phase link to
the momentum forcing suggests that the seasonal circulation
is a barotropic response to the winds and that baroclinic ef-
fects like convection only play a minor role for setting up the
currents on the basin scale. When balancing the vorticity in-
put by the winds with the losses due to linear bottom friction
we estimate drag coefficients between 5 and 10 × 10−4 m s−1,
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reasonable values that fall into the same range as those used in
numerical model simulations. Estimated transport variability is
up to 15 ± 10 Sv, a value confirmed by earlier direct current
measurements using moored instrumentation (Woodgate et al.,
1999). Over the Iceland Plateau the seasonal wind forcing is less
pronounced compared to the Greenland Sea. Here the gyre cir-
culation shows the smallest seasonal variations, consistent with
the forcing. Also, the topographic gradients are much weaker
than in the other basins and the flow may not be subject to as
rigorous a topographic control as in the other regions. In addi-
tion, our database here is smallest and it may not be sufficient to
detect the variability.

The largest deviation from our simple barotropic response
model occurs in the Lofoten Basin. The gyre circulation here
contains a strong semi-annual component comparable in mag-
nitude to the seasonal signal. The reason for this is not clear to
us. The forcing, wind and bottom friction, is clearly seasonal,
but the float exchange with the Norwegian Basin in the South
and the continental slope region in the West Spitsbergen Cur-
rent in the North suggest a weaker topographic control of the
flow. Results from a numerical model simulation confirm this
behaviour (Serra et al., 2010). The Lofoten Basin is a region
of enhanced mesoscale variability generated by baroclinic in-
stabilities of the flow, first described by Helland-Hansen and
Nansen (1909) as puzzling waves and also observed in drifter
studies (Poulain et al., 1996; Jakobsen et al., 2003; Rossby et al.,
2009). These baroclinic effects may also play a role in setting up
the circulation, but our data set does not allow to explore such
mechanisms.

The Nordic Seas are a region of intense water mass transfor-
mation. Here, through heat loss, freshwater input and melting
and freezing of sea ice, buoyant Atlantic Water is transformed
into buoyant (cold, low salinity) near surface waters and dense
(cold, intermediate salinity) intermediate and deep waters. The
surface waters leave the Nordic Seas via Denmark Strait and en-
ter the subpolar North Atlantic as a narrow and shallow boundary
current (about 2 Sv, Sutherland and Pickart, 2008) on the East
Greenland shelf and continental slope. The dense waters exit
into the subpolar Atlantic in different pathways via the overflows
across the Greenland–Scotland Ridge, mainly through Denmark
Strait and the Faroe Bank Channel. This exchange is limited by
topographic (hydraulic) control and presently the Nordic Seas
contribute only about 6 Sv (Quadfasel and Käse, 2007) to the
North Atlantic Deep Water.

Direct current measurements over the Greenland–Scotland
Ridge show that the Nordic Loop of the Subpolar Gyre of the
North Atlantic has a strength of about 8 Sv. Seasonal variability
of these exchanges across the ridge is small and amounts to 1 Sv
at most (Hansen and Østerhus, 2007). In contrast, the internal
horizontal circulation cells in the Nordic Seas that are linked to
the four topographic basins are at least twice as strong as the
overall exchange, with their seasonal variability exceeding that
of the ridge exchanges by an order of magnitude.

The main role of the Nordic gyres thus is the transformation
of buoyant surface water into dense deep and intermediate water.
This process and the associated circulation set up and maintain
fronts. Instabilities of the fronts then provide the energy for
meso- and submesoscale stirring and mixing, transferring the
transformed water masses from the gyres’ interior to the bound-
ary currents. These eventually feed the overflows into the North
Atlantic.
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co-authors. 2007. Water properties and circulation in Arctic Ocean
models. J. Geophys. Res. 112(C4), C04S03.

Isachsen, P. E., LaCasce, J. H., Mauritzen, C. and Häkkinen, S. 2003.
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Abstract. The entrainment of buoyant ambient water into the
overflow plume of Denmark Strait and the associated down-
stream warming of the plume are estimated using time se-
ries of currents and temperature from moored instrumenta-
tion and classical hydrographic data. Warming rates are high-
est (0.4–0.5 K/100 km) within the first 200 km of the sill, and
decrease to 0.05–0.1 K/100 km further downstream. Stirring
by mesoscale eddies causes lateral heat fluxes that explain
the 0.1 K/100 km warming, but in the first 200 km from the
sill also vertical diapycnal fluxes, probably caused by break-
ing internal waves, must contribute to the entrainment.

1 Introduction

The Meridional Overturning Circulation in the North At-
lantic Ocean is the system of southward flow of cold and
dense water at depth and the compensating northward flow
of warm and buoyant water at the surface. This circulation
is maintained by meridional density gradients in the deep
ocean. The transformation of the buoyant surface component
to the dense deep component takes place in the Labrador Sea
(Schott et al., 2004) and the Nordic Seas (Mauritzen, 1996)
where convective processes lead to the production of dense
waters that contribute to the North Atlantic Deep Water, the
principal component of the lower limb of the Meridional
Overturning Circulation. The total amount of North Atlantic
Deep Water leaving the subpolar North Atlantic southward is
around 18 Sv (1 Sv=106 m3/s) (Stahr and Sanford, 1999).

The deep water formed in the Labrador Sea enters the
abyssal North Atlantic without topographic constraints. It
contributes 4–6 Sv (Schott et al., 2004) to the North Atlantic
Deep Water corresponding to around one third of its total
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transport. About another 6 Sv are supplied as source wa-
ters from the Nordic Seas. These water masses pass the
Greenland-Scotland Ridge and enter the abyssal North At-
lantic mainly in the two overflows through the Faroe Bank
Channel and Denmark Strait. After crossing the sills of the
two straits, the dense overflow plumes are subject to strong
entrainment of ambient water (Dickson and Brown, 1994).
The plume transport is almost doubled by entrainment. Thus,
entrainment processes are involved in the formation of North
Atlantic Deep Water and contribute about another third or
6 Sv to it (Hansen et al., 2004).

Entrainment in the Denmark Strait overflow plume was
apparent early from hydrographic sections, showing that the
mean density contrast between plume and ambient water de-
creased with increasing distance from the sill (Smith, 1976).
However, the amount of entrained water could not be quan-
tified until direct current measurements at the sill and dif-
ferent sites downstream became available. First measure-
ments with current meters showed an overflow volume trans-
port of around 3 Sv at the Denmark Strait sill (Worthing-
ton, 1969). More recent measurements with moored Acous-
tic Doppler Current Profilers yield approximately the same
transport (Macrander et al., 2005). Current meter measure-
ments downstream of the sill show a transport increase to
5.2 Sv within 300 km distance from the sill (Dickson and
Brown, 1994). Different entrainment regimes regarding the
strength of entrainment were found along the path of the
overflow plume. From velocity and hydrography surveys,
entrainment rates were estimated that increased by about one
order of magnitude from the sill to 125 km downstream from
the sill where the overflow plume enters steeper topography
(Girton and Sanford, 2003).

What are the processes that drive the strong entrainment?
Both, turbulent mixing and lateral stirring, can lead to the
mixing of ambient water into the overflow plume. Mixing
through Kelvin-Helmholtz instabilities is induced by strong
vertical velocity shear, horizontal velocity shear may lead to
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mixing through horizontal instabilities. Meso-scale eddies
can induce stirring of different water masses, the strong ve-
locities of the overflow plume may induce Ekman pumping
through bottom friction. These processes all have different
length scales ranging from below one meter to several kilo-
meters. With the data available at present, only the large
scale processes can be resolved from measurements. For a
budget of the different entrainment processes, we can cal-
culate the large scale eddy stirring and estimate the Ekman
pumping. The effect of small-scale processes like breaking
internal waves can then be estimated as the residuum in the
budget.

Current measurements and temperature records of the
Denmark Strait overflow plume show a high variability on
timescales of 2–5 days close to the sill (Ross, 1984) and
1–12 days about 500 km downstream (Dickson and Brown,
1994). Pulses of strong current velocity are accompanied
by an increase in overflow plume height. These domes of
cold water are in rotation and connected to surface eddies
observed in satellite infrared imagery (Bruce, 1995; Krauss,
1996) and satellite altimetry (Høyer and Quadfasel, 2001).
The meso-scale eddies reach throughout the whole water col-
umn. They have a diameter of 20–40 km and travel with the
velocity of the overflow plume. Similar eddies have been
observed with moorings in the overflow plume downstream
of the Faroe Bank Channel overflow (Geyer et al., 2006).
The breakup of an overflow plume into barotropic eddies
was also simulated in laboratory experiments with dense cur-
rents on a sloping bottom in rotating tanks (Whitehead et al.,
1990; Cenedese et al., 2003). Generation mechanisms for
the observed eddies were investigated in numerical studies.
A steady streamtube model resembling the overflow showed
baroclinic instabilities at a period of 2.1 days and a wave-
length of 80 km, comparing well with dominant periods in
mooring records (Smith, 1976). The partly barotropic out-
flow through Denmark Strait and the subsequent descent of
the dense bottom current makes vortex stretching another
possible eddy generation mechanism (Spall and Price, 1998).
More complex 3-D models with realistic bottom topography
explain the eddy formation with a combination of both baro-
clinic instability and vortex stretching (Jiang and Garwood,
1996; Krauss and K̈ase, 1998; Jungclaus et al., 2001).

As it almost doubles the overflow plume transport, entrain-
ment strongly influences the formation rate of North Atlantic
Deep Water. Furthermore, it modifies the final characteris-
tics of the North Atlantic Deep Water as less dense ambient
water is mixed into the overflow plume. We therefore re-
gard entrainment as an important element of the Meridional
Overturning Circulation. While the amount of entrained wa-
ter into the Denmark Strait overflow plume is relatively well
known, the relative contributions of horizontal and vertical
turbulent processes to the entrainment are not quantified yet.
This study is dedicated to the question of the importance of
the horizontal turbulence associated with meso-scale eddies
for the entrainment into the Denmark Strait overflow plume.

After giving an overview of the observational data used in
this study in Sect. 2, we provide a theoretical basis for the
calculation of eddy driven entrainment with a statistical ap-
proach in Sect. 3. We present overflow plume characteristics
from time averaged quantitites and establish a mean plume
warming rate along the plume pathway in Sect. 4. A warm-
ing rate from eddy driven heat fluxes is calculated in Sect. 5.
Conclusions are drawn in Sect. 6.

2 Data

Mooring arrays were set across the pathway of the Denmark
Strait overflow plume at four different locations over the past
twenty years (Fig.1). The array located at the Denmark Strait
sill consists of bottom mounted ADCPs with the first deploy-
ment in 1999 and sustained redeployments thereafter until
present (Macrander et al., 2005; Quadfasel and K̈ase, 2007).
Arrays A and B at 200 and 360 km distance from the sill were
deployed in 1990 for periods of three months and one year,
respectively (Dickson and Brown, 1994). Mooring array C
at 520 km distance downstream of the sill was deployed re-
peatedly from 1986 to 1990 (Dickson and Brown, 1994) and
again from 1995 until present (Dickson et al., 2008) in one
year periods. In this study we use array C data from the de-
ployment period 2001/2002 as this provides the best spatial
coverage of the overflow plume together with minimum in-
strument failure. All moorings at arrays A, B and C were
equipped with two to four Aanderaa Rotor Current Meters
measuring speed and direction of the current. In addition
temperature sensors were attached to all instruments.

The coordinate system for each mooring is rotated to be
aligned with the mean flow, thus each mooring is allocated
its own coordinate system. The angle of rotation is given by
the mean direction measured at the instrument just above the
bottom Ekman layer. In these new coordinate systems, the
v-component of the current points toward the mean flow di-
rection (SW–W) while the u-component points perpendicular
to the right (upslope), as in a regular right-handed coordinate
system. Figure2 shows an illustration of the rotated coor-
dinate system together with an example for the time series
recorded by an instrument at the central mooring at array C.

Hydrographic data from the overflow region is used in ad-
dition to the mooring data (Fig.1). Six standard sections nor-
mal to the slope, of which four coincide with the location of
the mooring arrays, were served annually since 1997 (Dick-
son et al., 2007). The hydrographic data complements the
high temporal resolution mooring time series with snapshots
of high spatial resolution.

3 Heat fluxes and entrainment

The entrainment of buoyant ambient water into the dense
overflow plume decreases the overall density of the plume
while it increases the transported volume. The mooring time
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Fig. 1. Map showing the bathymetry of the Denmark Strait and the area south of it. Green circles mark the positions of hydrographic stations.
One hydrographic section further south off Cape Farewell is not shown on the map. Red crosses mark the mooring positions. Mean velocities
from the instruments (array A to C) or bins (sill array) just above the bottom Ekman layer are shown with the black vectors. Mean velocities
from instruments that were not situated in the overflow plume are shown with grey vectors.

series only partially include density data. Instead of density
fluxes we use the heat flux into the overflow plume as a proxy
for the entrainment rate. This is justified with salinity val-
ues varying by only about 0.05 between the overflow plume
and the ambient water (see e.g. the salinity section inRudels
et al., 1999), making density dependent on temperature only
in a first approximation.

With heat defined as the product of density times specific
heat times temperature,Q = ρcpT , heat fluxes per unit area
in a turbulent flow are given by the heat transport equation:

∂Q

∂t︸︷︷︸
Local change

+u
∂Q

∂x
+v

∂Q

∂y
+w

∂Q

∂z︸ ︷︷ ︸
Advective terms

=
∂

∂x
u′Q′ +

∂

∂y
v′Q′ +

∂

∂z
w′Q′︸ ︷︷ ︸

Turbulent terms

(1)

Here,Q and(u,v,w) are the mean heat and the mean veloc-
ity components of the flow whileQ′ and (u′,v′,w′) are the
fluctuations of these. Integrating this equation over a closed
volume gives the change of heat within that volume.

The mooring data only provides measurements of temper-
ature and velocity at certain points. The integration over
closed plume surfaces will be done later and in the follow-
ing discussion we will simply use the temperature transport

equation per unit area:

∂T

∂t︸︷︷︸
Local change

+u
∂T

∂x
+v

∂T

∂y
+w

∂T

∂z︸ ︷︷ ︸
Advective terms

=
∂

∂x
u′T ′ +

∂

∂y
v′T ′ +

∂

∂z
w′T ′︸ ︷︷ ︸

Turbulent terms

(2)

Geometry and dynamics of the overflow plume allow a
simplification of the temperature transport equation. We con-
sider the overflow to be stationary in zeroth approximation.
This eliminates the time derivative of the mean temperature.
Since the coordinate system is aligned with the mean flow
direction, the mean velocity normal to the mean flow,u, is
zero by definition. We compare the order of magnitude of
the remaining two advective terms against each other as fol-
lows. A vertical mean velocityw may arise from a divergent
Ekman transport at the bottom. The magnitude ofw can be
estimated from the mean downstream velocityv as it deter-
mines the Ekman transportTE,

TE =
cDv2

f
, (3)

with the bottom drag coefficientcD = 10−3 (Käse et al.,
2003) and the Coriolis parameterf . Division of TE by the
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Fig. 2. Time series of temperature (lower panel), velocity perpen-
dicular to the mean flow (middle panel) and along the mean flow
direction of the overflow plume (upper panel). The time series were
recorded at the central mooring at array C at a height of 102 m above
the bottom. Shown here is only a part of the complete time series
that has a length of one year. Black curves give the full spectrum
of the data at a resolution of one hour. Red curves show bandpass
filtered time series with an added mean value to make them com-
parable to the original data. The inset to the upper left illustrates
the rotation of the original coordinate system with east and north
components (dashed arrows) to a coordinate system aligned with
the mean flow (full arrows) as used for u and v shown here.

Ekman layer depthdE yields an estimate of the mean Ekman
velocity uE. The Ekman velocity has its maximum at the
plume core where the highest mean velocitiesv are reached.
It decreases to the sides of the overflow plume. By making
the assumption of zero Ekman velocities outside the plume
uE(edge) = 0, the divergence can be estimated:

∂uE

∂x
=

uE(core)−uE(edge)

x(core)−x(edge)
(4)

This divergence must be balanced by a vertical velocityw. It
can be calculated from the equation of continuity:

∂w

∂z
+

∂u

∂x
= 0⇒ w =

1u

1x
1z (5)

A mean downstream velocityv = 0.2 m/s leads to a mean Ek-
man velocity ofuE = 0.02 m/s. The resulting vertical veloc-
ity is w = 4×10−5 m/s. The temperature gradientsdT /dz

and dT /dy can be estimated from temperature measure-
ments in the overflow plume and the ambient water. These
show a temperature difference of about 5 K over a distance
of 1000 m that lead to a gradient ofdT /dz = 5×10−3 K/m.
The mean plume temperature in they-direction changes by
about 1.5 K over a distance of 500 km as will be shown in
the next section. This leads to a temperature gradient of
dT /dy = 3×10−6 K/m. With these values, the magnitude of

the two remaining advective terms in the temperature trans-
port equation is

w
∂T

∂z
∼= 2×10−7 v

∂T

∂y
∼= 1×10−6. (6)

Hence, the horizontal advective term is approximately one
order of magnitude larger than the vertical advective term1.
This indicates that the vertical advective temperature flux
may be small enough to be neglected in the analysis. Vari-
ations of the drag coefficient and local fluctuations of mean
velocity and vertical temperature gradient can, however, lead
to considerable variations in the size of the advective terms.

The two horizontal turbulent terms can be compared to
each other. The divergence of turbulent motion in thex-
direction is very strong. There is a transition from (nearly)
zero turbulent motion outside the plume to vigorous turbu-
lent motion in the plume centre over a distance of less than
50 km. The eddies travel with the overflow plume in they-
direction, leading to only little changes in turbulent motion
along they-direction. We thus also neglect the term withv′.

The remaining terms show that the warming of the plume
along its path is driven by turbulent temperature exchanges
in the x- andz-direction and a possible contribution of ne-
glected terms included here asε:

v
∂T

∂y
=

∂

∂x
u′T ′ +

∂

∂z
w′T ′ +ε. (7)

With our data we can calculate the warming rate alongy and
horizontal turbulent temperature fluxes alongx.

4 Structure of the overflow plume and its downstream
warming

After crossing the Denmark Strait sill, the overflow plume
accelerates on the first 125 km until it reaches its maximum
mean velocity of about 65 cm/s (Girton and Sanford, 2003).
Thereafter the mean velocity decreases to about 45 cm/s at
mooring array A, 25 cm/s at array B and 20 cm/s at array C
(Fig.1). At all three arrays the flow has a baroclinic structure
with highest velocities close to the bottom.

The eddy kinetic energyKE of the flow is defined as

KE =
1

2
(u′2+v′2) (8)

whereu′ andv′ denote the fluctuations of the mean flow. As
we are interested in the energy of the meso-scale eddies, we
exclude not only the mean of the time series but also vari-
ability deriving from processes other than eddies, e.g. inter-
nal waves or tides. The tidal signal is estimated by means of

1The estimate forw calculated here gives an upper limit. An
opposite Ekman transport at the upper boundary of the plume and
non-zero Ekman transports at the plume edges lead to a reduction
of the estimate.
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harmonical analysis (software provided byPawlowicz et al.,
2002) and substracted from the time series. This removes
only about 5% of the overall velocity variance as the tides
are weak in this area.

Using a bandpass filter we remove the remaining variabil-
ity on long and short timescales while the signal in the fre-
quency domain of the meso-scale eddies is kept. Figure3
shows spectra of velocity time series recorded by the moor-
ings. The time scale of the eddies grows with increasing dis-
tance from the sill and we therefore use different filter pa-
rameters for each mooring array to account for this increase:
cut-off periods for the bandpass filter chosen are 28 h to 200 h
at mooring array A, 36 h to 200 h at array B and 60 h to 300 h
at array C. Thus, about 3–4 eddies are covered within the
bandwidth.

We use the bandpass filtered time seriesu′ andv′ to cal-
culate mean eddy kinetic energies. The highest eddy kinetic
energies are found in the region of the plume core (Fig.4),
defined here as the part of the plume where the highest down-
stream velocities are reached. In contrast to the mean ve-
locities that have their maximum close to the bottom, the
mean eddy kinetic energy is highest at the top of the over-
flow plume at all mooring arrays. It decreases from around
200 cm2/s2 at arrays A and B to around 100 cm2/s2 at array C.

The overflow plume is generally defined as water with
a density anomaly higher than 27.8 kg/m3 (Dickson and
Brown, 1994) corresponding to temperatures below 2–3◦C.
For a separation of the overflow water and the overlying wa-
ter masses at each array we use the temperature time se-
ries available from all moorings. The temperatures vary on
approximately the same time scale as the plume velocities,
reflecting the variability in plume height. When domes of
cold overflow water pass a mooring the height of the plume
boundary can change by several hundred meters. This makes
the temperature data from the moorings, despite their low
spatial resolution, a better choice for the determination of the
upper limiting isotherm than data from hydrographic surveys
that only consist of single snapshots once a year.

From the temperature time series and the hydrographic
data set we calculate mean plume temperatures at several
sites downstream of the sill. These mean temperatures pro-
vide an estimate for the mean plume warming rate with re-
spect to the distance from the sill. One way to find the tem-
perature change along the plume pathway is to calculate the
mean temperature over the whole cross-sectional area below
the limiting upper isotherm. This can be done for each hy-
drographic section and for the mooring arrays A, B and C.
The mooring array at the sill only has bottom temperature
time series that do not allow this calculation. A second way
to determine a mean plume temperature is to calculate the
mean bottom temperatures of the plume at each mooring ar-
ray. This can also be done with the mooring array at the sill.
The core of the plume is here defined as the three time se-
ries with the lowest mean temperatures from each array. The
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mean temperature for each mooring array is then calculated
as the mean of these three values.

The mean plume temperatures calculated in both ways are
shown in Fig.5. Both the mean bottom temperatures and
the vertically averaged temperatures increase by about 1 K
on the first 200 km. Farther away from the sill the warming
is smaller with less than 0.1 K per 100 km for the vertical
averaging method and about 0.1 K per 100 km for the bottom
temperature method.
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5 Eddy heat transports

The overflow plume has high eddy kinetic energies on the
time scale given by the meso-scale eddies. We now esti-
mate the contribution of eddy stirring to the warming of the
overflow plume, i.e. its contribution to the entrainment. An

estimate for eddy driven heat transports into the overflow
plume is first illustrated with data from mooring array C. This
dataset is more comprehensive than the two other arrays from
which the results will be presented thereafter.

5.1 Eddy heat transports at array C

The rotational motion of the eddies does not lead to a net
water mass transport since the time mean of the current fluc-
tuationu′ is zero by definition. However, a net temperature
flux u′T ′ can take place by the transport of warm and cold
water in opposite directions. The variation ofu′T ′ across
the plume corresponds to the horizontal turbulent term in the
temperature transport (Eq. 2). We focus again on the meso-
scale eddies by using the bandpass filtered time seriesu′ and
T ′. Figure6 illustrates the correlation betweenu′ andT ′.
The stick plot shows the rotational motion of the overflow
plume and its relation with temperature fluctuations. The
fluctuations of the current on the eddy time scale lead to a
redistribution of warm and cold water.

Figure 7 shows the mean eddy temperature fluxes at ar-
ray C. The region of highest eddy temperature flux corre-
sponds to the region of highest eddy kinetic energy. The di-
rection ofu′T ′ has a similar pattern for all moorings in the
array. The eddy temperature flux is directed downslope at the
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bottom and reverses with increasing height above seabed. In
both cases, the temperature flux is opposite to the tempera-
ture gradient. Thus, not surprisingly, heat is transported from
warm into cold regions. The magnitude ofu′T ′ between 0.1
and 1 K cm/s is up to an order of magnitude smaller than the
products of the standard deviations ofu andT that have a
magnitude of about 4 K cm/s. The product of the standard
deviations may be regarded as the maximum possible tem-
perature transport due to fluctuations of velocity and temper-
ature. Its difference to the mean eddy temperature flux calcu-
lated here is partly due to variability outside the bandwith of
the bandpass filter. Furthermore, the correlation between ve-
locity and temperature fluctuation does not always have the
same phase. Figure6 shows positive and negative correlation
of current and temperature fluctuations.

Interpolation, subsequent vertical integration of the eddy
temperature fluxes from the bottom to the limiting upper
isotherm and multiplication by specific heat and density
gives the net eddy heat transport at a mooring line. Usu-
ally there are two to four instruments at each mooring over a
vertical distance of about 300 m. Two different methods are
used for the vertical interpolation between the instruments.
In the first method, the profiles are interpolated linearly be-
tween the data points and taken constant elsewhere. In the
second method, polynomials are used for data inter- and ex-
trapolation. Figure8 shows a examples for the two interpo-
lation methods.
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temperature measurements as calculated in Fig.5 (lines) and eddy
driven warming rates of the plume core (stars). The different warm-
ing rates from direct temperature measurements stem from differ-
ent calculation methods as explained in Sect. 4. Results from two
different interpolation methods and three different upper limiting
isotherms are shown for the eddy driven warming rates.

We use the 2.0◦C, 2.5◦C and 3.0◦C isotherms as upper
integration boundaries. Together with the two vertical inter-
polation methods for the eddy temperature fluxes this results
in six different realizations for the following calculation of
net eddy heat transports.

Each pair of moorings forms a box together with the lim-
iting upper isotherm. The net eddy heat transport into these
boxes is the sum of the eddy heat transports through both
sides. Figure9 shows the vertically integrated eddy heat
fluxes and the net eddy heat transport into the boxes for the
2.5◦C case. The eddy heat fluxes lead to a net warming in the
centre of the plume. The region of the plume edges is cooled
by the eddy heat transports. The position of the convergent
region of eddy heat transport varies with the different plume
boundary definitions. The region is situated downslope for
the 2.0◦C-plume while it is more pronounced upslope for
the 3.0◦C-plume.

By making the assumption that the eddy heat transport ob-
served at the array C is regionally a steady process, we are
able to calculate a warming rate per downstream distance.
The time period for which the plume is exposed to the eddy
mixing process is calculated from the mean plume velocity.
We use a mean velocity of 20 cm/s at array C. This is less
than the mean bottom velocity of about 25 cm/s as it gives
a vertical averaged value of the whole plume. The highest
warming rate for a single box is 100 mK per 100 km. The
mean value for the convergent part of the plume, i.e. the part
of the plume that gains heat through eddy heat transports,
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is 54 mK per 100 km. The warming rates derived from the
two other boundary definitions are of the same order of size,
with 72 mK per 100 km for the 2.0◦C-plume area and 45 mK
per 100 km for the 3.0◦C-plume area. A comparison of the
results from linear and polynomial interpolation gives an es-
timate for the uncertainty of the calculations. The warming
rates for the whole convergent plume area differ by 11% with
the 2.5 and 3.0◦C-boundary and by 43% with the 2.0◦C-
boundary.

5.2 Eddy heat transports at arrays A and B

The eddy heat fluxes at the two upstream arrays A and B are
calulated in the same way as for array C. Only the parameters
for the bandpass filters are different, as described above.

The eddy temperature fluxes at the two arrays are shown
in Fig. 7. The eddy temperature fluxes at the bottom con-
verge in the centre of the plume at both arrays. This indicates
that the whole plume core is covered by the mooring arrays.
The magnitude of the eddy temperature fluxes is roughly the
same at both arrays and approximately twice as high as at
array C. Only the eddy temperature flux at the bottom instru-
ment of mooring four at array A is five times larger than all
other eddy temperature fluxes calculated here. This is the
point where the isotherms indicate the location of the plume
edge. It appears to be a region of strong mixing, possibly be-
cause of the strongly inclined isotherms. Diapycnal mixing
induced by horizontal eddy motion may take place here.

Net eddy heat transports into the overflow plume, limited
again by the 2.5◦C isotherm, are shown in Fig.9. The high-
est convergence in eddy heat transport is found at the upper
part of the slope at both arrays. At the lower edge of the
plume at array A strong cooling is observed. This results
from the high eddy heat flux in combination with the small
volume of the box. The data from array B was not sufficient
for a calculation of the eddy heat transport at the lower part
of the slope.

At both arrays the magnitude of the convergences in heat
transports is approximately three times higher than at ar-
ray C. The highest value is found upslope at both arrays.
However, lowering the upper plume boundary to 2.0◦C does
not shift the convergent region downslope as it was the case
at array C. At array A, the region of convergent eddy heat
transport for the 2.0◦C-plume is even shifted upslope as only
the upper two boxes show a net warming. This indicates that
the plume core has not migrated downhill yet.

To calculate plume warming rates from the eddy heat
transports, the mean plume velocity is again used to esti-
mate the time that the eddy mixing process can act on the
plume. The mean plume velocity is 45 cm/s at array A while
at array B the plume has slowed down to 25 cm/s (Fig.1).
These values are chosen to represent the mean velocity up
to the plume boundary. Compared to array C the plume
velocities are still high. They lead to shorter time periods
that the eddy mixing is effective than farther downstream.

We find high eddy induced plume warming rates of up to
200 mK/100 km at the upper part of the slope at both arrays.
The overall warming rates per 100 km for the parts of the
plume that have a convergent eddy heat transport are shown
in Fig. 10. They are about 120 mK/100 km at array A and
about 160 mK/100 km at array B. While the eddy heat trans-
ports are approximately the same at the two upstream arrays,
the smaller mean plume velocity at array B leads to the higher
eddy induced warming rates. Results from the two interpola-
tion methods differ by 10% at both arrays.

6 Conclusions

A comparison of the overall plume warming rates with the
eddy driven plume warming rate shows the relative impor-
tance of horizontal and vertical turbulent processes for the
entrainment. Figure10 compares the eddy driven warming
rates calculated at the three mooring arrays A to C with the
warming rates derived from the downstream development of
the mean plume temperatures. From array A to array C, the
eddy heat transports do explain the warming of the plume and
the meso-scale eddies are thus the driving mechanism for the
temperature increase in the region farther than 200 km from
the sill. Unfortunately, no eddy driven warming rates be-
tween the sill and array A could be calculated in this study.
However, it is questionable whether eddies alone lead to a
warming rate that is three to four times larger on the first
200 km behind the sill than in the mooring arrays analysed
here. Thus, on the first 200 km after the sill vertical processes
should play an important role in the mixing.

From the results presented here, together with the findings
from other studies (Girton, 2001; Girton and Sanford, 2003;
Käse et al., 2003), a picture of three different entrainment
regimes in the Denmark Strait overflow plume emerges.

The first regime is located between the Denmark Strait sill
and ∼125 km downstream of the sill. Here the plume ac-
celerates from a mean speed of about 40 cm/s at the sill to
its maximum speed of 60 cm/s. The current has a barotropic
structure close to the sill, i.e. there is no strong shear be-
tween the overflow plume and the watermasses above. Thus,
little vertical turbulence should occur.Rudels et al.(1999)
observed a capping of the overflow plume with low salin-
ity water that survived the initial descent of the plume. This
suggests that vertical mixing is weak during the initial de-
scent as the capping would be disturbed by the mixing. The
overall entrainment is estimated to be one order of magni-
tude smaller than beyond 125 km from the sill (Girton and
Sanford, 2003). High variability in the bottom current with a
dominant time-scale of 1.8 days suggests that eddies are gen-
erated in the overflow through baroclinic instability (Smith,
1976).

The region of strong entrainment into the overflow plume
characterises the second regime. It reaches approximately to
array A 200 km downstream of the sill as indicated by the

www.ocean-sci.net/6/301/2010/ Ocean Sci., 6, 301–310, 2010



310 G. Voet and D. Quadfasel: Entrainment in the Denmark Strait overflow

high plume warming rate. The high plume velocities and the
transition to a baroclinic flow lead to large vertical velocity
shears. This shear and low Richardson numbers indicate ver-
tical instability.

The third regime beyond 200 km downstream distance is
characterized by the dominance of eddies in the entrainment
process. The vertical velocity shear provides the energy to
feed baroclinic instabilities. The enhancement of the eddy
field already starts at∼125 km, but the eddy mixing becomes
the dominant process for the entrainment into the overflow
plume here. As the mean plume speed decreases, the veloc-
ity shear also decreases and the effect of vertical turbulence
diminishes.
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[1] The continuous, swift flow of cold water across the sill of
the Faroe Bank Channel, the deepest passage from the Nordic
Seas to the North Atlantic Ocean, forms a bottom‐attached
dense plume (overflow). The amount and distribution of
entrainment and mixing that the overflow encounters
during its descent influence the ventilation of the deep
North Atlantic, however, remain poorly known due to
lack of direct measurements. Using the first direct turbulence
measurements, we describe the dynamic properties and
mixing of the overflow plume as it descends toward the
Iceland Basin. The vigorously turbulent plume is associated
with intense mixing and enhanced turbulent dissipation
near the bottom and at the plume‐ambient interface,
but with a quiescent core. Our measurements show a
pronounced transverse circulation consistent with rotating
plume dynamics, a strong lateral variability in entrainment
velocity, and a vertical structure composed of order 100 m
thick stratified interface and comparably thick well‐mixed
bottom boundary layer with significant transport and
entrainment. Citation: Fer, I., G. Voet, K. S. Seim, B. Rudels,
and K. Latarius (2010), Intense mixing of the Faroe Bank Channel
overflow, Geophys. Res. Lett., 37, L02604, doi:10.1029/
2009GL041924.

1. Introduction

[2] The export of cold, dense water from the Norwegian
Sea through the Faroe Bank Channel (FBC, Figure 1) into
the sub‐polar North Atlantic accounts for about one third
of the total overflow from the Nordic Seas [Hansen and
Østerhus, 2007]. The FBC overflow, a bottom‐attached
gravity current, descends the sloping topography under the
combined influence of pressure gradient, bottom friction
and the Earth’s rotation, and mixes with overlying water
[Saunders, 2001; Mauritzen et al., 2005]. The latter deter-
mines the end‐product properties associated with the source
water and needs to be properly represented in climate
models for credible climate projections [Legg et al., 2009].
Despite the importance of mixing of the FBC overflow,
no previous measurements of turbulence have been avail-
able. Motivated by this lack of measurements we conducted
such a survey in June 2008.

2. Measurements and Data

[3] The obtained data set includes vertical profiles of
hydrography and velocity from 63 casts with a conductivi-
ty‐temperature‐depth (CTD, SBE911+) package equipped
with down and uplooking lowered acoustic Doppler current
profilers (LADCPs, 300 kHz Workhorse), and of turbulence
profiles from 90 casts with a vertical microstructure profiler
(VMP, Rockland Sci. Int.). The VMP is equipped with
accurate CTD sensors and a pair of microstructure shear
probes used for measuring the dissipation rate of turbulent
kinetic energy ("). Turbulent shear is sampled at 512 Hz at a
profiling speed of 0.6 m s−1. Stations are occupied along the
path of the overflow plume and along six sections starting
from the sill crest (section A) to about 120 km downstream
(section F, Figure 1a).

3. Technical Details

3.1 Currents, Dissipation Rate, and Eddy Diffusivity

[4] The velocity profile is calculated as 4 m vertical
averages using the inverse method [Visbeck, 2002] con-
strained by accurate shipboard navigation and bottom track-
ing by the LADCP, and detided using a barotropic tidal
model [Egbert et al., 1994] for the European Shelf at 1/30°
resolution. Tidal velocity is within 3 to 34% (18% on the
average) of the maximum velocity at a given station.
[5] The profiles of " are produced as 1 m vertical averages

to a noise level of 10−10 W kg−1 [Fer, 2006]. The diapycnal
eddy diffusivity is calculated using three different formula-
tions: First, an upper limit is obtained from Kr = 0.2"N−2

[Osborn, 1980] assuming 17% mixing efficiency. N =
[−g/r(∂r/∂z)]1=2 is the buoyancy frequency, g is the gravita-
tional acceleration, and r is density. Second, we use Kr = 2n
(" / nN2)

1=2 [Shih et al., 2005], suggested for " / nN2 > 100,
valid for our data (n is the viscosity). This formulation, in-
ferred from direct numerical simulation results, has been
supported by field data [Fer and Widell, 2007]. Third, we
use a gradient Richardson number (Ri) dependent mixing
efficiency with the range of parameters validated against
microstructure measurements [Peters and Baumert, 2007].
Ri = N2/S2, where S is the shear. In all calculations, N is
inferred from 4 m vertical gradients of sorted s� (potential
density referenced to nil pressure) profiles. The vertical
scale is chosen to be consistent with shear calculations
and the sorting approximates the background stratification
against which the turbulence works.

3.2 Plume Properties and Stress

[6] The density anomaly, r′, is obtained as deviations
from an exponential background s� profile fitted to observa-
tions excluding the plume. Velocity profiles are rotated into
streamwise (u) and transverse (n, positive to the right of u)
components with respect to the direction of the maximum

1Geophysical Institute, University of Bergen, Bergen, Norway.
2Bjerknes Centre for Climate Research, Bergen, Norway.
3Institute of Oceanography, University of Hamburg, Hamburg,

Germany.
4Department of Marine Technology, Norwegian University of Science

and Technology, Trondheim, Norway.
5Department of Physics, University of Helsinki, Helsinki, Finland.
6Finnish Meteorological Institute, Helsinki, Finland.

Copyright 2010 by the American Geophysical Union.
0094‐8276/10/2009GL041924$05.00

GEOPHYSICAL RESEARCH LETTERS, VOL. 37, L02604, doi:10.1029/2009GL041924, 2010

L02604 1 of 5



velocity (unose) in the bottom 200 m. The depth of the plume
interface zi and plume thickness hplume are inferred from the
s� = 27.65 kg m−3 isopycnal [Mauritzen et al., 2005; Girton
et al., 2006]. The well‐mixed bottom layer (BL) thickness
is estimated as the height above bottom (HAB) where the
density difference from the bottommost value exceeds
0.01 kg m−3. The stratified interfacial layer (IL) is defined
as the layer between the top of BL and the depth above
the interface where ∂s�/∂z first drops below 5×10−4 kg
m−4. These thresholds robustly delineate the BL and IL.
The calculation of integral plume properties and density‐
anomaly‐weighted averages follows Girton and Sanford
[2003]. The internal Froude number is calculated in two

ways: from integral plume properties of each section using
Fr = U /

ffiffiffiffiffiffiffiffiffiffi
g0H

p
and using a two‐layer formulation devised

for transverse variations in velocity [Pratt, 2008]. In the for-
mer method g′ is the reduced gravity, H = A/(2W0.5) is the
mean plume thickness for a section with area A and plume
“half‐width” W0.5 [Girton and Sanford, 2003], and U =
Qp/A, using the section‐integrated plume volume transport
Qp.
[7] The bottom shear stress, tb = ru*

2, is estimated using
the friction velocity u* from the slope of a linear fit of u
against the log of HAB, assuming law of the wall (LOW).
A series of fits is made for each profile, starting with 3 data
points (12 m) and increasing to a maximum of BL thickness.
The value with the least error, inferred from goodness of the
fit, is chosen for analysis. The Ekman number Ek = u*

2 /
fuhplume and the drag coefficient CD = u*

2 / unose
2 are obtained.

Stress at the plume‐ambient interface is estimated assuming a
balance between the shear production, the dissipation rate, and
the resulting buoyancy flux (0.2"), as ti = 1.2�"/ (�du=dz),
where overbars denote averaging over the interface thickness.

4. Results and Discussion

[8] The overflow plume descends the channel and the
slope of the Iceland‐Faroe Ridge with a typical speed of
0.5 – 1 m s−1, reaching a maximum velocity of 1.35 m
s−1 at section C (Figure 1b). Plume thickness averaged over
stations is hplume = 160 ± 70 m (± 1 standard deviation, s).
Mean overflow thickness (H) inferred from section‐integrated
properties is between 110m (section E) and 350m (section B).
All sections, however, show significant lateral variability
(Figure 2).
[9] The vertical structure of the overflow is composed of a

70 ± 35 m thick well‐mixed BL, overlaid by a 120 ± 60 m
thick IL. With the caveat that the section‐averaged transports
are not synoptic with respect to variability on tidal and sub‐
tidal scales [Geyer et al., 2006], the overflow is about equally
distributed between the BL (0.9 ± 0.1 Sv, 1 Sv ≡ 106 m3 s−1)
and the IL (1 ± 0.3 Sv). The presence of a thick IL was also
observed at the Red Sea [Peters et al., 2005], the Denmark
Strait [Girton and Sanford, 2003], and the Mediterranean

Figure 1. (a) Bathymetric contours drawn at 100 m intervals
starting with 400 m, together with the thalweg (deepest point
of the channel, white dashed line), sampling stations (CTD‐
LADCP, circles, and VMP, red crosses) and sections A
to F. (b) Overflow velocity (arrows) averaged over hplume

(color). The salient features of the plume velocity and thick-
ness are described in section 4. The inset shows the exper-
iment location (red).

Figure 2. Contours of (a) downchannel velocity, u, (b) stratification, N2 (color), and s� at 0.1 kg m−3 intervals (gray), and
(c) dissipation rate, ", for sections A to C. Locations of the stations (triangles), the Faroe Bank (FB), and the Faroe Plateau
(FP) are indicated. Dashed curves delineate the plume interface (s� = 27.65 kg m−3).
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[Price et al., 1993] outflow plumes, and suggests that bulk
parameterization of entrainment [Legg et al., 2009] devised
for gravity currents with relatively thin interface may not be
adequate.
[10] The velocity maximum is typically located deeper

than the interface and is associated with weak " as a result
of weak shear production of turbulent kinetic energy (see
the quiescent core at section A, Figure 2). This quiescent
layer is present at all sections. The average thickness of
layer with " < 10−8 W kg−1 below the interface is 40 m
for the core stations and varies between 15 m (section B)
and 60 m (section A). In the BL and the IL " is exceptionally
large, reaching 10−5 W kg−1 (Figure 2c). Typically BL is
20–70 m thicker than the bottom layer with enhanced dissi-
pation. The vigorous turbulence near the bottom is due to
stirring by the bottom shear stress. Enhanced mixing at
the stratified and highly‐sheared IL where Ri < 1 can be
due to coexisting shear instabilities and internal wave‐
turbulence transition [Baumert and Peters, 2009] and verti-
cal transport of turbulence [Umlauf, 2009]. The internal
structure of turbulence in the FBC overflow is reminiscent
of the observations in the Baltic Sea [Umlauf et al., 2007],
particularly the quiescent central region, and the asymmetry
in " at the sill section with enhanced " where the interface
intersects the Faroe Plateau slope (Figure 2b). A wedge‐
shaped interface, related to the secondary flow in the IL,
as discussed byUmlauf and Arneborg [2009], is not resolved
in our data set.
[11] Survey‐averaged profiles are constructed for plume

stations in 10‐m thick bins relative to the interface and rel-
ative to the bottom (Figure 3). Due to variable interface
depth and plume thickness, the average profiles cannot be
combined (i.e., the lower part of Figure 3 (top) will not be
consistent with Figure 3 (bottom) due to averaging). Dissi-
pation rates, exceeding 10−7 W kg−1 in the plume, increase

by one order of magnitude as the bottom is approached, con-
sistent with LOW (thin line in Figure 3c). The mixing effi-
ciency implied by the models of Shih et al. [2005] and Peters
and Baumert [2007] differ significantly, particularly in
weakly stratified layers (Figure 3d). The shear is strong
throughout the IL, but the maximum in " apparent in
Figure 2c near the interface is smoothed out as a result of
averaging. When calculated using the density and velocity
profiles in Figure 3, Ri < 1 between 20 m above and 40 m
below the interface, with a minimum value of 0.6 at 15 m be-
low the interface. Ri < 1 in the entire BL with Ri < 0.25 in the
bottommost 25 m. Low Ri in the BL is due to a combination
of weak stratification and mean shear of the logarithmic ve-
locity profile, whereas that in the IL is due to strong shear
across the strongly stratified interface. Previous observations
from a mooring near the FBC sill show frequent occurrence
of low Ri in the IL, modulated by tidal and inertial flows
[Saunders, 2001].
[12] The transverse velocity, v (Figure 3b), has a vertical

structure consistent with the rotating gravity current dynam-
ics [Umlauf and Arneborg, 2009]. Water in the IL is trans-
ported to the right, looking downstream (a transverse
geostrophic transport due to the downchannel tilt of the
plume interface), and water in the BL is transported to the
left, consistent with an Ekman bottom boundary layer, lead-
ing to a flattening and broadening of the plume. Integrated
across the IL and BL, the transverse flow approximately
balances with 5 m2 s−1 in the IL, −3.3 m2 s−1 in the BL
(−4.5 m2 s−1 if an unresolved 15‐m thick bottom layer with
v = −8 cm s−1, the bottommost average value, is included).
[13] The FBC overflow can be characterized by Fr between

0.5 and 1 and by Ek between 0.05 and 0.2; that is, the plume
is thicker than the frictional boundary layer (Figure 4). In
contrast to the Red Sea outflow [Peters et al., 2005], the
FBC overflow is significantly diluted in the BL. The buoy-

Figure 3. Survey averaged profiles of (a) s� (± 1s, gray shading), (b) downchannel, u (solid line, ±1s, gray shading), and
cross‐channel, v (dashed line, multiplied by 4 for clarity), component of the velocity, (c) dissipation rate, " (95% confidence
limits, gray bars), and (d) eddy diffusivity, Kr, using Osborn [1980] (solid line), Peters and Baumert [2007] (gray), and
Shih et al. [2005] (dashed line). Profiles are averaged in 10‐m vertical bins referenced to (top) the interface depth, zi, and
to (bottom) bottom (HAB). Thin line in Figure 3c (bottom) is fit to LOW (" = u*

3 / 0.4z) in the bottom 55 m yielding u* =
2.2 cm s−1 (tb = 0.5 Pa).
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ancy averaged in BL (IL) increases by 1.4 × 10−3 m s−2 (5 ×
10−4 m s−2) on the first 80 km. This suggests entrainment
into the BL, through, e.g., internal mixing in the plume,
entrainment as a result of the transverse circulation, or lateral
entrainment due to stirring by mesoscale eddies. The vol-
ume transport, however, is nearly constant in the BL (Qb

in Figure 4b), counterintuitive to the expected increase
due to entrainment. Detrainment [Baines, 2005] might
explain the lack of increase in Qb. Nevertheless, interpreted
together with the Red Sea outflow observations which show
a similar vertical density structure but no dilution in BL, we
suggest that the transverse circulation supplying the warmer
interface water into the Ekman layer may cause the dilution
in the BL. Qb remains nearly constant due to the approxi-
mate lateral balance of the transverse circulation; that is,
water entrained in the BL is transported back to the IL.
[14] Section‐averaged Kr varies between (2 – 10) ×

10−4 m2 s−1 in the IL and between (10 – 320) × 10−4 m2

s−1 in the BL, consistent with heat‐budget considerations
[Saunders, 1990; Duncan et al., 2003]. The entrainment

velocity, wE, calculated from " [Arneborg et al., 2007]
(assuming 17% mixing efficiency) varies by one order of
magnitude laterally in each section (except section F).
Section‐averaged wE increases fivefold from 3 × 10−5 m s−1

at the sill to 1.7 × 10−4 m s−1 at section D (Figure 4f) where
Fr is accordingly at its highest, close to unity. The entrain-
ment parameter, wE/U, increases by one order of magnitude
from 3.8 × 10−5 to 3.3 × 10−4. The largest mixing and
entrainment rates are observed at section D in the vicinity
of the hot‐spot of mixing identified by Mauritzen et al.
[2005]. Detailed analysis of earlier observations suggests
that FBC overflow is hydraulically controlled [Girton et al.,
2006] with the critical section (i.e., Fr = 1) located between
20 – 90 km down sill, comparing well with Fr ≈ 1 at our sec-
tion D. While the overflow volume transport, Qp, increases
downstream of section D (consistent with enhanced entrain-
ment), Qp decreases between sections A and D. The meso-
scale variability of the overflow makes the comparison of
single sections complex.
[15] The overflow plume descends the slope as a result of

bottom friction. The descent rate is relatively small between
sections A‐D and increases farther downstream (Figure 4a),
comparable to that of the Denmark Strait plume [Girton and
Sanford, 2003], but significantly larger than 2.5 m km−1

predicted by Killworth [2001]. The bottom stress tb =
2.1 ± 0.4 Pa, corresponding to a drag coefficient of CD =
(3.7 ± 0.4) × 10−3, is large throughout the channel, and in
the range of previous observations [Mauritzen et al., 2005].
When tides are included, the survey‐mean CD increases by
20%. The average bottom stress inferred from the velocity
profiles is about four times larger than that estimated from
" measurements near the bottom (Figure 3c), similar to
observations from diverse sites and can be attributed to,
e.g., the form drag. The stress at the IL is relatively weak,
ti = 0.05 ± 0.02 Pa. Inferred from the balance of buoyancy,
total drag (due to tb and ti) and Coriolis force acting on
a slab of plume [Girton and Sanford, 2003], the total
stress to account for the observed descent rates is 0.9
(sections A‐D) and 4.9 Pa (D‐F). Recalling that tb ≈ tb +
ti in our data set, Figure 4d does not show this trend, sug-
gesting that the observed descent rates cannot be described
by this simple force balance.

5. Concluding Remarks

[16] Our observations reveal the anatomy and mixing pro-
cesses of the FBC overflow plume and add to our under-
standing of a highly sheared and stratified gravity current
in a rotating system. The overflow plume is characterized
by strong lateral variability in entrainment and mixing with
a significant vertical structure including an about 100 m
thick strongly‐stratified interfacial layer. A transverse circu-
lation actively dilutes the bottom layer of the plume. Neither
the bulk entrainment parameterizations, mainly devised for
non‐rotating, two‐layer gravity current plume dynamics,
nor the traditional turbulence closure models will be ade-
quate in representing mixing of the dense overflow plume
downstream of the FBC sill.

[17] Acknowledgments. This study is funded by the Research Coun-
cil of Norway, through Bipolar Atlantic Thermohaline Circulation (BIAC)
project. Comments from an anonymous reviewer, L. Umlauf, H. Peters,

Figure 4. Downstream evolution of section‐averaged
properties. (a) Mass‐anomaly‐weighted depth of the plume,
Zb [Girton and Sanford, 2003]. Linear fits between sections
A‐D and D‐F yield a descent rate of 1 m and 8.2 m per km
along the path, respectively (dashed lines). (b) Volume
transport in the overflow plume (Qp, circles) and in the
BL (Qb, squares). (c) Froude number (Fr, following Pratt
[2008], squares; and using section integral properties, cir-
cles), and Ekman number, Ek (triangles). (d) Bottom stress,
tb, and (e) drag coefficient, CD, from LADCP profiles, and
(f) the entrainment velocity, wE, from " [Arneborg et al.,
2007]. The survey‐averaged values are indicated by dashed
lines. Error bars are se = s

ffiffiffiffiffiffiffiffiffiffiffiffiffi
n� 1

p
, where s is the standard

deviation and n is the number of plume stations in a section.
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Many thanks to Ulrich Drübbisch, Andreas Welsch and all other technicians
and sailors who do a great job in collecting oceanographic data.

Finally, I received great help during the final days of this thesis from Katrin
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