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Abstract
We show that robust regressions can be established between relative sea-level (RSL) data and benthic foraminifera oxygen
isotopic ratios from the North Atlantic and Equatorial Paciﬁc Ocean over the last climatic cycle. We then apply these regressions to
long benthic isotopic records retrieved at one North Atlantic and one Equatorial Paciﬁc site to build a composite RSL curve, as well
as the associated conﬁdence interval, over the last four climatic cycles. Our proposed reconstruction of RSL is in good agreement
with the sparse RSL data available prior to the last climatic cycle. We compute bottom water temperature changes at the two sites
and at one Southern Indian Ocean site, taking into account potential variations in North Atlantic local deep water d18O. Our results
indicate that a Last Glacial Maximum (LGM) enrichment of the ocean mean oxygen isotopic ratio of 0.95% is the lowest value
compatible with unfrozen deep waters in the Southern Indian Ocean if local deep water d18O did not increase during glacials with
respect to present. Such a value of the LGM mean ocean isotopic enrichment would impose a maximum decrease in local bottom
water d18O at the North Atlantic site of 0.30% during glacials. r 2001 Elsevier Science Ltd. All rights reserved.

1. Introduction
The amount of ice stored in the ice sheets is a key
element of the climate system. The corresponding sealevel change record is also of major interest for
paleoenvironmental studies. However, there is still no
continuous record available over several climatic
cycles. Records of sea-level change based on corals
and other evidences are limited mainly to the period
after the Last Glacial Maximum (LGM) (e.g. Fairbanks, 1989; Bard et al., 1990a, b, 1996; Chappell and
Polach, 1991; Yokoyama et al., 2000; Hanebuth et al.,
2000) and for earlier periods the record consists mostly
of a few isolated points corresponding approximately
to relative highstands (Chappell and Shackleton, 1986;
Chappell et al., 1996; Lambeck and Chappell, 2001).
*Corresponding author. Tel.: +33-1-69-82-43-27; fax: +33-1-69-8235-68.
E-mail address: claire.waelbroeck@lsce.cnrs-gif.fr
(C. Waelbroeck).

Rohling et al. (1998) estimated the magnitude of sealevel low stands from records of extreme high-salinity
conditions in the Red Sea. Sea level has also been
inferred from the oxygen isotopic ratio measured on
the calcite shells of benthic foraminifera. The shell
18
O/16O ratio is a function of both the isotopic
composition and the temperature of the water in which
the foraminifera develops. Therefore, assuming that
deep water temperature does not vary too much over
time, the benthic 18O/16O ratio (d18Ob, expressed in %
versus PDB, where PDB is the Chicago PDB-1
standard, Pee Dee Belemnite) can be used as a ﬁrst
order proxy for global ice volume. However, benthic
curves do not match sea-level estimates based on fossil
coral reef terraces. Chappell and Shackleton (1986) and
Shackleton (1987) interpreted this mismatch as the
result of deep water temperature changes and concluded that deep waters in the Paciﬁc Ocean were about
1.51C cooler during glacial times than today. Labeyrie
et al. (1987) inferred sea level using benthic isotopic
records from regions where changes in deep water
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temperature were thought to be minimal, i.e., the
Norwegian Sea during stages 1, 4 and 5, and the Paciﬁc
Ocean during stages 2 and 3.
Deriving a sea-level record from d18Ob data is
complicated, however, not only due to variations in
deep water temperature, but also due to possible
temporal variation in the isotopic composition of the
melted ice (Clarke et al., this volume) and changes in
local deep water d18Ob that are not related to sea-level
change (Rohling and Bigg, 1998). Currently, the North
Atlantic (N. Atl.) Ocean is the location of active deep
water formation, as warm and saline surface waters
reach high latitudes where their density increases by
cooling through intense heat exchange with the atmosphere. This cold bottom water mixes with warm and
saline N. Atl. intermediate water while overﬂowing the
Denmark and Faeroe sills. This gives relatively warm
(21C) and saline (>34.9 practical salinity units) N. Atl.
deep waters (NADW) with a water isotopic composition, d18Ow, that is about 0.25% higher than the global
mean (Ostlund et al., 1987). In contrast, deep waters
formed around Antarctica are colder (o01C), less
saline (o34.7 p.s.u.), and of low d18Ow (about 0.2%
lower than the global mean). The situation in the N.
Atl. was likely very diﬀerent during the LGM: the
mean position of the polar front shifted south of the
Denmark and Faeroe sills, and the deep water
formation and thermohaline circulation apparently
slowed down (Curry et al., 1988; Boyle, 1988; Duplessy
et al., 1988a). Taking the Weddell Sea as a modern
analog of the LGM N. Atl. (Labeyrie et al., 1987;
Duplessy et al., 1988b) suggests that deep waters of
very low-temperature and d18Ow could have formed
near the margins of former circum-N. Atl. ice sheets.
This would lead to larger temperature changes in the
N. Atl. and reduced hydrological gradients between the
N. Atl. and the other oceans during glacial periods
(McManus et al., 1999a).
In the present study, we derive statistical sea-level
transfer functions between high resolution d18Ob records
and sea-level data based on corals and other evidences.
We then reconstruct sea-level changes over four climatic

cycles and deduce deep water temperature changes,
taking into account potential variations in N. Atl. local
deep water d18O.

2. Material and methods
Within a given sediment core, the change in d18Ob
with respect to present, Dd18Ob, can be decomposed into
three contributions: the change in deep water d18O
related to sea-level and ice volume changes, Ddice vol
(global signal), the change in deep water d18O related to
local d18O variations, Ddlocal ; and the impact of local
deep water temperature changes on the oxygen
fractionation between the foraminifera shell and water,
Ddtemp :
Dd18 Ob ¼ Dd18 Ow þ Ddtemp ¼ Ddice vol þ Ddlocal þ Ddtemp :
ð1Þ
Our purpose is to separate Dd18Ob into these three
components in the N. Atl., the Southern and the Paciﬁc
Ocean, over the last four climatic cycles. The locations
of the d18Ob records we use in this work are given in
Table 1. N. Atl. cores NA 87-22 and NA 87-25 were
retrieved at the same location as ODP core 980, the
latter covering the last 500 kyr (McManus et al., 1999b).
We patched NA 87-22 and NA 87-25 d18Ob records to
form a high resolution record over the entire last
climatic cycle. The Paciﬁc Ocean data we use are from
core V19-30 (Shackleton et al., 1983; Shackleton and
Pisias, 1985) over stage 1–10, and from ODP core 677
data (Shackleton et al., 1990) over stage 10–12, whereas
Southern Indian (S. Indian) Ocean core MD 94-101
provides a continuous record over the last four climatic
cycles. Isotopic measurements on N. Atl. core NA 87-25
and S. Indian Ocean core MD 94-101 were performed at
the LSCE on a Finnigan MAT251 mass-spectrometer.
The mean external reproducibility (1s) of carbonate
standards is 70.05%. d18O data are calibrated with
respect to NBS19 (Hut, 1987; Coplen, 1988).

Table 1
Cores location and data references
Core

Ocean

Latitude

Longitude

Depth, Time
Benthic species analyzed Reference
(m)
span, (ka)

NA 87-22
NA 87-25

North Atlantic
North Atlantic

551290 8N
551110 9N

141410 7W
141440 9W

2161
2320

0–75
75–140

Cibicides wuellerstorﬁ
Cibicides wuellerstorﬁ

ODP 980 North Atlantic
MD 94-101 Southern Indian Ocean

551290 N
421300 S

141420 W
791250 E

2179
2920

0–500
0–430

Cibicides wuellerstorﬁ
Cibicides wuellerstorﬁ

V 19-30

Equatorial Paciﬁc Ocean

031210 S

831210 W

3091

0–340

Uvigerina

ODP 677

Equatorial Paciﬁc Ocean

01112.440 N

83144.220 W

3461

0–3000

Uvigerina

Vidal et al., 1997
Cortijo et al., 1994, 1999;
H. Leclaire (LSCE)
McManus et al., 1999a, b
Lemoine, 1998; Salvignac,
1998; this study
Shackleton et al., 1983;
Shackleton and Pisias, 1985
Shackleton et al., 1990
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We dated all records >40 kyr BP by correlating with
the SPECMAP reference series. Among these, the
SPECMAP stack of Imbrie et al. (1984) covers the last
800 kyr with a relatively low resolution, the benthic
stack of Martinson et al. (1987) has the highest time
resolution over the last two climatic cycles, while the
stack of Bassinot et al. (1994) has the highest resolution
between 500 and 900 kyr BP. As the present study covers
the last 430 kyr, we chose to correlate the long benthic
records to the Martinson et al. (1987) stack over the last
280 kyr and to the stack of Imbrie et al. (1984) for the
earlier part. The chronology of the last 40 kyr was
derived from AMS 14C dates, converted into calendar
ages using the calibration curve of Stuiver et al. (1998).
Numerous 14C dates obtained on monospeciﬁc planktonic foraminifera samples selected in abundance peak
over the top 450 cm of core NA 87-22 (Duplessy et al.,
1992) and corrected for variable reservoir ages (Waelbroeck et al., 2001) provided a chronology of the last
deglaciation at the N. Atl. site. Finally, we dated the
d18Ob signal of Equatorial Paciﬁc core V19-30 over the
last 30 kyr by correlating with the d18Ob record of the
neighboring 14C dated core TR 163-31 (31370 S, 831580 W,
3210 m, Shackleton and Pisias, 1985). The average
dating error is on the order of 500–800 yr for the last
deglaciation and equal to that of the SPECMAP
timescale (i.e., 1–4 kyr) prior to 40 kyr BP. All correlations were performed using the AnalySeries software
(Paillard et al., 1996).
2.1. Transfer function between sea level and benthic d18O
In comparing relative sea-level (RSL) estimates based
on corals and other evidences (full references given in
the caption of Fig. 1) with N. Atl. high resolution NA
87-22+NA 87-25 and Paciﬁc V19-30 d18Ob records over
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Fig. 1. Left axis: U-Th dated RSL estimates based on corals and other
evidences (Bard et al., 1990a, b, 1996; Stein et al., 1993; Zhu et al.,
1993; Gallup et al., 1994; Stirling et al., 1995; Chappell et al., 1996;
Hanebuth et al., 2000; Yokoyama et al., 2000). Yokoyama’s (2000)
equivalent sea-level estimates have been converted into approximate
RSL by subtracting 10 m. Right axis: North Atlantic patch of NA 8722 and NA 87-25 d18Ob relative to the modern d18Ob value (3.32%
PDB), and Paciﬁc core V19-30 d18Ob relative to the modern value
(3.45% PDB), both versus calibrated 14C ages until 40 kyr BP, and
versus the SPECMAP time scale beyond (see Table 1 for cores location
and references). Note that the SPECMAP time scale has been adjusted
to be consistent with the U-Th dated RSL data at the transition
between stages 6 and 5. Cibicides w. d18Ob has been corrected by
+0.64% to account for the diﬀerence in fractionation between this
species and Uvigerina (Duplessy et al., 1984).

the last climatic cycle (Fig. 1), one identiﬁes at each site
two distinct regimes, corresponding to the last deglaciation on one hand, and to the progression from the last
interglacial into the LGM on the other hand (Fig. 2).
Note that, rather than RSL, which varies from location
to location because of glacio-hydro-isostatic eﬀects,
eustatic or ice-volume equivalent sea level (ESL) should
be used. However, because the two are approximately
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Fig. 2. (A) Open gray diamonds: RSL estimates (resampled) versus NA 87-22 Dd18Ob measurements over the last deglaciation (last 22 kyr). Crosses:
estimated RSL versus NA 87-22/25 Dd18Ob (resampled) over the glaciation (129–19.5 kyr BP). (B) Same as in A, but for the Equatorial Paciﬁc core
V19-30.
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pling Dd18Ob is very similar to that based on resampling
RSL, yielding a maximum uncertainty on RSL of 74 m.
In order to test the impact of dating errors, we
successively subtracted and added an error of 500–
800 yr to the nominal time scale of Fig. 1 during the last
30 kyr, accounting for the uncertainty in reservoir age
correction (Waelbroeck et al., 2001), and of 1000 yr
before. All the corresponding regression curves have
determination coeﬃcients >0.91. This exercise allowed
us to determine that the maximum error on reconstructed RSL due to the dating uncertainty along the
entire last climatic cycle and to the interpolation
procedure during the last deglaciation is 78 m. Since
the root mean square error of the deglaciation and
glaciation regressions is 3/4/10 m, the total resulting
error is o713 m.

3. Sea-level reconstruction
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We applied the N. Atl. regressions to the ODP 980
Dd18Ob record, and the Paciﬁc regressions to the V1930/ODP 677 Dd18Ob record to reconstruct RSL over the
last four climatic cycles (Fig. 3). The overall agreement
between the two curves is satisfactory.
However, RSL derived from N. Atl. Dd18Ob data is
20–30 m higher than RSL based on Paciﬁc Dd18Ob in
portions of stages 4, 6 and 8. Those sections of the
records correspond to RSL values between 90 and
120 m. Because there is no data in this RSL range, the N.
Atl. and Paciﬁc glaciation regressions are not properly
constrained over this range. Therefore, the discrepancy
between RSL derived from N. Atl. and from Paciﬁc
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proportional to each other for sites far from the former
ice sheets, we have used for convenience RSL estimates.
The glaciation regime (from 129 to 19.5 kyr BP) is
characterized by a regression of the second order, both
in the N. Atl. and Paciﬁc Oceans: Dd18Ob increased
faster than RSL at the beginning of the glaciation, and
then progressively more slowly until the ice sheets
reached their maximum size. In other words, the rate of
buildup of continental ice sheets appears to have been
slower than the rate of decrease in local deep water
temperature or increase in local deep water d18O at the
beginning of the glaciation. On the contrary, after
Dd18Ob had increased by about one third of the total
interglacial–glacial amplitude, that is, during the period
covering stages 4–2, the local deep water temperature
decrease or d18O increase slowed down with respect to
ice sheet buildup. This picture is consistent with ice
sheets exhibiting a longer response time to climatic
forcings than local deep water temperature and d18O,
which reﬂect changes in surface hydrology and/or ocean
circulation.
During the last deglaciation, the general shape of the
regression linking Dd18Ob to RSL is diﬀerent at the N.
Atl. and Paciﬁc sites (Fig. 2). In the N. Atl., as for the
glaciation regime, local deep water temperature and
d18O change more rapidly than RSL at ﬁrst and then
slow down, yielding a quadratic regression. In contrast,
the regression between RSL and Paciﬁc Dd18Ob is not
signiﬁcantly diﬀerent from a linear one and the increase
in Paciﬁc deep water temperature appears to be roughly
in phase with sea-level rise.
The N. Atl. site is indeed located in a very sensitive
area with respect to changes in the NADW rate of
formation: whereas this site is within the core of NADW
at present, it was at least partly under the inﬂuence of
deep waters of southern origin during glacials (Duplessy
et al., 1988a; Sarnthein et al., 1994). Therefore, this
record contains a strong imprint of changes in water
temperature, salinity and deep water ventilation. Conversely, the Equatorial Paciﬁc site is located far from
deep water formation areas, so that the water mass
bathing this site is comparatively well mixed and more
representative of the mean ocean water state than the
water at the N. Atl. site (Duplessy et al., 1980). In short,
the N. Atl. data are at higher resolution than the Paciﬁc
data but contain a very large local temperature signal
(total N. Atl. Dd18Ob range E2%), whereas the Paciﬁc
d18Ob data are at lower resolution but are largely driven
by RSL changes (total Paciﬁc Dd18Ob range E1.5%).
We performed a sensitivity analysis to test the
robustness of these glaciation and deglaciation regressions with respect to the interpolation procedure and
dating. For the last deglaciation, one has the choice of
either computing Dd18Ob at the ages of the dated coral
RSL data, or computing RSL at ages corresponding to
Dd18Ob measurements. The regression based on resam-
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Fig. 3. Right axis: RSL reconstructed by application of the N. Atl.
regressions to the N. Atl. Dd18Ob long record (black line) and of the
Paciﬁc regressions to the Paciﬁc long d18Ob record (gray line). The
numbers denote marine isotopic stages. Left axis: long N. Atl. (black
line) and Paciﬁc (gray line) Dd18Ob records (see Table 1 for cores
location and references). The last climatic cycle of ODP 980 d18Ob
record has been replaced by the higher resolution data from cores NA
87-22 and 87-25. In order to ensure the continuity between the V 19-30
and ODP 677 d18Ob records, 0.12% has been subtracted from the
ODP677 d18Ob values. All records have been smoothed (7 points).
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Fig. 4. Left axis: Composite RSL curve (bold gray line) and associated conﬁdence interval (thin gray lines). Crosses: coral reef RSL data as in Fig. 1.
Empty circles: RSL low stands estimated by Rohling et al. (1998). Right axis: variations in mean ocean water d18O derived by Shackleton (2000) from
atmospheric d18O (black line).

Dd18Ob might result from the indeterminate shape of the
N. Atl. and Paciﬁc glaciation regressions in this RSL
range. The diﬀerence between N. Atl. and Paciﬁc
reconstructions provides thus a measure of the uncertainty resulting from the method, given the present RSL
data set. Note that there is likely to be a large error on
the N. Atl. based RSL reconstruction during stage 12
because N. Atl. Dd18Ob increases beyond the calibration
range over that period.
In order to facilitate the analysis of the results, we
built a composite RSL curve over the last 432 kyr out of
the most reliable sections of each reconstruction (Fig. 4).
Because the Paciﬁc Dd18Ob record is more representative
of the mean ocean, we consider that the RSL
reconstruction based on Paciﬁc data is more reliable in
general. The composite RSL curve is thus based on
Paciﬁc data over most of the studied time span (38–
432 kyr BP). We used RSL derived from N. Atl. data
over the last deglaciation to take advantage of the welldated high-resolution record of core NA 87–22. We
assume that the error on the composite reconstructed
RSL is delimited by the N. Atl. and Paciﬁc curves, and
equal or larger than the uncertainty of 713 m due to the
deﬁnition of the regressions.

4. Deep water temperature changes
In order to be able to compute local deep water
temperature and d18O changes, meters of RSL change
have to be translated into % of mean ocean d18Ow

change, Ddice vol (Eq. (1)). Numerous uncertainties remain regarding the relationship linking RSL changes to
Ddice vol :
First, as noted brieﬂy above, RSL measured at any
one locality does not relate directly to ice volume
because of glacio-hydro-isostatic eﬀects. However, for
locations far from the former ice sheets these eﬀects are
relatively small and can be corrected for with adequate
precision. Accounting for these corrections, sea-level
data from Huon Peninsula (New Guinea) and Bonaparte Gulf (North Australia) and other localities have
been recently converted into estimates of ice volume, or
the ice-volume ESL, over the last climatic cycle
(Yokoyama, 2000; Lambeck and Chappell, 2001;
Lambeck et al., this volume). This results in many
more data points being available for calculating the
correlation, particularly for the periods when sea levels
were in between their extreme values in the pre-LGM
period. We attempted to apply the above approach to
this new data set but obtained a much larger dispersion
about the glaciation regressions than before (root mean
square error of prediction of 15–18 m instead of 7–
10 m). This suggests that the correlation between sea
level and d18Ob may be more complex than assumed in
the initial analysis and that this complexity is emphasized by the sampling characteristics of the sea-level
estimates. For example, the sea-level estimates derived
from the Huon coral data, because of the rapid tectonic
uplift, are associated with times of relatively fast sealevel rise. The data correspond therefore, to nonrepresentative sampling of the sea-level variations,
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compared to the d18Ob records used which are of lower
time resolution and which have been subjected to a
greater degree of smoothing. Moreover, the dating of
the marine series is largely uncertain prior to 40 kyr BP
and it is necessary to bring the time scales of the two
data sets into concordance. For a very high-resolution
very well-dated d18Ob record, we would anticipate an
improved match with the light d18Ob peaks but for the
present we have to content ourselves with the available
d18Ob records.
Second, the LGM Ddice vol value is not ﬁrmly known.
Measurements of sediment pore water d18O indicate that
the global mean d18Ow enrichment during the LGM was
170.1% (Schrag et al., 1996), whereas other studies,
based on indirect evidence suggest a value between 0.87
and 1.3% (Labeyrie et al., 1987; Fairbanks, 1989;
Duplessy et al., this volume). We start by assuming
that an RSL drop of 130 m (Yokoyama et al., 2000)
corresponds to a global mean d18Ow enrichment of 1.1%
and then discuss the implications of this assumption in
the light of our results.
Third, the exact shape of the relationship between
RSL changes and variations in Ddice vol is not known. It
is usually assumed that RSL can be linearly linked to
Ddice vol by multiplication by a constant factor. However, this coeﬃcient should vary in time, due to temporal
variations in the isotopic composition of the stored ice
(Mix and Ruddiman, 1984). The ice isotopic composition mainly depends on the temperature of precipitation
formation above the ice sheet and on the water vapor
trajectory (Lorius and Merlivat, 1977; Delaygue et al.,
2000). Therefore, the ice that ﬁrst accumulated in highlatitude polar ice sheets may have been isotopically
lighter than the ice that accumulated at the end of the
glaciation, when the northern ice sheets were reaching
much further south. If this was the case, then this eﬀect
would induce quadratic regressions between d18Ob and
RSL data during glaciation and deglaciation. Nevertheless, this eﬀect is very small and does not explain the
observed non-linearity (Chappell and Shackleton, 1986).

We thus adopt here the simple hypothesis of a constant
coeﬃcient of 1.1%/130 m.
Knowing Ddice vol ; Eq. (1) yields the foraminifera
isotopic change corresponding to local deep water
temperature and d18O change, Ddtemp þDdlocal : Ddtemp ;
the oxygen fractionation between foraminifera calcite
and water, can be related to the water temperature
through paleotemperature equations (Table 2). Several
recent studies have proposed new equations for
temperatures above 51C (Bemis and Spero, 1998;
Lynch-Stieglitz et al., 1999). However, using core-top
Cibicides wuellerstorﬁ d18O data from sites that have
current bottom temperatures o51C, we veriﬁed that
the commonly used paleotemperature equation of
Shackleton (1974) provides the best ﬁt with our data
at low-temperatures (see Fig. 2 of Duplessy et al., this
volume).
As the Paciﬁc Ocean represents the largest ocean
basin on the globe, we may assume that its d18Ow has
always been close to the global mean d18Ow, that is,
Paciﬁc Ocean deep water Ddlocal remained equal to
zero. Therefore, the change in d18Ob due to temperature variations, Ddtemp ; is simply given by the diﬀerence
between Dd18Ob and Ddice vol (Eq. (1)). With
this assumption, the computed bottom water temperature at the Paciﬁc site reaches a minimum value of
about 01C during glacials (Fig. 5A). Our Paciﬁc
deep water temperature reconstruction supports previous studies in which it was assumed that deep water
cooling occurred entirely during the transition between
stage 5.5 and 5.4 at the V19-30 site (Chappell and
Shackleton, 1986; Labeyrie et al., 1987; Sowers
et al., 1993).
We have no information on how Ddlocal evolved at the
S. Indian site. However, the estimated modern local
deep water d18O is extremely close to that of the global
mean ocean (Table 2). Assuming S. Indian Ddlocal ¼ 0 as
a ﬁrst guess, the reconstructed bottom temperature
during the LGM is 11C. The bottom temperature at
this site reaches a minimum of B1.3 to 1.51C during

Table 2
Holocene deep water hydrological conditions and isotopic data at the three long records sites
Ocean

North Atlantic
Southern Ocean
Paciﬁc Ocean
a

Core

NA 97-22
MD 94-101
V19-30

WOA 94
Temperature (1C)

Salinity (p.s.u.)

Eastimated
modern d18Ow
(% SMOW)a

3.50
1.67
1.80

34.95
34.73
34.68

0.246b
0.005c
0.002d

Holocene d18Ob
(% PDB)

Computed
temperaturee (1C)

3.32
3.40
3.45

3.37
2.19
1.98

SMOW is the Standard Mean Ocean Water: % SMOW=% PDB+0.27%.
Regression on North Atlantic GEOSECS data (Ostlund et al., 1987) at all depths.
c
Regression on Southern Indian Ocean GEOSECS data below 2500 m.
d
Mean of Paciﬁc GEOSECS data below 2000 m, the regression coeﬃcient being too weak (0.005).
e
Computed according to the paleotemperature equation of Shackleton (1974): T ¼ 16:9  4:38  ðd18 Ob  d18 Ow þ 0:27Þ þ 0:1  ðd18 Ob  d18 Ow þ
0:27Þ2 :
b
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Fig. 5. (A) Computed bottom water temperature derived at the N. Atl., S. Indian and Paciﬁc sites. (B) Modeled variations in N. Atl. local bottom
water d18O with respect to present N. Atl. bottom water d18O, Ddlocal : (C) Reconstructed mean ocean water d18O, Ddicevol : (D) Smoothed long Dd18Ob
records (same legend as in A).

stage 3. Nevertheless, this very low reconstructed
temperature might be an artifact resulting from an
erroneous temporary increase in RSL (i.e., lowerings in
Ddice vol ).
The situation in the N. Atl. is much more complex
since N. Atl. Ddlocal likely varied between glacials and
interglacials. The present-day deep water d18O at ODP
site 980 is 0.25% higher than the deep water d18O at the
Paciﬁc and S. Indian sites (Table 2). In the following, we
assume that N. Atl. Ddlocal decreases during glacials, as a
result of the reduced input of warm and salty well
ventilated NADW and enhanced northward penetration
of colder, less saline and less ventilated deep waters of
southern origin into the Atlantic Ocean basin. As
NADW mixes with cold Antarctic bottom waters while
ﬂowing out of the Atlantic basin, warmer bottom
temperatures at the S. Indian site indicate a larger
NADW ﬂow. We can thus use the reconstructed bottom
water temperature at the S. Indian site as an index of the
magnitude of the NADW ﬂow. We propose a simple
model, assuming that N. Atl. Ddlocal varies linearly from

0 to a lower limit, X; when the S. Indian deep water
temperature varies from temperatures warmer or equal
to today (Ddtemp p0) to glacial values (Ddtemp X0:65)
(Fig. 5B):
N: Atl: Ddlocal ¼ 0
N: Atl: Ddlocal ¼ X=0:65  S:I: Ddtemp
N: Atl: Ddlocal ¼ X

if S:I: Ddtemp p0
if 0oS:I: Ddtemp p0:65
if 0:65oS:I: Ddtemp :
ð2Þ

We take X ¼ 0:25% as a ﬁrst guess. This corresponds to the hypothetical situation of full glacials
characterized by no d18O gradient between the N. Atl.
Ocean and the other ocean basins. The change in N.
Atl. Dd18Ob due to deep water temperature variations,
Ddtemp ; can then be easily computed (Eq. (1)), yielding a
minimum temperature at the N. Atl. site of 0.81C
during stage 2 (Fig. 5A).
In the following section we focus our discussion on
the LGM for which the reconstructed RSL is well
constrained (within 713 m E0.12%) and hence the
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uncertainty on the bottom water reconstruction is
minimal (i.e., about 70.51C, as for the Levitus (1994)
temperature data).

5. Discussion
5.1. Constraints on the LGM mean ocean isotopic
enrichment and N. Atl. local deep water d18O change
A lower limit for bottom water temperature is
constrained by the freezing point of sea water (1.91C
at the sea surface). The in situ deep water minimum
temperature is higher than at sea surface, due to the
adiabatic warming that surface waters experience during
sinking, leading to a lower limit of about 1.81C at the
N. Atl. site and of about 1.751C at the S. Indian and
Paciﬁc sites. However, additional warming of descending water occurs during deep circulation, by mixing with
warmer waters. Therefore, we consider that the extreme
lower limit for bottom water temperature at our sites is
1.51C.
The bottom temperature reconstructed during the
LGM is lowest at the S. Indian site (Fig. 5A). Assuming
a Ddice vol enrichment of 1.1% during the LGM and no
change in S. Indian local deep water d18O, the
reconstructed bottom water temperature during stage 2
at the S. Indian site is B0.91C. A lowering of the
LGM Ddice vol to 0.95% would yield LGM bottom water
temperatures equal to the extreme lower limit of 1.51C
(Fig. 6). On the other hand, local deep water d18O could

diﬀer from the modern value if the amount of deep
water formed around Antarctica changed. Present-day
deep waters formed in the Weddell Sea have very lowtemperature (o01C) and d18O (about 0.2% lower than
the global mean). Therefore, a change in the quantity of
deep water formed around Antarctica could lead to
small variations in local deep water d18O at the S. Indian
site. For instance, for an LGM Ddice vol of 1.1%, the
extreme lower limit for bottom water temperature
imposes a maximum decrease in local bottom water
d18O at a S. Indian site of 0.15% (Fig. 6). Note that the
LGM Ddice vol could decrease below 0.95% if Ddlocal
increased during glacials.
At the Equatorial Paciﬁc site, the bottom temperature
during stage 2 is B01C assuming no change in Paciﬁc
deep water d18O. Lowering the LGM to 0.95% would
yield bottom temperatures of 0.51C. We see that the
temperature reconstruction at this site does not bring
any further constraint on the minimum mean ocean
isotopic enrichment compatible with an unfrozen ocean
during the LGM.
At the N. Atl. site, the bottom water temperature
during stage 2 is 0.81C assuming Ddice vol ¼ 1:1% and
Ddlocal ¼ 0:25%: Lowering the LGM Ddice vol to 0.95%
would bring bottom water temperature to 1.31C.
Because the amplitude of the decrease in N. Atl. deep
water d18O is not known, no further constraint on the
minimum LGM Ddice vol can be inferred from the N. Atl.
temperature reconstruction. However, the maximum
decrease in local deep water d18O compatible with
unfrozen deep waters can be evaluated: taking an LGM
Ddice vol of 0.95%, bottom water temperature reaches
1.51C for a 0.3% decrease in local deep water d18O.
5.2. Comparison of the reconstructed RSL with
other data

Fig. 6. Sketch of the Holocene-LGM shift in MD 94-101 Dd18Ob
record (S. Indian site) indicating the partition between Ddice vol ; Ddlocal
and Ddtemp and how changes in Ddice vol or Ddlocal aﬀect Ddtemp :

Our composite RSL curve is, by construction, in
excellent agreement with RSL data based on corals and
other evidences over the last climatic cycle. Our results
are in good agreement with the Rohling et al. (1998)
estimates of sea-level lowstands over the last 400 kyr
(Fig. 4), and with the few data on high sea-level stands
derived from corals (Gallup et al., 1994; Bard et al.,
1996). On the contrary, our reconstruction is signiﬁcantly diﬀerent from the RSL curve recently derived by
Shackleton (2000) from the atmospheric d18O (d18Oatm)
recorded in the Vostok ice core. The discrepancy is
especially large during stages 5.4, 6.5, 7.3, 7.5, 9.2 and 11
(Fig. 4). Data from coral reef terraces indicate that sea
level was as high, or higher than today during stages 7.3,
7.5, 9.1 and 9.3 (Gallup et al., 1994; Bard et al., 1996).
These data thus indicate that the RSL derived from
d18Oatm (Shackleton, 2000) is at least 20 m too low
during stages 7.3 and 7.5. Moreover, new geochemical
data measured on a speleothem collected in Argentarola
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cave at 19 m below present sea level show that whereas
the sea level during stage 7.1 was between 19 and 12 m
below present sea level, it was o19 m during stage 6.5
(Bard et al., 2000). This ﬁnding is in agreement with our
proposed RSL reconstruction, but is in clear disagreement with the RSL derived by Shackleton (2000).
Therefore, the present study appears to provide a
reliable reconstruction of RSL over the last four climatic
cycles, together with an estimate of the associated
conﬁdence interval. Note that our Ddice vol curve is in
good agreement with the mean ocean d18O curves
proposed by Labeyrie et al. (1987) and Sowers et al.
(1993).

6. Conclusion
We propose a continuous reconstruction of RSL that
is compatible with available RSL data over the last four
climatic cycles. This RSL reconstruction will have to be
further validated with new RSL data derived from coral
reef terraces or from other archives that are independent
from benthic foraminifera isotopic ratios. Local deep
water temperature and d18O estimates could also be
validated if direct measurements of these quantities
become available. Measurements of sediment pore water
d18O indicate that the change in N. Atl. deep water d18O
associated with the last deglaciation is about 0.870.1%,
whereas the change in global mean ocean d18O is
170.1% (Schrag et al., 1996). Accordingly, N. Atl. local
deep water d18O decreased by 0.270.1% during the
LGM. These numbers are compatible with our results.
Our estimate of the minimum possible change in global
mean ocean d18O is 0.95% for no change in S. Indian
local deep water d18O. Such a value of the global mean
ocean enrichment leads to a maximum decrease in the
N. Atl. site local deep water d18O of 0.3% during the
LGM. Concerning the validation of the deep water
temperature reconstruction itself, Mg/Ca ratios in
benthic foraminifera shells oﬀer the potential to become
an index of deep water temperature. Finally, another
approach that should shed light on the validity of the
hypotheses used in the present study is the modeling of
ice sheet isotopic composition (Clarke et al., this
volume). Potentially, if ice sheet growth, decay and
isotopic composition can be correctly simulated, the
change in mean ocean isotopic composition could be
computed and directly compared with our global mean
ocean d18O curve (Fig. 5C).
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