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Abstract
Nitrogen and argon isotopes in air trapped in a Greenland ice core (GISP2) show two prominent peaks in the interval 11,800–10,800 B.P.,
which indicate two large abrupt warming events. The first abrupt warming (10 ± 4 °C) is the widely documented event at the end of the Younger
Dryas. Here, we report on the second abrupt warming (4 ± 1.5 °C), which occurred at the end of a short lived cooler interval known as the
Preboreal Oscillation (11,270 ± 30 B.P.). A rapid snow accumulation increase suggests that the climatic transition may have occurred within a few
years. The character of the Preboreal Oscillation and the subsequent abrupt warming is similar to the Dansgaard–Oeschger (D/O) events in the last
glacial period, suggestive of a common mechanism, but different from another large climate change at 8,200 B.P., in which cooling was abrupt but
subsequent warming was gradual. The large abrupt warming at 11,270 B.P. may be considered to be the final D/O event prior to the arrival of the
present stable and warm epoch.
© 2008 Elsevier B.V. All rights reserved.
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1. Introduction
1.1. The Early Holocene and Preboreal Oscillation
After an abrupt warming at the end of the Younger Dryas
interval (Severinghaus et al., 1998), Greenland temperature
gradually rose by ~ 5 °C for ~ 2000 yr and accumulation rate
increased by N 40% (Cuffey and Clow, 1997). This temperature
increase was interrupted by a brief cold event (the Preboreal
Oscillation) at 11,400–11,270 B.P. (yr Before Present, where
present means C.E. 1950; Fig. 1) (Bjorck et al., 1996, 1997).
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Abundant evidence of the Preboreal Oscillation has been found
in the North Atlantic region from both low and high latitudes,
and more evidence is now being found beyond the North
Atlantic (Yu and Eicher, 1998; Hu et al., 2006). Bond et al.
(1997) found that sea ice was advected toward the south in
the North Atlantic during the Preboreal Oscillation (named as
Event 8). Atmospheric methane concentration decreased during
the Preboreal Oscillation by 8% or 60 ppb (Brook et al., 2000)
and the tropical Atlantic had stronger trade winds and lower
precipitation (Hughen et al., 1996), suggesting that a broad
geographic area experienced this cooling (Brook et al., 2000).
Many European pollen studies show that vegetation responded
to this cool event (Bjorck et al., 1997). At the time of the
Preboreal Oscillation, sea level was still about 50 m lower than
present (Bard et al., 1996). A large meltwater pulse (MWP-1B)
is inferred to have occurred around this time from an observed
rapid sea level rise, potentially causing this brief cool event
(Fairbanks, 1989; Bard et al., 1996).
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Fig. 1. Measured δ15N and δ40Ar in air trapped in ice (GISP2), accumulation
rate (Alley et al., 1997b; Cuffey and Clow, 1997), δ18Oice (Stuiver et al., 1995),
and residual Δ14C from tree rings (Reimer et al., 2004) over the interval 11,800–
10,700 B.P. The δ18Oice and accumulation data were smoothed with a 5-year
running mean after a 1-year resolution time series was generated by linear
interpolation. δ15N and δ40Ar for the period 11,800–11,447 B.P are from
Severinghaus et al. (Severinghaus et al., 1998) and for the later part are from
Kobashi (2007). The shaded areas numbered as 1 to 4 are cooler periods
characterized by δ15N, as follows: (1) the Younger Dryas, (2) the Preboreal
Oscillation, (3) the 11.0 ka event, (4) the 10.8 ka event. Note that the resolution
of the δ18Oice record changes after ~11,300 B.P. in the original data (Stuiver
et al., 1995).

1.2. Nitrogen and argon isotopes and temperature reconstruction
Over the last decade, isotopic compositions of inert gases in
ice cores such as nitrogen and argon have been extensively used
to reconstruct past abrupt temperature changes (Severinghaus
et al., 1998; Lang et al., 1999; Leuenberger et al., 1999;
Severinghaus and Brook, 1999; Landais et al., 2004a,b;
Grachev and Severinghaus, 2005; Huber et al., 2006b; Kobashi
et al., 2007). Recent advances in measurement techniques have
further sharpened the precision of estimates of temperature
change (Kobashi, 2007), and a recently completed high
resolution Holocene record (10–20 year interval) from GISP2
provides opportunities to understand past climate change during
the period when human society went through major changes
(Kobashi, 2007; Kobashi et al., 2007).

The basic principles of the method rest on the fact that the
isotopic ratios of these gases in the atmosphere are constant for
N105 yr (Mariotti, 1983; Allegre et al., 1987). Therefore, any
deviations of isotopic composition in ice cores from atmospheric values are the result of isotopic fractionation in the firn
layer (unconsolidated snow on top of glacial ice). The firn layer
can be subdivided into three sections in terms of isotopic
fractionation (Sowers et al., 1992). The upper few meters of firn
is called the “convective zone”, in which air freely exchanges
with the atmosphere by wind pumping (Colbeck, 1989;
Kawamura et al., 2006). Therefore, air in this zone has the
same gas composition as the atmosphere (Colbeck, 1989).
Below this layer, there is a stagnant layer called the “diffusive
air column”, where gas is nearly in diffusive equilibrium and
transport is dominantly by molecular diffusion (Sowers et al.,
1992). Isotopic fractionation occurs in this layer by gravitational
settling and thermal diffusion (Severinghaus et al., 1998;
Severinghaus and Brook, 1999; Severinghaus et al., 2001). The
last layer is called the “non-diffusive zone” or “lock-in-zone”,
where vertical air movement ceases owing to the existence of
impermeable layers of higher-density firn (Sowers et al., 1992).
The thickness of the convective zone and non-diffusive zone are
likely constant during the Holocene in Greenland, as a model
study reproduces gas isotope signals well with an assumption of
constant thickness of these two layers (Goujon et al., 2003).
Therefore, henceforth we call the thickness of the diffusive air
column the “firn thickness”.
Gases in the diffusive air column fractionate by at least two
mechanisms. First, a change in firn thickness induces a change
in gravitational fractionation (Craig et al., 1988; Sowers et al.,
1992). Second, a temperature gradient (ΔT) between the top and
bottom of the firn induces thermal fractionation (Severinghaus
et al., 1998). Measurements of both nitrogen and argon isotopes
allow a deconvolution of these two effects, and can be used to
infer past firn thickness and ΔT (Severinghaus and Brook,
1999; Landais et al., 2004a,b). The method is most effective for
investigating decade-scale abrupt climate changes, which create
a large ΔT and thus large isotopic signals (Severinghaus and
Brook, 1999; Landais et al., 2004a,b). The method is not very
effective on multi-centennial scales, because the firn thermally
equilibrates on these timescales (Allegre et al., 1987).
The surface temperature reconstruction from ΔT is not
straightforward for higher (N0.05 yr− 1) or lower (b 0.005 yr− 1)
frequencies because there is no single unique solution, due to
smoothing of the record by gas diffusion and bubble close-off,
and due to thermal equilibration. As various surface temperature
histories can satisfy the observed gas-isotopic signals, oxygen
isotope records of ice (δ18Oice) have been used by some studies
to provide constraints on the “shape” and rate of surface
temperature change, thus reducing the dimensionality of the
problem (Landais et al., 2004a; Huber et al., 2006b; Kobashi
et al., 2007). However, δ18Oice is not only a proxy of temperature. It may vary without temperature change, or it may
be biased by other climatic variables such as the evaporative
origins of the moisture, or changes in the seasonality of precipitation (Charles et al., 1994; Jouzel et al., 1997; White et al.,
1997). For these reasons, direct methods of temperature
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reconstruction without δ18Oice have been explored (Landais
et al., 2004b). In this study, we developed a new method to
reconstruct a surface temperature history without using δ18Oice,
based on simultaneous measurements of nitrogen and argon
isotopes.
2. Methodology
2.1. Chronology
A precise chronology is critical to compare climate
information in ice cores with other paleoclimatic archives, for
example those dated by 14C. Recent advances in the tree-ring
chronology provide an absolutely dated tree-ring chronology
back to 12,410 B.P. (Friedrich et al., 2004). Therefore, it is now
possible to correlate regional climate changes with unprecedented accuracy for the early Holocene (Friedrich et al., 2004;
Reimer et al., 2004).
We used an ice core (GISP2) from central Greenland (72° 36′N
38° 30′W; 3203 m asl), with a layer-counted time scale from
visual stratigraphy (Alley et al., 1997b; Cuffey and Clow,
1997). This chronology may be too old in the early to middle
Holocene by ~ 100 yr, as inferred from a correlation between
10
Be in the ice cores and 14 C from tree-rings (Finkel and
Nishiizumi, 1997; Kobashi et al., 2007). Therefore, it requires
some adjustment. A recent Greenland ice core chronology
(GICC05) for GRIP, NGRIP, and DYE-3 places the termination
of the Younger Dryas at 11,653 B.P. (Vinther et al., 2006).
However, the correlation of 10 Be from the ice core and 14 C
from tree-rings shows that this chronology is ~ 80 yr too old in
the early Holocene (R. Muscheler, personal communication),
which suggests that the age of the Younger Dryas termination
should be ~ 11,573 B.P. As another piece of evidence for
the age of the Younger Dryas termination, the German tree
ring chronology exhibits a rapid increase in tree ring width at
11,590 B.P (Friedrich et al., 1999, 2004). As the uncertainty
of dendrochronology is estimated to be less than 1 yr for
this interval (M. Friedrich, personal communication), the year
11,590 B.P. should be the best estimate for the age of the Younger
Dryas termination. The GISP2 visual stratigraphy timescale has
the age of the Younger Dryas termination at 11,705 B.P inferred
from the rapid increase of accumulation rate (Alley et al., 1997b;
Cuffey and Clow, 1997). Therefore, we subtracted 115 yr from the
GISP2 chronology to align it with the tree-ring age of the Younger
Dryas termination. See the electronic Appendix A for the data of
this chronology.
We used a firn densification-heat transfer model (Goujon
et al., 2003) to estimate a preliminary gas age from input
temperature and accumulation rate. These inputs were obtained
from the borehole-calibrated δ18Oice and ice-flow corrected
layer thickness records of Cuffey and Clow (1997) (Cuffey and
Clow, 1997). The calculated gas-ice age difference (~ 450 yr
around 12,270 B.P.) is estimated to have an uncertainty of 10%
or ± 45 yr (Goujon et al., 2003). We find a rapid increase
in accumulation rate, and oxygen isotope ratio of ice, at
11,270 B.P. (Fig. 1), which should correspond to the rapid
increase observed in ΔT at 11,245 B.P. in the preliminary gas
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age. Therefore, we added 25 yr to the calculated gas age to align
the gas signal with the ice signal of the warming (Fig. 1).
Relative ice-age uncertainty at century scales in the early
Holocene is estimated to be ~ 1% (Alley et al., 1997b).
Therefore, the age difference of 320 yr between the termination
of the Younger Dryas and the abrupt warming at 11,270 B.P.
yields ~4 yr relative uncertainty. Although it is difficult to
identify all the uncertainties, we estimate the absolute uncertainty
of reported calendar ages herein to be ±30 yr from the above
information.
2.2. Inert gas isotopes and isotopic fractionation in the firn
layer
We analyzed argon (mass 40 and 36) and nitrogen (mass
15 and 14) isotope ratios (δ15N and δ40Ar) in air trapped in
the GISP2 ice core (Fig. 1) (Kobashi, 2007). Data before
11,446 B.P. are from Severinghaus et al. (1998), and data in the
later part is from Kobashi (2007) and presented in the electronic
Appendix A. The two datasets for δ15N show good agreement
for the overlapping four points (Fig. 2). From 11,466 B.P. to
10,000 B.P. the data resolution is about 20 yr, and each data
point is from a single sample (Kobashi, 2007). We only use data
from Kobashi (2007) for surface temperature calculation
because of its continuity and precision. The isotopic ratios are
presented as a deviation from the present atmospheric composition (which is the standard) by conventional notation as
follows.
d40 Ar ¼ ðð40 Ar=36 Arsample Þ=ð40 Ar=36 Arstandard Þ  1Þ⁎103 x
d15 N ¼

15

N=14 Nsample Þ=

15

N=14 Nstandard Þ  1Þ⁎103 x

ð1Þ
ð2Þ

Significant analytical improvements have been made since the
first publication of this kind of data for the Younger Dryas
(Severinghaus et al., 1998). Improved precisions of δ15N and
δ40Ar for this study are estimated to be 0.004‰ and 0.016‰,
respectively. The analytical method is described elsewhere
(Kobashi, 2007). Each observed δ15N and δ40Ar value can
be decomposed into two components as discussed previously.

Fig. 2. δ15N records in the depth interval 1720 m to 1640 m. The triangles are
means of replicate data from Severinghaus et al. (1998) (Severinghaus et al.,
1998), and the diamonds are from Kobashi (2007).
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Therefore, the observed δ15N (δ15Nobs) and δ40Ar (δ40Arobs)
may be written as
ð3Þ

d15 Nobs ¼ d15 Ngrav þ d15 Ntherm 15 g
¼ d15 Ngrav þ DT 15 V15 g
d40 Arobs ¼ d40 Argrav þ d40 Artherm 40 g

ð4Þ

¼ d40 Argrav þ DT 40 V40 g
15

gi40 g

ð5Þ

where the subscripts ‘therm’ and ‘grav’ represent thermal and
gravitational components, respectively, 15γ is a disequilibrium
term, and 15Ω is the thermal diffusion sensitivity of δ15N
(Grachev and Severinghaus, 2003b). The disequilibrium terms
are negligible for timescales longer than the firn diffusion time
of ~ 10 yr (Schwander et al., 1993), and are ignored in this study
(15γ = 1). The gravitational component depends on the absolute
mass difference, which is 4.007 times larger for δ40Ar than
for δ15N (Craig et al., 1988). Therefore, we can express it as
δ15Ngrav ≅ δ40Argrav / 4.
d40 Arobs ¼ d15 Ngrav  4 þ DT 40 V15 g

ð6Þ

For simplicity, we use δ40Ar / 4 rather than δ40Ar in the
following discussion so that the gravitational signals for
nitrogen and argon isotopes are on the same scale. The past
firn temperature gradient ΔT can be calculated from the
difference (δ15Nexcess = δ15Nobs − δ40Arobs / 4), which is sensitive
to the differing thermal responses of δ15N and δ40Ar / 4. It is
noted that the precision of δ15Nexcess is significantly improved
from the previous studies as argon and nitrogen isotopes were
measured simultaneously for this period (Kobashi, 2007).
Grachev and Severinghaus (2003a,b) conducted laboratory
experiments to obtain the thermal coefficients of δ15N and
δ40Ar in air, which are a prerequisite for precise estimates of
temperature changes. With these numbers, ΔT (°C) can be
calculated simply as ΔT (°C) = δ15Nexcess(‰) / 0.0047 ± 0.0005
(‰/°C) (Severinghaus and Brook, 1999; Grachev and Severinghaus, 2003a,b).
d15 Nobs  d40 Ar=4obs Þ ¼ DT 15 g

15

V  40 V=4Þud15 Nexcess
ð7Þ

15

V  40 V=4 ¼ 0:0047F0:0005x-C1

ð8Þ

The gravitational component can be calculated as a residual of
observed δ15N corrected for the thermal component (Severinghaus et al., 2003). So, δ15Ngrav = δ15N − 15Ω ⁎ ΔT where
15
Ω = 0.0145 ± 0.0004‰/°C at 240 K, the thermal diffusion
sensitivity of δ15N (Grachev and Severinghaus, 2003b). Note
that the thermal coefficients are temperature dependent, but in
the temperature range of − 34 °C to − 42 °C their difference is
nearly constant within analytical uncertainty (Grachev and
Severinghaus, 2003a,b). Diffusive column height (DCH) or firn

thickness can be calculated from δ15Ngrav (Schwander et al.,
1997; Severinghaus et al., 2003).
DCHðmÞ ¼ RT =ð gDmÞ ln d15 Ngrav =1000 þ 1ÞÞ

ð9Þ

where R is the ideal gas constant (8.314 J mol− 1 K− 1), T
is temperature (K), g is the acceleration due to gravity (9.82 m
s− 2), and Δm is the mass difference between 15N and 14N
(0.001 kg mol− 1).
2.3. Gas loss and normalization problems
Recent studies show that gas composition in ice cores may
change during/after the coring process (Bender et al., 1995;
Severinghaus et al., 2003; Kobashi, 2007). At least two
mechanisms may affect gas composition (Kobashi, 2007).
First, smaller molecules with less than a certain threshold size
(~ 3.6 ) leak out of the ice lattice with little isotopic fractionation, as observed in firn air and ice core studies (Bender et
al., 1995; Huber et al., 2006a; Severinghaus and Battle, 2006;
Kobashi, 2007). This mechanism appears nearly independent of
mass. Second, gases in ice leak through microcracks causing
mass-dependent fractionation, which is often observed in poor
quality ice and the gas–clathrate transition zone where ice
samples are typically fractured (Bender et al., 1995; Kobashi,
2007). The mixture of these two processes complicates
interpretation. As the GISP2 ice core at the depth of our study
is of good quality and is out of the gas–clathrate transition
(Kobashi, 2007), gas loss impacts on isotopes can be considered
to be relatively small.
A recent study (Kobashi, 2007) applied the same method
(isotopic measurements and ΔT calculation) to the last 1000 yr,
and found that argon isotopes in this depth range in the core are
likely affected by gas-loss. The study also found that δAr/N2 is
a good proxy indicator for the amount of argon isotopic fractionation by gas loss, as previously reported by (Severinghaus
et al., 2003). The magnitude of argon isotopic fractionation
was found to be − 0.0075‰ per ‰ in δAr/N2-corrected (Kobashi,
2007).
Prior work has found that both δ15N and δ40Ar/4 may shift
slightly and systematically on the order of 0.005–0.010‰
owing to analytical problems during the normalization of data to
present atmosphere, the standard used (Severinghaus and
Brook, 1999; Grachev, 2004; Kobashi, 2007). This slight shift
creates a constant offset in the ΔT estimates, and significantly
affects the surface temperature calculation as described below.
Without any further information, the normalization problems
are difficult to constrain. As we discuss later, we attempt to
calibrate for the normalization problem by matching model
results with observed isotope records.
2.4. Surface temperature calculation — a new method
Since the original study of Severinghaus et al. (1998),
there have been many attempts to quantify surface temperature
changes with gas isotope records (Lang et al., 1999; Leuenberger
et al., 1999; Severinghaus and Brook, 1999; Landais et al.,
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densification is calculated. In the next model year, a new surface
temperature (Ts) is obtained by adding the calculated temperature (Tb) at the bottom of firn in the previous model-year to ΔT
obtained from observed δ15N and δ40Ar.
Ts ¼ Tb ðmodel output from the previous model yearÞ
þ DT ðobservationÞ

Fig. 3. Firn temperature gradient (ΔT) records from 11,800 B.P. to 10,000 B.P.
The observed ΔT records after 11,417 B.P. are used as inputs for four
experiments. The blue line is ΔT shifted by 0.0 °C, the green line is ΔT shifted
by 1.0 °C, the red line is ΔT shifted by 2.0 °C, and the dotted line is ΔT with
δ40Ar corrected. (For interpretation of the references to colour in this figure
legend, the reader is referred to the web version of this article.)

2004a,b; Grachev and Severinghaus, 2005; Huber et al., 2006b).
To reconstruct surface temperature changes, it is necessary to
understand changes in the firn condition due to heat diffusion
and advection, densification, and the bubble close-off process.
The firn condition and associated change can be explicitly
calculated from empirical glaciological models if surface temperature and accumulation rate histories are known (Schwander
et al., 1997; Goujon et al., 2003). By combining gas-isotope data
with firn-densification models, various methods have been
developed to reconstruct surface temperature changes. A few
studies used prescribed shapes of temperature histories, such as a
step function, to estimate magnitudes of temperature changes
(Severinghaus et al., 1998; Severinghaus and Brook, 1999)
Others reconstructed the surface temperature change by
calibrating δ18Oice (Lang et al., 1999; Leuenberger et al.,
1999; Landais et al., 2004a; Huber et al., 2006b; Kobashi et al.,
2007). Landais et al. (2004b) explored a full range of the
potential magnitude of temperature change from isotope records.
A rapid surface temperature change, if it is instantaneous or
much faster than heat diffusion in firn, equals the temperature
gradient (ΔT) in the firn layer (assuming an isothermal initial
state). If it happens gradually (over a few decades or longer), the
temperature gradient (ΔT) in firn progressively becomes
smaller than the surface temperature change owing to heat
transfer in the firn. To calculate surface temperature the heat
transfer in firn needs to be considered, which is also a function
of ΔT. In light of these circumstances, we modified the firn
densification-heat transfer model (Goujon et al., 2003) to
calculate surface temperature from the ΔT history and accumulation rate. We used an accumulation rate history obtained from
visual layer counting (Alley et al., 1997b) coupled with ice-flow
correction from a glaciological model (Cuffey and Clow, 1997).
After the modification, the model calculation proceeds as
follows. In a model year, a new firn state is forced by a new
surface temperature and accumulation rate. With the new
forcing from the surface, heat diffusion/advection and firn

By repeating this process, the surface temperature history can be
calculated recursively. To initialize, the model uses calibrated
δ18Oice as surface temperature (Cuffey and Clow, 1997) until
11,417 B.P., and from that point on it switches to the method
described above. Annual-resolution ΔT data are obtained by
linearly interpolating the original data (~ 20-year resolution).
One modification from the original Goujon model (Goujon
et al., 2003) is made to the calculation of isotopic fractionation.
The firn condition is calculated with two different coordinate
systems in the model (Goujon et al., 2003). A Lagrangian
coordinate system is used to calculate the temperature field in
the firn, and an Eulerian coordinate system is used for the
calculation of the age of the gas. We found that the results from
the two coordinate systems disagree slightly, with the changes
in firn thickness in the Eulerian coordinate system showing a
slight lag to those in the Lagrangian coordinate system. To be
consistent between the temperature field and firn thickness, we
modified the original code to use the Eulerian coordinate for the
calculation of gravitational fractionation, which is a function of
firn thickness.
One drawback of this new method is that small errors in ΔT
are cumulative, as in a random walk, such that surface temperature error grows with time. For this reason, calibration
against independent data sets is necessary, such as borehole
temperatures or gas-based firn thickness data (see below).
3. Results
3.1. Isotope Data
The isotope records show two prominent peaks in the
interval 11,800 B.P. to 10,700 B.P. (Fig. 1). The combined
analysis of nitrogen and argon isotopes suggests that two large
abrupt warming events occurred during this period. The first
warming occurred at 11,590 B.P., marking the end of the
Younger Dryas (Alley et al., 1993; Severinghaus et al., 1998).
The second one occurred at 11,270 B.P. at the end of the
Preboreal Oscillation. Rather abrupt changes are also evident in
the δ 18 Oice and snow accumulation rate (Fig. 1). The
magnitudes of the two peaks in δ15N and δ40Ar/4 are 0.14‰
and 0.11‰ for the Younger Dryas termination, and 0.06‰ and
0.04‰ for the termination of the Preboreal Oscillation,
respectively. The ratios (Δδ40Ar/4)/Δδ15N of these changes
are 0.78 for the Younger Dryas and 0.67 for the Preboreal
Oscillation. As the ratio (Δδ 40 Ar/4)/Δδ 15 N of thermal
responses of δ15N and δ40Ar to a temperature change is 0.68
(Grachev and Severinghaus, 2003a,b), it can be inferred that
the peak at the terminal Younger Dryas event consists of ~85%
thermal and ~15% gravitational signals. The peak at the
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3.2. Surface temperature reconstruction

starting point for our method (Goujon et al., 2003; Kobashi,
2007).
The model experiments are conducted with three ΔT time
series corrected by + 0.0 °C, +1.0 °C, and + 2.0 °C for the
possible standardization problems, and a ΔT time series from
corrected argon isotopes using δAr/N2 to address potential gasloss problems (Fig. 3). The shifts are accommodated into the
isotopic values by subtracting a constant value of 0.0047 (‰/°C)
×0.0 °C, ×1.0 °C, and × 2.0 °C from δ40Ar/4, respectively [the
value of 0.0047 (‰/°C) is the sensitivity of δ15Nexcess to a 1 °C
temperature gradient (Grachev and Severinghaus, 2003a,b)].
The argon isotope correction is made following the method of
(Severinghaus et al., 2003) with a coefficient of − 0.0075‰ per
1‰ change in gravitationally and thermally corrected δAr/N2
(Kobashi, 2007).
Model results of the four ΔT-based surface temperature
reconstructions, along with the δ18Oice-based temperature reconstruction, provide a means to assess the possible artifacts (Fig. 4).
The reconstruction with no ΔT shift (blue) shows a gradual cooling
after the Preboreal Oscillation, whereas the scenario with +1 °C
shift (green) shows a modest temperature increase after the
Preboreal Oscillation. The reconstruction with +2 °C shift (red)
shows a large temperature increase after the Preboreal Oscillation,
reaching almost −25 °C at 10,000 B.P. The reconstruction with
δ40Arcorrected shows a gradual warming until 10,600 B.P. The
δ18Oice-based reconstruction (brown) shows a temperature history
similar to the 0 °C-shift until 10,800 B.P., when it starts to fit better
with the ΔT +1 °C scenario (Fig. 4).
An additional constraint is available from the fit of the model
to observed δ15N (Fig. 5). The overall gradual decrease of δ15N
after ~11,500 B.P. reflects decreasing firn thickness and firn
temperature gradient as the firn adjusts to Holocene warmth.
The ΔT + 1 °C scenario (green) shows the closest agreement
with the observed δ15N. Somewhat surprisingly, the reconstruction with δ40Arcorrected shows less agreement with observation,
in contrast to the result for the last 1000 yr (Kobashi, 2007).

3.2.1. 11,417 B.P. to 10,000 B.P.
As mentioned in the data description, our approach to surface
temperature reconstruction using ΔT requires an adequate
calibration, due to possible artifacts. Therefore, we conducted
four model experiments to find the best fit between model
and observed data (δ15N and firn thickness) by adjusting a
correction to ΔT. The temperature calculation depends on an
initial temperature profile of the firn and ice sheet, especially for
the first few hundred years of the integration. We assume that a
temperature history before 11,417 B.P. can be reconstructed
from the calibrated δ18Oice with the borehole temperature
(Cuffey and Clow, 1997), and we force the model with this
temperature until 11,417 B.P. Although a δ18Oice-based surface
temperature with a single calibration equation is clearly
problematic (Landais et al., 2004a; Huber et al., 2006b)
owing to the variable oxygen-temperature coefficient with
time (Cuffey et al., 1997), a model driven with the δ18O-based
surface temperature reproduces δ15N and δ40Ar sufficiently
well (Goujon et al., 2003; Kobashi, 2007). Therefore, the use of
the calibrated δ18Oice should be valid in the first order and as a

Fig. 5. Modeled and observed δ15N. The blue, green, and red lines are the
modeled δ15N with ΔT shifted by + 0.0 °C, + 1.0 °C, + 2.0 °C, and corrected
δ40Ar, respectively. The circles are the observed δ15N. The black line before
11,417 B.P. is the model result with the δ18Oice-based surface temperature. The
shaded area is as in Fig. 4. (For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of this article.)

Fig. 4. Surface temperature reconstructions with the ΔT-based and δ18Oice-based
methods. The blue, green, red, and dotted lines are the surface temperature
reconstructions with ΔT shifted by + 0.0 °C, + 1.0 °C, + 2.0 °C, and corrected
δ40Ar, respectively. The black and brown lines are the δ18Oice-based surface
temperature reconstruction (Cuffey and Clow, 1997). The shaded area shows the
two centuries (11,400–11,200 B.P.) spanning the Preboreal Oscillation and the
subsequent abrupt warming. (For interpretation of the references to colour in this
figure legend, the reader is referred to this article.)

end of the Preboreal Oscillation nearly all comes from a
thermal signal. The ΔT shows an abrupt increase of 4.1 °C at
11,271 B.P. (Fig. 3), which is about half of the observed ΔT
(8 °C) at the Younger Dryas termination (Grachev and
Severinghaus, 2005). δ15N shows two other smaller oscillations
around 10,940 B.P. and 10,800 B.P. with amplitudes of
~0.02‰ and 0.015‰, respectively (numbered as 3 and 4 in
Fig. 1), which are also interpreted here as small abrupt warming
events. The durations of one cycle decrease progressively from
~320, to ~290, to ~150, and to ~50 yr, an interesting fact that
will be discussed below.
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Fig. 6. Observed and modeled diffusive column height (DCH or firn thickness)
from 11,800 B.P. to 10,000 B.P. The lines before 11,417 B.P. are model results
with the δ18Oice-based surface temperature. The blue, green, red, and dotted
lines are the modeled DCH with ΔT shifted by + 0.0 °C, + 1.0 °C, + 2.0 °C, and
corrected δ40Ar, respectively. The diamonds are the DCHs computed from the
observed δ15Ngrav computed from ΔT (+1.0 °C correction). Note that the data
are smoothed by a 5-point running mean (covering about 100 yr for each point).
The grey line is the model result with the δ18Oice-based surface temperature. The
shaded area is as in Fig. 4. (For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of this article.)

This may suggest that argon isotopic fractionation associated
with gas loss in the clathrate zone may have a different
fractionation coefficient than in the shallow bubbly ice zone.
The variation of δAr/N2 is larger in this zone than in shallower
depths (0–1000 m) (Kobashi, 2007), suggesting that gas and
clathrate may be coexisting in this depth interval making the
δ40Ar gas-loss correction difficult. The modeled δ15N in general
shows more fluctuation than the measurements, partly owing to
the poorer relative precision of ΔT.
A further constraint is provided by the fit of DCH (or firn
thickness) to the observed DCH, which is calculated from
δ15 Ngrav (smoothed with a 5-point running mean). At 11,600–
11,400 B.P., the modeled DCH shows the highest value of
~90 m in this interval. Then, it rapidly decreases in response to
the enhanced densification caused by the abrupt warming at
the Younger Dryas termination. The DCH turns upwards
around 11,250 B.P. in response to the cooling during the
Preboreal Oscillation, and then the DCH starts decreasing
around 11,210 B.P owing to the surface warming at 11,270–
11,250 B.P. The time lag is found to be ~100 yr between the
changes in surface temperature and DCH, owing to the slow
heat transfer in the firn. The model results seem to correctly
reconstruct the time lag for the Preboreal Oscillation, although
later fluctuations in the observed DCH are not reproduced well
by the model results. The DCH reconstruction with ΔT shifted
by + 1 °C (green) again shows the closest agreement with
observation (Fig. 6).
Recent studies (Zwally and Jun, 2002; Li et al., 2003) found
that interannual variation of firn thickness was 40–80 cm during
the period of 1992–1999 with seasonal variation of nearly 1 m
in central Greenland, due to changes in temperature and
accumulation. These magnitudes are much larger than expected
from conventional firn densification models (Zwally and Jun,
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2002). This discrepancy is likely due to a higher dependence of
the firnification process on temperature than accounted for by
conventional models (Zwally and Jun, 2002). The low
centennial fluctuations in our model DCH may suggest that
the shallow firn densification parameterization in the Goujon
model (Goujon et al., 2003) may need to be revised.
Temperature signals in gas isotope data are opposite in
δ 15 Ngrav and δ 15 Ntherm, because a surface warming creates a
positive δ15 Nthern signal, and a negative δ 15 Ngrav signal due to
thinning firn. Therefore, small surface temperature fluctuations, generating near-simultaneous changes in the shallow firn
thickness and temperature gradient, can be canceled in the
observed δ 15 N. To reconstruct observed isotope signals, it is
important to have a realistic model representation of shallow firn
densification processes, which are currently poorly understood.

Fig. 7. Reconstructed surface temperature records (this study), accumulation
rate (Alley et al., 1997b; Cuffey and Clow, 1997), and atmospheric CH4
concentration (Brook et al., 2000) from GISP2 ice. (Top) The thick blue line is
the ΔT-based surface temperature reconstruction with the +1 °C shift, and
the dashed blue lines are 1σ errors. The red line is the δ18Oice-based surface
temperature reconstruction (Cuffey and Clow, 1997). The accumulation rate and
the δ18Oice-based temperature are smoothed with a 5-year running mean as for
Fig. 1. The shaded area includes the Preboreal Oscillation and subsequent abrupt
warming at 11,270 B.P. To estimate 1σ error, 100 realizations of synthetic
ΔT records were generated by Monte Carlo simulation by adding white noise to
the ΔT data with a standard deviation of 1 °C, which was obtained from the error
estimate (0.8 °C) for the last millennium dataset plus 20% (Kobashi, 2007).
Then, the 100 realizations of surface temperatures were used to calculate mean
surface temperature and the error (1σ).
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3.3. Preboreal Oscillation and abrupt warming at 11,270B.P.
The reconstructed surface temperature with the ΔT-based
method shows a gradual cooling after the abrupt warming at the
Younger Dryas termination, and then abruptly warms by 4 ±
1.5 °C (decadal average) at the end of the Preboreal Oscillation
(11,271 ± 30 yr B.P.; Figs. 1 and 7). We found that chronological
uncertainty (mainly from the gas-ice age difference) has little
effect on this estimate (b0.1 °C). The ΔT time series shows that
the temperatures increased by 4.1 °C for all three scenarios
of constant ΔT shift, and 3.3 °C for δ40Arcorrected. The change
occurs in only one sample interval between 11,271 B.P.
(1681.21 m) and 11,257 B.P. (1680.32 m). Considering that
gas diffusion and bubble close-off processes smooth isotopic
signals, this warming very likely occurred in less time than the
sample interval of 14 yr. The fact that accumulation rate
increased by 30% in a few years (Fig. 7) suggests the climate
reorganization was very rapid, similar to the Younger Dryas
termination (Alley et al., 1993). The results of the three model
experiments produce nearly the same temperature change of
4 °C because of its rapidity, which confirms the robustness of
the temperature estimate.
In the case of abrupt warming after stable climate, the change
in ΔT is typically smaller than the surface temperature change
owing to temperature diffusion. In this study, however, the
model produces a slightly smaller surface temperature change
(b0.1 °C) than the observed ΔT change. The most pronounced
contrast was found in the scenario with a zero ΔT-shift, but a 1 °C
ΔT-shift also showed this effect. This can be explained by the fact
that the cold wave from the cooling during the Preboreal
Oscillation continued to diffuse deeper during the surface
warming (temperature inversion in Fig. 8). This points to the
fact that an estimation of abrupt temperature changes from a ΔT
record requires understanding of the preceding temperature trend.
Cuffey et al. (Cuffey et al., 1995; Cuffey and Clow, 1997)
reconstructed past temperature by calibrating δ18Oice with
borehole temperature. They found a calibration of T (°C) =
[δ18Oice (‰) + 24.72] / 0.328 for times older than 8,000B.P.

The δ18Oice-based surface temperature (Cuffey and Clow, 1997)
shows a rapid temperature decrease at 11,350 B.P, with sustained
cold for ~80 yr (Fig. 7). This trend creates a symmetrical shape
(rapid cooling and warming) in the decadal climate change,
which is different from our ΔT-based surface temperature history. The ΔT-based temperature record shows that the temperature after the Preboreal Oscillation was warmer than prior to
the event (Figs. 4 and 7). This may be consistent with observations of a two step warming from the Younger Dryas to the
Preboreal, as some European paleoclimate evidence suggests
(Seppa et al., 2002).
4. Discussion
4.1. Atmospheric methane concentration
Atmospheric methane concentration can be considered as a
crude hemispheric climate integrator because of its relatively
long lifetime of 8 yr (compared to the atmospheric mixing time
of ~1 yr) (Brook et al., 2000; Kobashi et al., 2007). Methane
concentration reached 769 ppb at 11,479 B.P. (Brook et al.,
2000). Then, it gradually decreased toward a minimum at
11,253 B.P. owing to cooler and/or drier climate, and rose by
58 ppb in one data interval at the end of the Preboreal Oscillation
(Fig. 7). The character of methane change during the Preboreal
Oscillation is more similar to the ΔT-based surface temperature
than the δ18Oice-based temperature (Fig. 7). The lowest methane
concentration of 680 ppb during the Preboreal Oscillation occurs
at 11,253 B.P or 1680.12 m in the depth scale, which is later than
the end of the abrupt warming at 11,257 B.P. (1680.32 m)
(Fig. 7). This observation suggests that the Greenland
temperature rise preceded the atmospheric methane rise by at
least 4 yr (0.20 m). However, atmospheric methane change is
expected to lag climate change (methane emission change) by
5–10 yr owing to the atmospheric reservoir effect (Kobashi et
al., 2007). Therefore, the climate change or methane emission
change over a broad area could have been synchronous, as
observed during the abrupt climate change at 8,200 year B.P.
(Kobashi et al., 2007). We cannot exclude the possibility that the
methane emission change actually lagged the Greenland
temperature change by several decades. A higher resolution
methane record will shed light on this issue.
4.2. Causes of abrupt climate changes

Fig. 8. Model outputs of the temperature profile of the firn and ice sheet before
and after the abrupt warming at 11,270 B.P in the ΔT-based surface temperature
reconstruction (0.0 °C -shift). Firn depth is estimated to be ~82 m from the
model.

4.2.1. Ocean circulation modes
The cause of the Preboreal Oscillation cooling has been
hypothesized to be melt water input (maximum 21,000 km3
for 1.5–3 year) to the Arctic Ocean caused by a flood at
~11,335 B.P. from Lake Agassiz (Fisher et al., 2002). The
fresher surface seawater might have enabled expanded winter
sea ice cover, and the low salinity water may have impeded
deepwater formation in the North Atlantic (Hald and Hagen,
1998; Meissner and Clark, 2006). The large fresh-water input
into the North Atlantic may have driven the location of ocean
ventilation toward the south, and may have reduced the strength
of the meridional overturning circulation, leading to a reduced
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heat and salt transport, thus enabling winter sea ice cover and
cooling of Greenland mean-annual temperature (Ganopolski
and Rahmstorf, 2001).
As no external forcing can explain the large abrupt warming
events, which are often observed in the last glacial period, the
cause has to lie in the internal dynamics of the ocean itself. It has
been suggested that the ocean circulation in the Atlantic has two
stable modes (Ganopolski and Rahmstorf, 2001; Rahmstorf,
2002). During the glacial period, the ocean is stable in the colder
circulation mode, and only marginally stable in the warmer
circulation mode. It has been shown that a switch from the
colder to warmer mode can be easily triggered by a small
forcing (Ganopolski and Rahmstorf, 2001), and the warming is
greatly enhanced by a positive feedback in which low-latitude
salty water is drawn into the sinking regions by the rejuvenated
circulation, further enhancing the sinking (the so-called
“advective feedback”) (Ganopolski and Rahmstorf, 2001).
This mechanism represents the leading hypothesis to explain
the abrupt warmings (Ganopolski and Rahmstorf, 2001). We
speculate that the oceanic condition after the termination of the
Younger Dryas was still favorable to the colder circulation
mode so that the ocean circulation gradually returned to the
colder mode, possibly aided by fresh-water input. Then, a
large abrupt warming was triggered by a small forcing such
as changes in precipitation at 11,270 B.P. After the abrupt
warming, the overall oceanic condition may have passed a
threshold, and locked into the warm stable Holocene mode. The
14
C from tree-ring records have been used to link the climate
change with the ocean overturning circulation or changes in
solar activity (Fig. 1) (Bjorck et al., 1996; Bjorck et al., 1997;
Bond et al., 2001; van Geel et al., 2003; Van der Plicht et al.,
2004). However, our precise chronology does not show these
previously claimed relationships (Fig. 1).
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(the 8.2 ka event) (Alley et al., 1997a; Kobashi et al., 2007). The
8.2 ka event had a similar magnitude of cooling and geographical
extent as the Preboreal Oscillation (Kobashi et al., 2007). The
8.2 ka event is thought to have been caused by the largest outburst
of a proglacial lake in the last 100,000 yr (Barber et al., 1999;
Clarke et al., 2003). Temperature dropped by 3.3 ± 1.1 °C
abruptly, and then temperature gradually rose to the condition
prior to the event (Kobashi et al., 2007). The difference in
temperature evolution between the Preboreal Oscillation and the
8.2 ka event suggests that two events are likely caused by different
mechanisms. As discussed previously, the character of the
Preboreal Oscillation is more similar to the Dansgaard–Oeschger
events in the last glacial. On the other hand, at the time of the
8.2 ka event the ocean circulation may have already established a
much more stable and warmer mode, which was only capable of
being perturbed by a huge proglacial-lake outburst. Then, the
ocean circulation gradually returned to the original state, without
Dansgaard-Oeschger-like behavior.
5. Conclusion
We have shown that the hemispheric-scale climatic event,
“the Preboreal Oscillation”, was terminated with a rather abrupt
warming of 4 ± 1.5 °C. Snow accumulation rate rose by 30%
within a few years, suggesting a rapid reorganization of climate.
The δ15N record shows two large peaks over the interval
11,800 B.P. to 10,700 B.P. with two smaller subsequent peaks.
We speculate that these “ringing” oscillations may be a smaller
manifestation of the Dansgaard–Oeschger events, which characterized the cold unstable glacial ocean. The last large abrupt
warming at 11,270 B.P. likely marks the onset of a warm and
stable oceanic condition in the Holocene.
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